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RÉSUMÉ 

Le méthane est un puissant gaz à effet de serre dont la concentration atmosphérique et 

l’émission ont augmenté depuis le début de l’ère industrielle. Parmi les différents 

environnement aquatiques, l’océan, particulièrement ses zones côtières, est la source 

d’émission de méthane la plus mal résolue. Le système marin du Saint-Laurent (SMSL), 

composé du Fjord du Saguenay et de l’Estuaire et Golfe du Saint-Laurent (EGSL), est le plus 

grand système estuarien semi-fermé du monde. Ironiquement, le SMSL a été exclu des 

compilations de données mondiales sur le méthane océanique en raison du manque de 

données. Cette étude a recueilli le premier ensemble de données sur le méthane dissous dans 

le SLMS et a caractérisé les processus contrôlant les distributions et les flux air-mer de 

méthane dans ce système.  

Dans le Fjord du Saguenay, l’eau de surface est fortement sursaturée en méthane, avec 

un taux d’émission de méthane par unité de surface estimé à un ordre de magnitude supérieur 

à l’estimation du flux moyenne pour les océans côtiers mondiaux. La décharge fluviale est la 

source principale de méthane dans le Fjord du Saguenay, suivi par les apports de l’estuaire 

inférieur du Saint-Laurent et les sédiments du tronçon supérieur du Fjord. Les émissions 

atmosphériques et l’oxydation microbienne contribuent de façon comparable à la perte de 

méthane dans le Fjord. La dynamique de la concentration de méthane ([CH4]) dans l’eau de 

surface du Fjord est principalement contrôlée par la décharge d’eau douce, tandis que dans 

l’eau profonde, elle est contrôlée par les événements de renouvellement de l’eau. La 

composition isotopique du carbone du méthane (δ13CCH4) indique que le méthane provenant 

des sédiments est biogénique et que la majorité du méthane dans la colonne d’eau est le résidu 

du méthane oxydé par les microbes.  

L’eau de surface de l’EGSL est sursaturée en méthane à l’exception de quelques 

occasions de quasi-saturation dans le golfe. La [CH4] et le taux d’émission par unité de 
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surface diminuent rapidement vers la mer de l’Estuaire Supérieur au Golfe en passant par 

l’Estuaire Inférieur. La turbidité élevée près de la tête de l’Estuaire Supérieur module la 

dynamique du méthane dans l’eau de surface, dominée sinon par le mélange physique. La 

colonne d’eau du chenal Laurentien dans l’estuaire maritime et le golfe est caractérisée par 

l’ubiquité d’un maximum de [CH4] en sous-surface et d’un minimum de [CH4] en 

profondeur, attribuable à la production et à la consommation biologiques de méthane 

couplées à la stratification de la colonne d’eau ainsi qu’à la composition et à la circulation de 

la masse d’eau profonde. Les [CH4]s élevés mais très variables sont présentes autour des 

pockmarks sur le fond marin du chenal Laurentien dans l’estuaire maritime. Le méthane émis 

par les pockmarks subit une dilution rapide et une consommation microbienne avant 

d’atteindre la surface et de s’échapper dans l’atmosphère. Les conditions hypoxiques dans 

l’eau de fond de l’estuaire maritime ne semblent pas favoriser de façon significative la 

production de méthane. Les données de δ13CCH4 impliquent la présence de méthane de 

multiples sources, fortement oxydé par les microbes dans toute la colonne d’eau de l’EGSL. 

Cette étude a également quantifié la photoproduction de méthane à partir de la matière 

organique dissoute chromophore (MODC) dans les eaux de surface de l’EGSL ainsi que 

d’autres zones océaniques et a évalué les contributions potentielles de cette voie aux budgets 

de méthane des eaux de surface dans l’EGSL et dans l’océan mondial. Les résultats révèlent 

que l’efficacité de la MODC pour la photoproduction de méthane augmente vers la mer à 

travers les zones de transition terre-océan et qu’elle peut jouer un rôle important dans le 

maintien de la sursaturation et de l’émission de méthane dans les hautes mers, bien que la 

photoproduction soit un terme mineur dans le cycle biogéochimique du méthane dans les 

eaux côtières, y compris l’EGSL. 

En conclusion, le SMSL, qui occupe ~0,3 % de la superficie mondiale des océans côtiers 

(0-200 m), fournit ~0,1 % de l’émission de méthane totale à partir des océans côtiers dans le 

monde entier. Ce taux d’émission bas disproportionné pour l’SMSL est principalement dû 

aux grandes dimensions de l’estuaire maritime et du golfe dans l’EGSL, qui ressemblent 

respectivement aux mers de plateau externe et aux mers sur les talus continentaux, en termes 



   

 

de [CH4] d’eau de surface et de flux d’émission. Les multiples sources de méthane 

entrelacées avec l’hydrodynamique complexe mènent à des distributions de [CH4] et de 

δ13CCH4 beaucoup plus dynamiques et hétérogènes dans l’estuaire maritime et le golfe dans 

l’EGSL que dans l’estuaire supérieur dans l’EGSL et le Fjord du Saguenay. La contribution 

de la photoproduction de méthane aux budgets de méthane d’eaux de surface est marginale 

dans l’EGSL et les autres zones côtières mais importante dans les hautes mers. 

Mots clés : Estuaire et golfe du Saint-Laurent; Fjord du Saguenay; méthane dissous; 

répartition; flux air-mer; oxydation microbienne; photoproduction du méthane; composition 

isotopique; paradoxe du méthane océanique; matière organique dissoute chromophorique 
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ABSTRACT 

Methane is a potent greenhouse gas and its atmospheric concentration and emission 

have been increasing since the start of the industrial era. Among the various aquatic 

environments, the ocean, particularly its coastal areas, is the most poorly resolved methane 

emission source. The St. Lawrence marine system (SLMS), composed of the Saguenay Fjord 

and the estuary and Gulf of St. Lawrence (EGSL), is the world’s largest semi-enclosed 

estuarine system. Ironically, the SLMS has been excluded from global ocean methane data 

compilations due to lack of data. This study collected the first dataset of dissolved methane 

in the SLMS and characterized the processes controlling the distributions and air-sea fluxes 

of methane in this system.  

In the Saguenay Fjord, surface water is highly supersaturated with methane, with an areal 

methane emission rate estimated to be one order of magnitude higher than the mean flux 

estimate for the global coastal oceans. River discharge is the dominant source of methane to 

the Saguenay Fjord followed by inputs from the lower St. Lawrence estuary and sediments 

in the upper reach of the Fjord. Atmospheric emission and microbial oxidation contribute 

comparably to the loss of methane in the Fjord. The dynamics of methane concentration 

([CH4]) in the surface water of the Fjord is primarily controlled by freshwater discharge while 

in the deep water by water renewal events. Stable carbon isotopic composition of methane 

(δ13CCH4) points to the sediments-sourced methane being biogenic and the bulk methane in 

the water column being the remnant of microbially oxidized methane.  

The surface water of the EGSL is supersaturated with methane excepting near-saturation 

occasions in the Gulf. Both the [CH4] and the areal emission rate decrease rapidly seaward 

from the Upper Estuary to the Lower Estuary to the Gulf. High turbidity near the head of the 

Upper Estuary modulates the otherwise physical mixing-dominated methane dynamics in the 

surface water. The water column of the Laurentian Channel in the Lower Estuary and the 
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Gulf is featured with the ubiquity of a subsurface [CH4] maximum and a deep [CH4] 

minimum attributable to biological methane production and consumption coupled with water 

column stratification and deep water mass composition and circulation. Elevated but highly 

variable [CH4]s are present around pockmarks on  the seabed of the Laurentian Channel in 

the Lower Estuary. The pockmark-vented methane undergoes rapid dilution and microbial 

consumption before reaching the sea surface and escaping to the atmosphere. The hypoxic 

conditions in the bottom water of the Lower Estuary of do not seem to significantly promote 

methane production. The δ13CCH4 data implies the presence of multi-sourced, highly 

microbially oxidized methane throughout the water column of the EGSL.  

This study also quantified methane photoproduction from chromophoric dissolved 

organic matter (CDOM) in the surface waters of the EGSL and other ocean areas and 

evaluated the potential contributions of this pathway to the surface water methane budgets of 

the EGSL and the global ocean. The results reveal that the efficiency of CDOM for methane 

photoproduction increases seaward through land-ocean transitional zones and that while 

photoproduction is a minor term in the methane biogeochemical cycle in coastal waters, 

including the EGSL, it may play an important role in maintaining methane supersaturation 

and emission in open oceans.  

In conclusion, the SLMS, which occupies ~0.3% of the global coastal ocean area (0-200 

m), provides ~0.1% of the total methane emission from the coastal oceans worldwide. This 

disproportionally lower emission rate for the SLMS is mainly due to the large dimensions of 

the Lower Estuary and the Gulf of the EGSL which resemble outer shelf seas and continental 

slopes, respectively, in terms of surface-water [CH4] and emission flux. The multiple 

methane sources intertwined with the complex hydrodynamics lead to far more dynamic and 

heterogeneous [CH4] and δ13CCH4 distributions in the Lower Estuary and the Gulf of the 

EGSL than in the Upper Estuary of the EGSL and the Saguenay Fjord. The contribution of 

methane photoproduction to the surface-water methane budgets is marginal in the EGSL and 

other coastal areas but consequential in open oceans. 



   

 

Keywords: Estuary and Gulf of St. Lawrence; Saguenay Fjord; dissolved methane; 
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CHAPTER 1 

GENERAL INTRODUCTION 

1.1 METHANE IN EARTH’S ATMOSPHERE 

 Methane (CH4), the second most important greenhouse gas, has been postulated to 

have existed in Earth’s atmosphere for billions of years and played a pivotal role in Earth’s 

evolution (Fig. 1-1) (Kasting and Siefert, 2002; Kasting, 2004). Based on this theory, 

methanogens were widespread and generated methane by combining hydrogen (H2) and 

carbon dioxide (CO2) during the Archean era (i.e. 4-2.5 billion years ago) when oxygen was 

absent (Catling and Claire, 2005). This biogenic methane production led to elevated 

atmospheric methane concentrations ([CH4]s) up to 600 times higher than today (Catling and 

Claire, 2005). As methane absorbs Earth’s outgoing radiation and traps heat, known as the 

greenhouse effect, it played a crucial role in keeping the young planet Earth warm, although 

the sun was 25–30% fainter than today during this period (Kasting and Catling, 2003). 

However, the methanogens did not dominate forever. As oxygenic cyanobacteria got their 

start and brought oxygen (O2) to the atmosphere ~2.3 billion years ago, the atmospheric 

methane was oxidized by O2 and its concentration decreased as oxygen concentration 

increased (Fig. 1-1). Such a decrease in the atmospheric [CH4] chilled the planet by a few 

tens of ℃, which could explain the 0.3-billion year Paleoproterozoic global ice ages that 

started ~2.4 billion years ago (Pavlov et al., 2000). As the atmosphere evolved to an oxic 

state, methane would never again exert prominent effect on climate but still has been an 

important influence at later times. Today, methanogens are confined to restricted, oxygen-

free environments, fermenting, for example, formate, acetate or lactate into CH4 (Kasting, 

2001).  

If we move our attention back to modern times, the greenhouse effect has made 

methane a focal topic, scientifically and societally, due to increasing human activities. NOAA 
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global monitoring network indicates that the atmospheric concentrations and emissions of 

methane have continuously increased over decades since 1750 (pre-industrial era), with a 

global anthropogenic emission of ~359 Tg year-1 (~60% of the total emission) (IPCC, 2013; 

Kirschke et al., 2013; Saunois et al., 2020), making methane the second most important 

anthropogenic greenhouse gas after CO2 in terms of climate forcing. The surface dry-air mole 

fraction of methane rose from the pre-industrial level of ~722 ppb to 1650 ppb by the mid-

1980s, nearly stabilized over the period from 1999 to 2006 at the level of ~1774 ppb, and 

thereafter grew rapidly to ~1875 ppb in 2020 (Etheridge et al., 1998; Dlugokencky et al., 

2005; Ed Dlugokencky, NOAA/GML: www.esrl.noaa.gov/gmd/ccgg/trends_ch4/). The 

atmospheric methane growth rate was ~5.7 ppb year-1 over 2007–2013, reached 12.9 ppb 

year-1 in 2014, averaged 8.5 ppb year-1 over 2015–2019, and peaked at 14.8 ppb year-1 in 2020 

(Ed Dlugokencky, NOAA/GML).  

About 90% of the atmospheric methane is destroyed by the hydroxyl radical (·OH) in 

the troposphere (Khalil and Rasmussen, 1985; Cantrell et al., 1990) and the remainder is 

largely removed by excited atomic oxygen and atomic chlorine in the stratosphere and by 

oxidation in aerated soils (Saunois et al., 2016), leading to a methane turnover time of less 

than 10 years in the troposphere (Prather et al., 2012). The global atmospheric [CH4] trend is 

driven by the imbalance between the emissions and sinks of methane, resulting in ~23% 

(~0.62 W m-2) of the global greenhouse gas-induced radiative forcing (Etminan et al., 2016). 

However, quantifying the global methane budget faces an enormous challenge because of 

the various geographically overlapping methane sources and the uncertain chemical loss of 

methane by its reaction with ·OH (Saunois et al., 2020). Thus, to assess the impact of methane 

on climate change, it is imperative to understand its sources and the processes regulating the 

source strengths.  

http://www.esrl.noaa.gov/gmd/ccgg/trends_ch4/
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Figure 1-1. Schematic describing the temporal evolutions of carbon dioxide, methane, and 

oxygen in Earth’s atmosphere and the major events controlling their evolutions. (After 

Kasting, 2004) 

1.2 SOURCES OF METHANE TO EARTH’S ATMOSPHERE 

The increasing atmospheric [CH4] can be classified into three main emission processes, 

biogenic, pyrogenic and thermogenic, depending on the mechanism of its production 

(Bousquet et al., 2006; Neef et al., 2010; Schaefer et al., 2016). Biogenic methane is produced 

by methanogens in anaerobic environments, such as wetlands, rice paddies or inside animal 

intestines (Bauchop and Mountfort, 1981; Whiticar et al., 1986; Whiticar, 2020). As the last 

member of organic decomposition chain, methanogens can use acetic acid or carbon dioxide 

produced by other Archaea (e.g. hydrogen-producing acetogenic bacteria) to generate 

methane (Aitken et al., 2004; Whiticar, 2020). Pyrogenic methane, as an important abiotic 
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source, originates from the incomplete combustion of biomass, like biomass burning and 

biofuel usage (van der Werf et al., 2006; Worden et al., 2017). Thermogenic methane is 

formed due to the breakdown of buried organic matter at elevated temperatures and pressures 

in Earth’s crust. Thermogenic methane can reach the atmosphere through natural gas 

seepages and human activities such as coal mining and oil and gas production (Bernard et 

al., 1976; Etiope et al., 2008; Zavala-Araiza et al., 2021). Some methanogenesis is a mixture 

of biological and thermal processes (e.g. Kvenvolden, 1988; Townsend et al., 2016; Moore 

et al., 2018). For instance, methane hydrates, the ice-like cages of methane, can be formed of 

biogenic or thermogenic methane (section 1.3). According to the magnitude of impact of 

human activities, all these emission sources can be characterized as natural and/or 

anthropogenic. The bottom-up and top-down approaches can be used to analyze the regional 

and global methane budget but with limitations (Kirschke et al., 2013). 

The bottom-up approach is based on estimations for individual processes or on 

inventories representing different source types. Total methane emissions are derived by 

multiplying the average emissions by the number of sources (e.g. He et al., 2020; Lamb et 

al., 2015; Saunois et al., 2020). Top-down global and regional methane emission estimates 

were obtained directly from measurements on tower- or aircraft-based platforms (Karion et 

al., 2015; Saunois et al., 2016, 2020). This method of integrating multiple emissions sources 

makes it difficult to distinguish between the different methane sources (i.e. gridded optimized 

fluxes per source). At the global scale, the total methane emission estimate for the 2008–

2017 decade is 576 (550–594) Tg CH4 year-1 by the top-down approach and 737 (594–880) 

Tg CH4 year-1 by the bottom-up approach (Saunois et al., 2020). In order to better quantify 

the global methane emissions per source category, an ensemble of bottom-up and top-down 

approaches were gathered under the umbrella of Global Carbon Project (GCP) 

(http://www.globalcarbonproject.Org). Five broad categories of anthropogenic and natural 

sources are classified: fossil fuel, agriculture and waste, biomass and biofuel burning, natural 

wetlands and other natural emissions. The source category-based methane emission estimates 

are summarized in Fig. 1-2 (Saunois et al., 2020). 

http://www.globalcarbonproject.org/
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Figure 1-2. Global methane budget for the 2008–2017 decade. (After Saunois et al., 2020).  

1.2.1 Anthropogenic sources 

For the decade of 2008–2017, total anthropogenic methane emission estimate is 366 

(349–393) Tg CH4 year-1 for bottom-up approach and 359 (336–376) Tg CH4 year-1 for top-

down (Kirschke et al., 2013; Saunois et al., 2020). Anthropogenic emissions can be divided 

into three components: fossil fuels, agriculture and waste, and biomass and biofuel burning. 

Fossil fuels mostly come from exploitation, transportation, and use of coal, oil, and natural 

gas. Since natural gas is mainly composed of methane, leakage during extraction and 

transportation and incomplete combustion of gas flares contribute to methane emissions 

(Lamb et al., 2015). The bottom-up approach yields a global emission estimate of 128 (113–

154) Tg CH4 year-1 from fossil fuels and other industries, accounting for 35% (30%–42%) of 

the total global anthropogenic emission (Saunois et al., 2020). Emission from agriculture and 

waste, estimated as 206 (range: 191–223) Tg CH4 year-1, occupies the largest share (56%) of 

the total anthropogenic input (Saunois et al., 2020). This category includes emissions from 
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domestic livestock, mainly ruminants (111 (106–116) Tg CH4 year-1) (Johnson et al., 2002, 

Saunois et al., 2020), rice cultivation (30 Tg (35–38) CH4 year-1) (Zhang et al., 2016; Carlson 

et al., 2017; Saunois et al., 2020), and waste management (65 (60–69) Tg CH4 year-1) 

(Saunois et al., 2020; Thorneloe et al., 2000). Biomass and biofuel burning takes up the rest 

(9%) of the anthropogenic emission, with a value of 30 (26–40) Tg CH4 year-1, of which 

30%–50% is from biofuel burning (Saunois et al., 2020). 

1.2.2 Natural sources 

The bottom-up and top-down estimations of total natural emissions are quite different 

corresponding to values of 371 (245–488) Tg CH4 year-1 and 218 (183–248) Tg CH4 year-1 

over the 2008–2017 decade, respectively (Saunois et al., 2020). This discrepancy probably 

comes from the overestimation in bottom-up approach of some natural sources (e.g. wetlands 

and other inland water systems) due to poorly documented measurements, the risk of “double 

counting” of ecosystem types (Armentano and Menges, 1986), and the challenge of 

partitioning emissions into anthropogenic (e.g. human driven land-use wetlands or 

aquaculture ponds) and natural sources (Woodward et al., 2012). Moreover, some methane 

emissions are not available on regional scales. For example, freshwater, permafrost, and 

marine seepage emission rates are still extensively debated (Thornton et al., 2020). In general, 

natural methane origination can be classified into three parts: aquatic ecosystems (e.g. inland 

waters, coastal and open oceans, and offshore geological sources), onshore geological 

sources, and other natural sources (e.g. termites and wild animals). Remarkably, a recent 

study revealed that almost half (~37%–49%) of the total global methane emission comes 

from natural aquatic sources, to which freshwater wetlands contribute approximately ~37–

63% (Rosentreter et al., 2021). 

1.2.2.1 Aquatic ecosystems 

Inland waters are comprised of two main categories: wetlands and other inland water 

systems (e.g. lakes, reservoir, river, and streams). Wetlands, including peatlands (bogs and 
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fens), mineral wetlands (swamps and marshes), and seasonal or permanent floodplains, are 

deemed to be the major natural source of atmospheric methane (Matthew and Fung, 1987). 

Yet some wetlands that are involved in human-driven land-use purposes, like agriculture and 

housing, could be considered as anthropogenic sources (Bubier and Moore, 1994; Woodward 

et al., 2012). Since methanogens degrade organic matter to produce methane in anoxic 

conditions, wetlands with water-logged soils are the ideal environments for their activities. 

A warmer and more anaerobic environment with soil rich in organic matter allows for more 

efficient methanogenesis (Christensen et al., 2003). The global methane emission from 

wetlands has been estimated to be 148.6 ± 15.2 Tg CH4 year-1 (bottom-up approach), 

accounting for ~41% of the total natural source for the 2008–2017 period (Saunois et al., 

2020). Methane emission from inland water systems other than wetlands (lakes, ponds, 

reservoirs, streams and rivers) is estimated as 159 (117–212) Tg CH4 year-1 by Saunois et al. 

(2020), while Rosentreter et al., (2021) reported a higher value of ~206 Tg CH4 year-1. 

The amount of methane emitted to the atmosphere from coastal and open oceans, 

including estuaries, is considered to be small but not negligible, with a range from 1 to 35 Tg 

CH4 year-1 obtained by earlier studies (Rhee et al., 2009; Etiope 2015) and 9 to 22 (mean: 

~13) Tg CH4 year-1 by more recent studies (Weber et al., 2019; Buitenhuis et al., 2020; 

Saunois et al., 2020), when combining all biogenic, geological, and hydrate sources. The 

wide range and high uncertainty of the oceanic methane flux estimates is related to sparse 

sampling and large spatiotemporal variations driven by tidal pumping and thermohaline 

gradients, especially in coastal areas (Rosentreter et al., 2018). The global surface-water 

[CH4] data compiled by Weber et al., (2019) highlights the poor sampling coverage in certain 

major ocean basins, including both coastal and open-ocean areas (Fig. 1-3). Based on two 

machine-learning models, Weber et al. (2019) arrived at a total oceanic diffusive methane 

emission of 4.1 (2.2–6.3) Tg CH4 year-1, of which the near-shore environment (0–50 m, 

~3.7% of the ocean area) is the largest but most uncertain contributor (2.0 (0.8–3.8) Tg CH4 

year-1), followed sequentially by the open ocean (>2000 m, ~83.9% of the ocean area), the 

outer shelf (50–200 m, ~3.7% of the ocean area), and the continental slope (200–2000 m, 
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~8.7% of the ocean area), with emission fluxes of 1.0 (0.6–1.4), 0.74 (0.3–1.0), and 0.36 

(0.2–0.6) Tg CH4 year-1, respectively. 

 

Figure 1-3. Global annual mean △CH4 climatology. △CH4 is the difference between the 

measured surface-water [CH4] and the corresponding [CH4] at equilibrium with air. The 

upper-right panel is a close-up view of the St. Lawrence marine system showing the absence 

of methane data in this water body. (After Weber et al., 2019) 

1.2.2.2 Onshore and offshore geological sources 

Geologic seepage is the third largest natural source after wetlands and freshwater 

systems (Etiope et al., 2019). Methane can be released from hydrocarbon production in 

sedimentary basins and escape to the atmosphere through tectonic faults and fractured rocks. 

Such degassing process occurs from five onshore sources (i.e. mud volcanoes, gas and oil 

seeps, microseepage, geothermal manifestations, and volcanoes) and one offshore source (i.e. 

submarine seepage). However, technical difficulties, such as their similar isotopic signatures 

with those of fossil fuel production, or co-located sources (Petrenko et al., 2017), lead to 

inconsistent estimates of geological methane emissions. The global geological methane 
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emission has been reported to be ~45 (18–63) Tg CH4 year-1, of which 7 (5–10) Tg CH4 year-

1 are emitted offshore and 38 (13–53) Tg CH4 year-1 are emitted onshore (Etiope and 

Schwietzke, 2019). The largest geological methane emission is deemed to be related to 

exhalation from microseepages on land, which approximately account for 57% of the 

continental petroleum field area (Etiope et al., 2019).       

1.2.2.3 Other natural sources 

Aside from the above sources, termites and wild animals also make contribution to 

methane emissions. Termites are involved in nutrient cycling and can release methane as they 

anaerobically decompose plant biomass in their guts (Sanderson, 1996). The termite source 

has been estimated to release on average 9 (3–15) Tg CH4 year-1 over the decade of 2008–

2017 (Saunois et al., 2017). Similar to domestic livestock, wild animals also emit methane 

from their rumens through microbial fermentation. However, wild animals only contribute 

~2 (1–3) Tg CH4 year-1 (Saunois et al., 2017). 

1.3  OCEANIC SOURCES OF METHANE TO THE ATMOSPHERE 

Although the world ocean is considered to be a methane emitter to the atmosphere, the 

magnitudes and/or mechanisms of the sources and sinks of methane in the marine system are 

still under debate and have received far less attention than those in wetlands and soils. 

Sources of methane in the ocean can be roughly divided into in situ (within the water column) 

and ex situ (outside of the water column) sources. 

1.3.1 Biological production in anoxic waters 

In anoxic systems, remineralization of complex organic matter produces monomers 

which are fermented to H2, low-molecular-weight fatty acids, alcohols and methylated 

compounds (Rogers and Whitman, 1991). Methanogens use simple molecules, primarily H2 

and acetate, as substrates whose supply depends on the activities of other microorganisms 

(Rudd and Taylor, 1980). H2 is preferred in marine environments (reaction 1-1) due to the 
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depletion of acetate by sulfate reducers, while acetate is more favored in freshwater 

environments (reaction 1-2) due to the absence of sulfate reducers (Whiticar, 1999).  

CO2 + 4H2 → CH4 + 2H2O (CO2 reduction)                                                            (1-1) 

CH3COOH → CO2 + CH4 (acetate fermentation)                                            (1-2) 

The open-ocean water column is not expected to have significant methanogenesis 

because of the presence of O2. Even in anoxic basins large-scale methanogenesis in the water 

column has rarely been observed due to the presence of abundant sulfate and the occurrence 

of sulfate reduction (Albert et al., 1995). Studies in anoxic marine sediments indicate that 

methanogenic processes only take place when sulfate is nearly exhausted (Martens and 

Berner, 1977; Crill and Martens, 1983). Generally, the restriction of microbial 

methanogenesis arises from two mechanisms. First, the energy yield of organic matter 

oxidation by various electron acceptors decreases in the order of O2 > NO3
- > Mn(IV) > 

Fe(III) > SO4
2- > CO2 (Thauer et al., 1977). Hence, CO2, which produces methane through 

its reaction with H2, is energetically the least favorable electron acceptor. Second, the 

effective capture of H2 and acetate by sulfate reducers makes the concentrations of H2 and 

acetate too low for methanogens to function. Therefore, significant microbial methane 

production in anoxic environments occurs only when the sulfate concentration decreases to 

a point at which methanogenesis would be possible.  

However, Oremland et al. (1982a) reported that methane production could still occur 

in anoxic saltmarsh sediments involving active sulfate reduction. They revealed that two 

species of methanogens, Methanpsarcina barkeri and Methanococcus mazei, could grow on 

and produce methane from methanol and methylated amines (Weimer and Zeikus, 1978). 

Methanol can be generated by bacterial degradation of lignins (Donnelly and Dagley, 1980) 

or pectin (Schink and Zeikus, 1980), while methylated amines can be generated by 

decomposition of choline, creatine and betaine (Neill et al., 1978; Hippe et al., 1979), or by 

bacterial reduction of trimethylamine oxide (Strøm et al., 1979). Several laboratory 

experiments using lake, estuarine, and marine sediments have also demonstrated that 
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additions of methanol, methionine, methylated amines, dimethyl sulfide (DMS), 

dimethyldisulfide (DMDS) and methane thiol (MSH) are able to stimulate methane 

production (Oremland and Polcin, 1982; Oremland et al., 1982b; King, 1984; Kiene et al., 

1986). DMS is a degradation product of dimethylsulfoniopropionate (DMSP) which is 

produced by certain marine phytoplankton species (Stefels et al., 2007; Yoch, 2002). Zindler 

et al. (2012) concluded that DMSP and its degradation products serve as substrates for 

methanogenic bacteria in the water column of the western Pacific Ocean. The substrates 

mentioned above are termed “noncompetitive substrates” for methanogenesis, because 

sulfate reducers do not use them, thereby obviating the competition between methanogens 

and sulfate reducers (Oremland and Polcin, 1982).  

1.3.2 Methane supersaturation in surface waters: The oceanic methane paradox 

In open oceans, the highest [CH4]s are usually located in the surface layer which 

abounds with oxygen and sulfate. Moreover, [CH4]s in surface open oceans are mostly 

supersaturated relative to the atmosphere (Weber et al., 2019), implying in situ production of 

methane in the upper ocean. As methanogenesis is traditionally considered to occur only 

under strict anoxic conditions, this phenomenon is termed the “oceanic methane paradox” 

(Kiene, 1991; Reeburg, 2007). Methane in surface waters has been shown to be produced 

through 1) methanogenesis taking place in anoxic microenvironments of organic aggregates 

(Karl and Tilbrook, 1994; Grossart et al., 2011; Bogard et al., 2014), the guts of zooplankton 

or fish (de Angelis and Lee, 1994; Oremland, 1979), and inside bacterial cells (Damm et al., 

2015a); 2) bacterial degradation of methylphosphate (Karl et al., 2008; Repeta et al., 2016; 

Ye et al., 2020) and DMSP (Damm et al., 2008; Damm et al., 2010; Damm et al., 2015a) 

under phosphate- and nitrate-stressed environments, respectively; 3) metabolic activity of 

certain phytoplankton species (e.g. Emiliania huxleyi, Phaeocystis sp., and Phaeocystis 

globosa) (Lenhart et al., 2016; Klintzsch et al., 2019) and various cyanobacteria (Bižić et al., 

2020); 4) photodegradation of chromophoric dissolved organic matter (CDOM) (Zhang and 

Xie, 2015). Despite the demonstration, mostly in laboratory experiments, of the capability of 



12 

 

the aforementioned biotic and abiotic processes to produce methane, the mechanisms of these 

processes and their contributions to the oceanic methane paradox remain largely unknown. 

1.3.3 External water-column methane inputs 

1.3.3.1 Particulate organic matter 

Particulate organic matter (POM) is formed by phytoplankton through photosynthetic 

processes in the ocean euphotic zone (Hedges and Keil, 1995; Yamanaka and Tajika, 1996). 

The debris deposits to the sediment with its sinking flux decreasing exponentially with 

increasing depth, leading to less than 1% passing a depth of 4000 m (Hedges and Keil, 1995). 

The POM sinking flux is highly variable and relies on various factors controlling primary 

productivity, such as nutrient supply, water temperature and depth, and the ecosystem 

structure. Acetate and other volatile fatty acids formed as degradation products from the 

buried complex organic matter provide the primary substrates for methanogenesis (Emerson 

and Hedges, 1988), as the burial rate of organic matter is positively correlated with the 

sedimentation rate, methanogenesis prevails mostly in sediments with high particle sinking 

rates (Henrichs and Reeburgh, 1987). It has been estimated that 0.1% of the ocean primary 

productivity is channeled to methanogenesis (Henrichs and Reeburgh, 1987). Methane 

produced in sediments can be transferred into the overlying water column via molecular 

diffusion and sediment resuspension (Henrichs and Reeburgh, 1987). 

1.3.3.2 Hydrothermal vents and cold seeps 

Hydrothermal vents and cold seeps are commonly found at continental margins and 

oceanic spreading centers worldwide (Campbell, 2006). Methane from these scarps or 

fractures disperses into the ambient water column and rises to the surface water as gas 

bubbles or streams (Luther et al., 2001; Campbell, 2006).  

Hydrothermal vents are isolated areas with fissures on the sea floor where geothermally 

heated water discharges (Lonsdale, 1977; Corliss et al., 1979). H2 is produced from seawater-
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induced serpentinization of iron and manganese minerals contained in ultramafic rocks 

(reaction 1-3). The H2 thus produced reacts with CO2 at temperatures >300 °C to abiotically 

produce methane in the presence of an iron or iron oxide catalyst, i.e. the Fischer-Tropsch 

reaction (reaction 1-4) (Charlou et al., 1998; Sleep et al., 2004). The CO2 in reaction 1-4 is 

converted from bicarbonate (HCO3
-) as seawater permeates into the mantle and reacts with 

the molten basalt (Von Damm, 1990). These reactions occur in hydrothermal vents and near 

spreading centers (Massoth et al., 1989). Methane produced in the hydrothermal vents is 

injected into the water column often in the form of methane plumes.  

6[(Mg1.5Fe0.5) SiO4] + 7H2O → 3[Mg3Si2O5(OH)4] + Fe3O4 + H2                    (1-3) 

          olivine                                     serpentine          magnetite 

CO2 + 4H2 → CH4 + 2H2O                (1-4) 

Unlike hydrothermal vents, the temperature of cold seeps is similar to that of the 

surrounding waters. These seeps are places on the seafloor with fissures or cracks where 

hydrogen sulfide, methane and other hydrocarbon-rich fluids seeping out (Campbell, 2006). 

Thus, methane and oil release into the water column and may contribute to the atmospheric 

methane burden (MacDonald et al, 2002; Solomon et al., 2009). However, a large part of the 

methane can be dissolved into seawater and utilized by methane oxidizers before rising to 

the surface (Valentine et al., 2001). Dimitrov (2002) estimated that only 0.03~0.15 Tg CH4 

enters the atmosphere from the Black Sea where seeps are extensive, while the bulk of the 

seep-derived methane is oxidized by microbes before reaching the surface water and escaping 

to the atmosphere. 

1.3.3.3 Methane clathrate hydrates  

Substantial volumes of methane gas are trapped below the seafloor and in permafrost, 

in the form of “methane clathrate hydrates” (Kvenvolden, 1993; Buffett, 2000). These 

hydrates occur along continental margins at depths of 600-3000 m and represent an enormous 

methane reservoir globally (500-2500 Gt C, Milkov, 2004). Methane hydrates form at 
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specific temperatures and pressures. Near the seafloor, active methane oxidation leads to an 

absence of methane hydrates, because it is impossible to maintain the stability of the hydrates 

at low methane concentrations. The methane concentrations needed for keeping the hydrates 

stable are estimated to be 100-200 mmol L-1 (Davie and Buffet, 2003). Decomposition of 

methane hydrates releases methane into the water column, which is then utilized by 

methanotrophs, with the remaining part vented to the atmosphere. Given the vast amount of 

methane stored in the form of clathrate hydrates, destabilization of the hydrates could 

potentially lead to catastrophic impacts on Earth’s climate (Whiteman et al., 2013). On the 

other hand, this enormous reservoir constitutes a huge potential fuel source for human beings 

(Buffet and Archer, 2004). 

1.3.3.4 Terrigenous input 

Terrestrial inputs such as inflow of rivers, often contain high levels of methane 

resulting from both natural (De Angelis and Lilley, 1987) and anthropogenic sources (e.g. 

agricultural, or urban drainages) (Butler et al., 1987). A number of [CH4] measurements in 

rivers have been reported, covering large rivers like the Amazon River (~50 nmol L-1 in the 

main stem; Richey et al., 1988), Mississippi River (~107–366 nmol L-1; Swinnerton and 

Lamontagne, 1974), Orinoco River (~138 nmol L-1 near the river mouth; Jones and Amador, 

1993), and other rivers in the world (e.g. Lamontagne, 1973; Wilkniss et al., 1978; de Angelis 

and Lilley, 1987; Scranton and McShane, 1991). These reports indicate that [CH4]s in rivers 

are typically on the order of 100 nmol L-1 or more. Mixing between high-[CH4] river waters 

and low-[CH4] seawater may play an important role in controlling [CH4]s in estuaries (de 

Angelis and Lilley, 1987). However, riverine methane transport to the ocean remains poorly 

quantified, though they can be significant methane sources to coastal seas. 

1.4 STABLE ISOTOPE AS A TOOL TO DISTINGUISH DIFFERENT SOURCES 

Stable isotope results are usually expressed with the δ-notation: 

δ = {
𝑅sample

𝑅standard
− 1} ×1000 per mille or ‰                                                                 (1-5) 
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Rsample and Rstandard denote the stable isotope ratios of the sample and the reference standard, 

respectively. The commonly used reference standards are the PeeDee belemnite (PDB) for 

13C (Craig, 1957) and the Standard Mean Ocean Water (SMOW) for 2H. 

Combining methane stable carbon (13C/12C) (δ13CCH4) and hydrogen (2H/1H) (δ2HCH4) 

isotope ratios from each major source can help produce a bottom-up budget of atmospheric 

measurements (Whiticar and Schaefer, 2007). A sensitivity analysis of atmospheric [CH4]s 

and δ13CCH4 to persistent changes in sources and sinks suggested that δ13CCH4 is a potentially 

powerful indicator of source and sink changes (Lassey et al., 2000). Moreover, these isotopes 

are widely used to trace methane production, oxidation and transport, particularly in aquatic 

and sediment environments (Alperin et al., 1988; Whitcar, 1999; Chanton, 2005). In general, 

methane derived from biogenic processes reveals a δ13C value range from -40‰ to -80‰, 

while thermogenic and abiotic such as pyrogenic methane is isotopically heavier with δ13C 

values ranging from -30‰ to -50‰ (Tyler, 1991; Levin, 1993; Whiticar, 1999) (Fig. 1-4). 

The differences in C and H isotope ratios of methane are associated with the coexistence of 

H2O and CO2 pairs during bacterial methane formation and consumption (Whiticar, 2020). 

Several processes, such as mixing of different sources, oxidation, outgassing, and migration, 

can shift the δ13C and δ2H signatures of methane in the environment (Whiticar, 2020). 

Microbial methane oxidation usually depletes the lighter isotopologue faster, leading to an 

increasingly 13C- and 2H-enriched residual pool (Stevens and Rust, 1982; Whiticar, 1999; 

Whiticar, 2020). Emission of methane from natural waters to the atmosphere and migration 

of methane through porous media also cause the residual methane to be isotopically heavier 

(Happell et al., 1995; Pernaton et al., 1996; Prinzhofer and Pernaton, 1997). 
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Figure 1-4. Carbon and hydrogen isotope plot to isotopically characterize various sources of 

biotic and abiotic methane.  (After Whiticar, 2020, 1999) 

1.5 BIOGEOCHEMICAL CYCLING OF METHANE IN THE OCEAN 

The amount of methane transferrable from the ocean to the atmosphere depends on the 

combination of production, consumption, and physical transport of methane in the ocean. As 

mentioned earlier, systematic establishment of methane fluxes in the ocean is difficult due to 

the lack of available observations pertaining to spatiotemporal variability, especially in shelf 

areas and estuaries (Fig. 1-3, section 1.2.2.1). Furthermore, slight perturbations in the 

ambient environment can bring potentially large changes in the oceanic methane fluxes, 

highlighting the importance of understanding the pathways of methane cycling in marine 

ecosystems. On its way from sediments to the sea surface, in addition to diffusion in the water 

column regulated by water stratification conditions (Rusanov et al., 2002; Schmale et al., 

2010), methane can be effectively removed by microbial oxidation involving methanotrophic 
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bacteria, which is a very important part of the methane cycle in the ocean (Grant and 

Whiticar, 2002; Reeburg, 2007). In fact, microbial oxidation consumes ~90% of the gross 

methane production in the ocean (~85 Tg CH4 year-1), while egress to the atmosphere takes 

the remaining 10% (Reeburg, 2007).  

Methane oxidation takes place under both oxic and anoxic conditions. Aerobic methane 

oxidation (MOx) occurs in both marine and freshwater systems (Scranton and Brewer 1977; 

Whiticar and Faber 1986; Valentine et al., 2001), with generally slow rates. In oxic open 

oceans, the rate ranges from 0.15 nM year-1 in waters of <10 years old to 10-4 nM year-1 in 

waters having ages of >150 years (Scranton and Brewer, 1977). However, faster oxidation 

with fractional turnover times of days (de Angelis et al., 1993) and months (Valentine et al., 

2001) has been observed in hydrothermal plumes and in waters close to active hydrate 

dissociation.  

Anaerobic oxidation of methane (AOM) is thought to be the major sink for methane in 

anoxic marine sediments, equivalent to the sulfate-methane-transition-zone (SMTZ), and 

thus controls the upward flux of methane within the sediments and into the overlying water 

column (Barnes and Godlberg, 1976; Reeburg, 2007). It is estimated that AOM can consume 

>70 to 300 Tg CH4 year-1 (Reeburgh 1996; Hinrichs and Boetius 2002), with an estimated 

5–25% of methane in sediments entering the water column after consumption (Valentine 

2002). 

1.6 STATUS OF METHANE STUDY IN THE ST. LAWRENCE MARINE SYSTEM 

Here the St. Lawrence marine system (SLMS) refers to the Estuary and Gulf of the St. 

Lawrence (EGSL) plus its largest tributary, the Saguenay Fjord. The St. Lawrence ranks the 

second largest river system (after the Mississippi River) in North America in terms of 

freshwater discharge and the EGSL is the largest semi-enclosed estuarine system in the world 

characterized by complex hydrodynamics, geology, and chemical and biological processes 

(El-Sabh and Silverberg, 1990). The Saguenay Fjord, located on the north shore of the St. 

Lawrence estuary, is a deep, multi-silled, and year-round oxygenated fjord receiving organic-
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rich freshwater from Lac Saint-Jean. A more detailed description of the EGSL and Saguenay 

Fjord is provided in sections 2.4 and 3.4. 

To the best of my knowledge, no direct measurements of [CH4] have been reported to 

date in either the water column or the sediments of the SLMS despite this system being 

among the world’s most intensively studied estuaries (El-Sabh and Silverberg, 1990). 

Previous studies indirectly related to methane cycling in the EGSL include 1) acoustic and 

video observations showing widespread pockmarks on the seafloor of the Lower St. 

Lawrence estuary and the Gulf of St. Lawrence (Syvitski and Praeg, 1989; Josenhans et al., 

1990; Bolduc et al., 2008; Pinet et al., 2008; Lavoie et al., 2010; Sirdeys, 2019); 2) isotopic 

analyses demonstrating the presence of methane-derived authigenic carbonates in sediments 

collected in the vicinity of several pockmark sites in the Lower St. Lawrence Estuary (Lavoie 

et al., 2010; Savard et al., 2021); 3) underground water surveys revealing high [CH4]s of 

predominantly biogenic origin in many shallow aquifers in the St. Lawrence Lowlands 

upstream of the St. Lawrence Estuary (Moritz et al., 2015; Bordeleau et al., 2018; Rivard et 

al., 2018).  

The lack of methane data for the SLMS left it unmentioned in global ocean data 

compilations for methane concentrations and air-sea fluxes (e.g. Borges and Abril, 2011; 

Weber et al., 2019) (Fig. 1-3) in spite of the enormous size of the SLMS relative to other 

estuarine water bodies. It is thus urgent to fill in this data blank on the oceanic methane data 

map. Moreover, the diverse and complex physical, chemical, biological, and geological 

processes present in the SLMS render it to be ideal for exploring the pathways that control 

the distribution of [CH4] in the water column and thus its emission to the atmosphere. 

1.7 OBJECTIVES 

This research aims to provide the first dataset of dissolved methane in the water column 

of the SLMS that allows assessing the contribution of the SLMS to the global estuarine 

methane emission and elucidating the processes responsible for the production, transport and 
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cycling of dissolved methane in this estuarine system. The specific objectives are listed as 

follows: 

Objective 1: To determine the spatial and seasonal variabilities of the methane 

emission flux from the SLMS.  

Objective 2: To quasi-quantitatively assess the sources, transport, and consumption of 

methane in the water column of the SLMS by combining [CH4] profiling, δ13CCH4 analysis, 

and lab incubations. 

Objective 3: To determine the rates of photoproduction of methane from CDOM in 

the surface waters of the SLMS and other marine environments and evaluate the implications 

of this photoprocess for methane cycling at regional and global ocean scales. 

1.8 STRUCTURE OF THE THESIS 

This thesis is structured according to the “paper-style” defined by UQAR’s thesis 

writing regulations. It starts with a General Introduction (Chapter 1) followed sequentially 

by three papers: Dissolved methane in the water column of the Saguenay Fjord (Chapter 2, 

published); dissolved methane in the world’s largest semi-enclosed estuarine system: the 

Estuary and Gulf of St. Lawrence (Canada) (Chapter 3, to be submitted); photoproduction of 

methane in surface waters of the St. Lawrence marine system and other marine environments: 

Implications for the oceanic methane paradox (Chapter 4, published). The thesis ends with a 

General Conclusion (Chapter 5). 
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2.1 RÉSUMÉ 

Les environnements proches de la côte sont une source importante de méthane 

atmosphérique mais l’étendue de cette source est mal comprise, surtout pour les fjords et les 

fjards. Cette étude a examiné les taux d’émission de méthane et les facteurs contrôlant la 

dynamique du méthane dissous dans le Fjord du Saguenay, un système de fjord subarctique 

profond, stratifié et bien oxygéné dans l’Est du Canada. Les concentrations de méthane 

dissous ([CH4]) dans la colonne d’eau ont été mesurées en octobre 2016 et en juin, octobre 

et novembre 2017, avec une composition d’isotope stable de carbone du méthane (δ13CCH4) 

analysée lors de la mission en novembre 2017. La [CH4] de l’eau de surface variait de 16 à 

184 nmol L-1 et diminuait avec l’augmentation de la salinité d’une manière linéaire bi-

segmentaire, ce qui infère qu’il est une composante marine temporellement constante mais 

une composante fluviale dépendante de la décharge d’eau douce. L’ensemble de données de 

multi-missions donne un taux de saturation moyen du [CH4] de 12,7 (gamme : 4,5-48,7) et 

un taux d’émission moyen de 53.4 μmol m-2 d-1 (gamme : 16.4-256.9 μmol m-2 d-1). La [CH4] 

était généralement plus élevé dans l’eau de surface qu’en profondeur. Cependant, le mélange 

induit par le seuil pourrait homogénéiser la [CH4] près de l’embouchure du fjord et l’apport 

sédimentaire du méthane biogénique (δ13CCH4: -57.660‰)  dans la région de la tête du fjord 

a accru la [CH4] dans l’eau de fond sus-jacente jusqu’à 459 nmol L-1. La tendance 

longitudinale de la [CH4] sous la couche de surface était principalement contrôlé par le 

renouvellement de l’eau profonde. La [CH4] de l’eau profonde a diminué avec 

l’augmentation de l’utilisation apparente de l’oxygène, ce qui suggère une oxydation du 

méthane microbienne aérobique aux taux estimés de <0.1 nmol L-1 d-1. Les données du 

δ13CCH4 donnent un facteur de fractionnement isotopique du carbone de 1,08 dans les eaux 

de surface et les eaux profondes qui indique que l’oxydation microbienne contrôle le 

fractionnement isotopique du carbone du méthane dans le fjord. Le budget basé sur un bilan 

massique révèle que les apports fluviaux représente 81 % de l’apport total du méthane dans 

le fjord (12.13×106 mol an-1) et que l’oxydation microbienne du méthane (4.45×106 mol an-

1) est comparable à l’émission du méthane dans l’atmosphère (4.27×106 mol an-1). Cette 
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étude démontre les rôles importants du ruissellement fluvial et du renouvellement d’eau 

profonde dans le contrôle de la dynamique de la [CH4], du δ13CCH4 et de l’émission de 

méthane dans l’air dans les fjords recevant d’importantes décharges d’eau douce terrestre et 

soumis à de fréquents renouvellements d’eau profonde. Les taux d’émission de méthane par 

unité de surface pour les fjords profonds obtenus par cette étude et des études antérieures 

sont d’un à deux ordres de grandeur plus élevés que l’estimation de flux moyen pour les 

océans côtiers mondiaux, ce qui fait des fjords et des fjards un contributeur potentiellement 

important à l’émission de méthane dans les zones côtières. 

Mots-Clés : Fjord du Saguenay ; méthane dissous ; répartition ; flux air-mer ; 

oxydation microbienne ; composition isotopique 

 

2.2 ABSTRACT 

Near-shore environments are a significant source of atmospheric methane but the size 

of this source is poorly constrained, particularly for fjords and fjards. This study investigated 

the methane emission rates and the drivers controlling the dynamics of dissolved methane in 

the Saguenay Fjord, a deep, stratified, and well-oxygenated subarctic fjord system in eastern 

Canada. Dissolved methane concentrations ([CH4]) in the water column were measured in 

October 2016 and June, October, and November 2017, with stable carbon isotope 

composition of methane (δ13CCH4) analyzed during the November 2017 survey. Surface-

water [CH4] ranged from 16–184 nmol L-1 and decreased with increasing salinity in a bi-

segment linear manner, inferring a temporally constant marine endmember but a freshwater 

discharge-dependent river endmember. The multi-cruises dataset yields a mean [CH4] 

saturation ratio of 12.7 (range: 4.5–48.7) and a mean emission rate of 53.4 μmol m-2 d-1 

(range: 16.4–256.9 μmol m-2 d-1). [CH4] was generally higher in surface water than in deep 

water. However, sill-induced mixing could homogenize [CH4] near the mouth of the fjord 

and sedimentary input of biogenic methane (δ13CCH4: −57.660‰) in the fjord’s head region 

increased [CH4] in the overlying bottom water up to 459 nmol L-1. The longitudinal pattern 
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of [CH4] below the surface layer was primarily controlled by deep-water renewal events. 

Deep-water [CH4] declined with rising apparent oxygen utilization, suggestive of aerobic 

microbial methane oxidation at rates estimated to be <0.1 nmol L-1 d-1. The δ13CCH4 data 

yields a carbon isotopic fractionation factor of 1.08 in both the surface and deep waters that 

points to microbial oxidation dictating the carbon isotopic fractionation of methane in the 

fjord. Mass-balance budgeting reveals that river runoff accounts for 81% of the total methane 

input to the fjord (12.13×106 mol year-1) and that microbial oxidation of methane (4.45×106 

mol year-1) is comparable to emission to the atmosphere (4.27×106 mol year-1). This study 

demonstrates the important roles of river runoff and deep-water renewal in controlling the 

dynamics of [CH4], δ13CCH4, and methane emission to air in fjords receiving large terrestrial 

freshwater discharges and experiencing frequent deep-water renewals. The areal methane 

emission rates for deep fjords obtained by this and earlier studies are one to two orders of 

magnitude higher than the mean flux estimate for global coastal oceans, placing fjords and 

fjards as a potentially significant contributor to coastal methane emission.     

Keywords: Saguenay Fjord; dissolved methane; distribution; air-sea flux; microbial 

oxidation; isotope composition 

2.3 INTRODUCTION 

Methane (CH4) is the second most important greenhouse gas in the atmosphere after 

carbon dioxide and delivers ~20% of the global greenhouse gas-induced radiative forcing 

(IPCC, 2013). Methane also reacts with the hydroxyl radical and thus regulates the oxidizing 

capacity of the atmosphere (Ehhalt, 1974; Lelieveld et al., 2004). The ocean has long been 

recognized as a natural source of methane to air (Swinnerton and Linnenbom,1967; 

Lamontagne et al., 1973) but the estimated diffusive fluxes from the global ocean vary by 

more than an order of magnitude from 0.4 to18 Tg CH4 year-1 (Bange et al, 1994; Bates et 

al., 1996; Rhee et al., 2009; Kirschke et al., 2013). More recent studies have narrowed the 

range to 2.2–6.3 Tg CH4 year-1 (Weber et al., 2019) and 4–10 Tg CH4 year-1 (Saunois et al., 

2020), with the estimate for the near-shore environment (0.8–3.8 Tg CH4 year-1) being the 
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greatest but the most uncertain as compared to those for the outer shelf (0.3–1.0 Tg CH4 year-

1), the continental slope (0.2–0.6 Tg CH4 year-1), and the open ocean (0.6–1.4 Tg CH4 year-

1) (Weber et al., 2019).  

The larger uncertainty in the coastal estimation stems principally from severe 

undersampling, patchy biogeochemical processes responsible for methane production and 

consumption, and complex physical forcings that regulate methane distribution in coastal 

waters. Such patchiness and complexity are particularly salient in land-ocean transitional 

zones, such as estuaries, bays, and fjords, leading to strong spatiotemporal variations in the 

concentration, distribution, and air-sea flux of methane. For example, unlike in the upper 

layer of open oceans where methane is primarily produced by in situ biogeochemical 

processes (Damm et al., 2010; Zhang and Xie, 2015; Lenhart et al., 2016; Repeta et al., 2016; 

Schmale et al., 2018; Klintzsch et al., 2019; Ye et al., 2020; Chapter 4), coastal waters may 

have additional methane inputs from underlying sediments and terrestrial runoff (de Angelis 

and Scranton, 1993; Reeburgh, 2007). The rates of these inputs depend not only on how fast 

methane is produced within the source materials but also on the hydrological and physical 

processes impacting the transport of methane from rivers (e.g. precipitation) and sediments 

(e.g. tidal and wave actions, bottom currents, and coastal upwelling); these processes are 

either absent or exert little influence on the dynamics of methane in the upper layer of open 

oceans.  

Information on the concentration and distribution of methane in the water column not 

only is useful for assessing the emission flux to the atmosphere but also provides clues for 

identifying and/or quantifying the production and consumption processes regulating the 

methane distribution and emission. This is particularly true when combined with the analysis 

of the stable carbon isotope composition of methane (13CCH4). Methane produced through 

microbial degradation of organic matter under anoxic conditions is depleted with 13C 

(13CCH4 < −50‰) relative to methane produced through thermal cleavage of organic matter 

in deep sedimentary strata (13CCH4 > −50‰), while microbial oxidation of methane increases 

13CCH4 (Whiticar, 1999).  



26 

 

Fjords and fjӓrds occupy ~43% of the total surface area of estuarine environments and 

26% of the global exorheic coastline; they are mainly located at latitudes of north of 45N 

(Scandinavia, Canada, Alaska) and south of 45S (southern Chile) (Borges et al., 2011). 

Despite their extensive presence, these near-shore aquatic systems are particularly data-poor 

with respect to methane distributions and atmospheric emissions (Borges et al., 2011). Here 

we report the first measurement of dissolved methane concentration ([CH4]) and 13CCH4 in 

the water column of the Saguenay Fjord in eastern Canada, with the objectives of assessing 

the emission fluxes of methane, identifying its origins, and elucidating the processes 

controlling its distribution in this coastal environment. 

2.4 ENVIRONMENTAL SETTING 

Located in the subarctic eastern Canada, the Saguenay Fjord is the second largest 

tributary to the St. Lawrence estuary (SLE), with a length of 110 km, an average width of 2.0 

km, a 1.1-km wide mouth, and three sills dividing the fjord into an outer basin, a middle 

basin, and an inner basin, the last of which has an average depth of 280 m and extends over 

two-thirds of the length of the fjord (Fig. 2-1). The first (outermost) sill is 20 m deep and sits 

at the mouth near Tadoussac, which is followed by the second and third sills situated 18 and 

32 km upstream of the first sill and having depths of 60 and 115 m, respectively (Belzile et 

al., 2016). The upper fjord bifurcates into the north and south arms. The Saguenay River, 

with an annual mean freshwater discharge rate of ~1200 m3 s-1, provides ~90% of the total 

freshwater input to the fjord through the north arm, with the remaining from several local 

small rivers (Bélanger, 2003). Cold, dense seawater from the lower SLE that has been tidally 

upwelled at the head of the Laurentian Channel spills over the sills into the deep inner basin 

of the fjord (Seibert et al., 1979; Lavoie et al., 2000; Bélanger, 2003, Belzile et al., 2016, 

Galbraith et al., 2018). Consequently, the water column of the fjord is characterized by a thin 

(5–10 m) brackish (salinity ~10) surface layer and a saltier (salinity ~30) bottom layer that 

are separated by a sharp halocline (Drainville, 1968; Therriault et al., 1984). The fjord 

possesses a typical estuarine circulation in the near surface but comprises multiple inflowing 

and outflowing layers below the main pycnocline (Stacey and Gratton, 2001; Bourgault et 
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al., 2012a). The deep fjord is well oxygenated due to multiple deep-water renewal events 

annually (Bélanger, 2003; Belzile et al., 2016, Galbraith et al., 2018). 

The surface water in the Saguenay Fjord is organic-rich and highly colored attributable 

to the input of soil- and vascular plant-derived dissolved organic matter from the Saguenay 

River; in contrast, the deep water is organic-poor and far less colored (Tremblay and Gagné, 

2009; Xie et al., 2012). Light penetration into the water column is thus limited, resulting in 

low primary productivity (Côté and Lacroix, 1979; Schafer et al., 1990). Consequently, 

sediments in the Saguenay Fjord are primarily terrigenous and sedimentation rates decrease 

with distance downstream (St-Onge and Hillaire-Marcel, 2001; Tremblay and Gagné, 2007). 

Local pulp and paper mill discharges before the late 1980s led to a substantial increase in 

sedimentary organic carbon content, particularly in the fjord’s head region (Louchouarn et 

al., 1997; St-Onge and Hillaire-Marcel, 2001). Moreover, the frequent occurrences of 

episodic meteorological and geologic events, such as landslides, earthquakes, and flash 

floods, in the Saguenay region during the past ~350 years formed multiple rapidly deposited 

layers that favor organic carbon preservation in the fjord’s sediments (St-Onge and Hillaire-

Marcel, 2001).  

2.5 METHODS 

2.5.1 Field sampling 

Field sampling was conducted on 19-20 October 2016 aboard the CCGS Hudson and 

on 18 June, 3–4 October and 3–4 November 2017 aboard the R/V Coriolis II (Fig. 2-1); for 

brevity, these four expeditions will hereafter be referred to as the Oct-16, Jun-17, Oct-17, 

Nov-17 cruises, respectively. Bulk water was taken from the surface (1–2.5 m) or different 

depths using 12-L Niskin bottles attached to a standard conductivity-temperature-depth 

(CTD) rosette. During the Oct-16 cruise, the Niskin bottles were subsampled into 50-mL gas-

tight glass syringes via a clean silicone tube. The syringes were flushed with the sample water 

three times before the final filling, with caution taken to avoid trapping air bubbles. The 
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syringes were closed with a three-way nylon valve and analyzed for [CH4] aboard the ship 

immediately after sample collection. During the remaining three cruises, the bulk water in 

the Niskin bottles was subsampled into 200-mL glass serum vials, pre-cleaned with acid-

soaking and combustion at 450C, via a clean silicone tube, following the water transfer 

procedure for collecting dissolved oxygen samples (Grasshoff, 2009). Each serum vial was 

added with 300 µL of supersaturated mercuric chloride before being closed with a PTFE-

lined aluminum crimp seal. In addition to collecting [CH4] samples, the Nov-17 cruise also 

acquired samples for 13CCH4 analysis using the same serum vial method. All [CH4] and 

13CCH4 samples were collected in duplicate. The sample-filled serum vials were stored in 

the dark at ~4C and transported to land-based laboratories for [CH4] measurement in 

Rimouski, Canada and for 13CCH4 analysis at the Alfred Wegner Institute in Bremerhaven, 

Germany.  

Because of technique and resource limitations, the Jun-17 cruise only covered the lower 

section of the fjord (stations S03, S05, S07, and S09), merely one [CH4] vertical profile was 

collected in October 2017 (station F21), and only three stations were sampled for methane 

with reduced depth resolutions in November 2017 (Fig. 2-1). The three stations visited during 

the Nov-17 cruise were located in the upper (station S13), middle (station S09), and lower 

(sation S03) fjord, respectively. 

2.5.2 Methane measurements 

Dissolved [CH4] was determined using a static headspace method reported previously 

(Xie et al., 2002; Zhang and Xie, 2015). Briefly, for the syringe samples analyzed aboard the 

ship, 5 mL of methane-free nitrogen were introduced into the syringe to obtain a 1:8 

gas:water ratio. The syringe was vigorously shaken for 4 min to equilibrate the gas and water 

phases. For the serum vial samples analyzed on the land, the samples were drawn into a 50-

mL glass syringe via a 1/8-inch O.D. PTFE tube prior to the headspace preparation described 

above. During the sample transfer, the tip of the PTFE tube was inserted close to the bottom 

of the serum vials. The syringe was rinsed with the sample water before sample drawing. 
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Each serum vial permitted filling two syringes; their difference fell within the uncertainty of 

the analytical method (see below), confirming negligible water-air exchange of methane 

during the sample transfer.  

The equilibrated headspace gas in the syringe was injected into a Peak Performer 1 FID 

gas analyzer (Peak Laboratories, USA) for methane quantification. The [CH4] in the 

headspace was converted to the concentration in the original water sample using the solubility 

data of Wiesenburg and Guinasso (1979). The analyzer was calibrated with a methane 

standard of 4.94 (Oct-16 cruise) and 5.08 (Jun-17, Oct-17, and Nov-17 cruises) parts per 

million by volume (ppmv) (Air Liquide) traceable to the National Institute of Standards and 

Technology. In keeping with the 100% relative humidity in the headspace gas samples, the 

dry methane standard was saturated with water vapor before injection. A single-point 

calibration was adopted, since pre-study tests confirmed that the instrument consistently 

responds linearly up to 10.5 ppmv (~80 nmol L-1) with essentially a zero intercept. This linear 

response range conformed to that specified by the manufacturer of the analyzer. Larger 

gas:water ratios in the syringe were used for samples with methane concentrations ([CH4]s) 

beyond the analyzer’s linear response range. Under the factory-optimized conditions for 

[CH4] measurement, the analyzer gave a lower detection limit of 0.045 nmol L-1 and a 

precision of ±4% (at ~5 nmol L-1) (Zhang and Xie, 2015). The mean relative deviation for all 

duplicate measurements (i.e. field and lab analyses combined) was 2.6%. [CH4]s for each 

pair were averaged. 

The mixing ratios of methane in the marine boundary layer over the SLE were 

determined in October 2016 and June 2017 and assumed to be applicable to the Saguenay 

Fjord. Air samples were drawn in duplicate at the bow, facing the wind, into 10-mL all-glass 

syringes and analyzed within minutes by direct injection into the methane analyzer. Prior to 

sampling, the internal wall of the syringes was water-wetted to ensure that the air samples 

had the same relative humidity (100%) as that in the standard gas (see above). 

The 13CCH4 values were determined using a Delta XP plus Finnigan mass spectrometer 

according to the method described by Damm et al. (2015b). The samples were pre-
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concentrated through purging and trapping with a PreCon Trace Gas Pre-Concentrator 

(Finnigan). A CO2 reference gas (Air Liquide) is inserted via the reference gas port in each 

acquisition to correct for effects that appear in the source of the mass spectrometer. The 

isotope ratios of all peaks are calculated against this CO2 working standard. The 

reproducibility derived from duplicates was 1–1.5%. The isotopic ratios are given in 

conventional delta notation relative to the Pee Dee Belemnite (PDB) standard. 

2.5.3 Ancillary measurements 

Water depth, temperature, and salinity were recorded with a SeaBird SBE 9plus CTD 

and dissolved oxygen with a Sea-Bird SBE 43 probe calibrated by the Winkler method 

(Grasshoff, 2009). Apparent oxygen utilization (AOU) was calculated as the difference 

between the in situ oxygen solubility (Garcia et al., 1992) and the measured oxygen 

concentration. Percent oxygen saturation (O2%) was calculated as the ratio of the measured 

oxygen concentration to the in situ oxygen solubility multiplied by 100.  Chlorophyll a 

concentration was determined as described in Mitchell et al. (2002). 

2.5.4 Calculations of saturation ratio and air-sea flux 

The saturation ratio (SR) of [CH4] is defined as: 

𝑆𝑅 =  
[CH4]mea

[CH4]eq
⁄                                                                                 (2-1) 

where [CH4]mea (nmol L-1) denotes the measured [CH4] and [CH4]eq (nmol L-1) represents the 

[CH4] equilibrated with the atmosphere. [CH4]eq is calculated using the solubility data of 

Wiesenburg and Guinasso (1979) and an atmospheric methane mixing ratio of 1.92 ± 0.13 

ppmv (n = 72) measured in October 2016 and June 2017 over the SLE. The air-sea flux 

density of methane (j, µmol m-2 d-1) is calculated according to Liss and Slater (1974): 

𝑗 = 𝑘([CH4]mea − [CH4]eq)                                                                                 (2-2) 
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where k (cm h-1) signifies the gas transfer velocity calculated using the formula of Raymond 

and Cole (2001): 

𝑘 = 1.91𝑒0.35U(𝑆𝑐
600⁄ )

−0.5
                                                                                  (2-3) 

where U stands for wind speed (m s-1) at 10 m height and Sc for the Schmidt number of 

methane (Wanninkhof, 2014). Wind speed data, available online at the St. Lawrence Global 

Observatory website (https://ogsl.ca/en), were provided by the weather stations at Pointe de 

l'lslet, Pointe Claveau, La Baie, and Jonquière along the shore of the Saguenay Fjord (Fig. 2-

1). Each weather station fed wind speeds to its closest water sampling stations. Hourly wind 

speeds were averaged over the sampling day (24 h) and sampling month to assess the air-sea 

fluxes on the corresponding time scales. 

Raymond and Cole (2001) reported three formulae for calculating k in estuarine 

environments based on data from floating dome studies, non-dome (i.e. tracer) studies, and 

a combination of the two, respectively. The dome data gives substantially higher k values 

than does the non-dome data, particularly above intermediate wind speeds. In this study, we 

chose the formula based on the composite data of the dome and non-dome studies.   

2.6 RESULTS AND DISCUSSION 

2.6.1 Surface-water concentrations and air-sea fluxes 

Given the relatively small sample populations with mostly non-normal distributions, 

medians, in addition to means, are presented and Wilcoxon Rank Sum Test (Matlab version 

R2013b), rather than t-Test, was performed to determine the statistical significance of the 

medians (α = 0.05). Besides, because of limited sampling coverage during the June- and Nov-

17 cruises (Section 2.5.1), data from these two cruises are not compared with those from the 

Oct-16 and Oct-17 cruises.  

Ranges, means, and medians of surface-water [CH4], methane saturation ratio, and 

methane air-sea flux, alongside other related variables, are summarized in Table 2-1. The 

https://ogsl.ca/en
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changes of these variables with distance to the outermost sill are shown in Fig. 2-2 and 

Supplementary Fig. 2-S1. Surface-water [CH4] increased from the mouth toward the head of 

the fjord, with the increase faster in the upper section of the fjord (Fig. 2-2a). [CH4] near the 

head of the fjord showed large variability, highest during the Nov-17 cruise and lowest during 

the Oct-17 cruise. The change in [CH4] during the Jun-17 cruise was much smaller due to the 

limited sampling area. The Surface water was highly supersaturated in [CH4] relative to the 

atmosphere during all cruises (Fig. 2-2b, Table 2-1). The along-fjord distributions of the 

saturation ratio essentially mimicked those of [CH4], indicating that concentration prevailed 

over solubility in controlling the saturation ratio, despite large variations in surface-water 

temperature and salinity (Table 2-1, Supplementary Figs. 2-S1a, b) which determine the 

solubility. The Oct-16 and Oct-17 cruises were not significantly different in terms of the 

median [CH4] (p = 1.00) and median saturation ratio (p = 0.82).  

 The supersaturation led to an egress of methane to the atmosphere (Fig. 2-2c, Table 

2-1). The daily wind speed-based mean and median flux density for the Oct-16 cruise are ~4 

and ~3 times greater than those for the Oct-17 cruise, contrasting with the insignificant 

differences in the median [CH4] and saturation ratio between the two surveys (Table 2-1). 

This can be ascribed to the higher daily wind speeds during the Oct-16 cruise (Table 2-1, 

Supplementary Fig. 2-S1c). Using monthly wind speeds, which were comparable between 

the two cruises, essentially eliminated the difference in the flux density (Table 2-1).  

 The methane concentrations in the Saguenay Fjord surface water are comparable to 

those in the deep, strongly fluvial-impacted Reloncaví Fjord in Chile ([CH4]: 7.6–151.4 nmol 

L-1) (Farías et al., 2017) but higher than those in many polar fjords with lower terrestrial 

freshwater inputs, such as the Hornsundfjord, the van Mijenfjord, and the Storfjorden in the 

Svalbard Archipelago of the Arctic ([CH4]: 10.0–35 nmol L-1) (Damm et al., 2005; Damm et 

al., 2007; Mau et al., 2013) and the Cumberland Bay fjord system off the sub-Antarctic island 

of South Georgia ([CH4]: ~10 nmol L-1) (Römer et al., 2014). Our values are, however, within 

the lower bounds of those reported for shallow estuarine environments worldwide ([CH4]: 

2–3600 nmol L-1) (Middelburg et al., 2002; Borges and Abril, 2011; Upstill-Goddard and 
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Barnes, 2016; Borges et al., 2018; Ye et al., 2019). In shallow coastal systems, surface 

methane is supplied not only by fluvial input but also by upward transport from anoxic 

sediments where methane is produced anaerobically (Borges and Abril, 2011; Borges et al., 

2016).   In deep fjords, sedimentary input of methane is either unimportant, e.g. in the 

Saguenay (Sections 2.6.3 and 2.6.6) and Reloncaví Fjords (Farías et al., 2017), or stronger 

vertical stratification and greater water depths hinder upward diffusion of methane from the 

seafloor into surface waters, as in the case of certain polar fjords (Damm et al., 2005; Römer 

et al., 2014). 

 The multi-cruises methane flux densities estimated for the Saguenay Fjord, 16.4–

256.9 μmol m-2 d-1 (mean: 53.4 μmol m-2 d-1) based on monthly wind speeds, are similar to 

those reported for the Reloncaví Fjord in Chile (23.9–136.0 μmol m-2 d-1) (Farías et al., 2017) 

and the Storfjorden in the Svalbard Archipelago (26–104 μmol m-2 d-1) (Damm et al., 2007), 

higher than those for the Saanich Inlet in British Columbia, Canada (1.2–57.0 μmol m-2 d-1) 

(Bullister et al., 1982; Lilley et al., 1982; Ward et al., 1989; Capelle et al., 2019), but much 

lower than those for the Mariager Fjord in Denmark (240–4500 μmol m-2 d-1) (Fenchel et al., 

1995). The Saguenay, Reloncaví, and Storfjorden are all deep (maximum depths >200 m) 

and stratified fjords having oxic bottom waters. The Saanich Inlet is a deep fjord with 

seasonally anoxic bottom water wherein [CH4]s can reach up to low-millimolar levels; rapid 

microbial consumption and strong water column stratification, however, inhibit upward 

transport of methane to the surface and further to the atmosphere (Ward et al., 1989; Capelle 

et al., 2019). The Mariager Fjord is a stratified water body with anoxic bottom water highly 

prolific in methane (>30 mmol L-1) (Fenchel et al., 1995). The shallow depths of this fjord 

(<30 m), nevertheless, may allow significant amounts of methane to be diffused from the 

bottom water to the surface ([CH4]: 500-900 nmoL L-1) and thus be partly responsible for the 

more elevated methane air-sea fluxes observed in this system.  

Fjords and fjards, with a worldwide surface area of 0.456×106 km2, are the most 

extensive estuarine water bodies and take up 43% of the total surface area of the estuarine 

environments (1.067×106 km2) (Borges et al., 2011). Based on the flux estimates for the 



34 

 

Mariager Fjord and the shallow, anoxic Aby-Tendo Lagoons in Ivory Coast (methane flux 

density: 800–1500 μmol m-2 d-1), Borges et al. (2011) obtained a methane emission rate of 

3.96 Tg CH4 year-1 for global fjords and fjards, accounting for 60% of the emission from all 

estuarine environments combined (6.60 Tg CH4 year-1) and translating to a global mean flux 

density of 1490 μmol m-2 d-1. This value is one to three orders of magnitude higher than those 

for the deep fjords aforementioned and is likely overestimated. Indeed, a more recent 

assessment of methane emission from global estuarine environments arrives at <3–3.5 Tg 

CH4 year-1, equivalent to <480–560 μmol m-2 d-1 (Saunois et al., 2020), which are in the same 

order of magnitude as the upper bounds for the Saguenay and Reloncaví Fjords. The flux 

estimates for the deep fjords are, however, one to two orders of magnitude higher than the 

mean flux estimate for global coastal oceans with a bottom depth of <200 m (5.3 μmol m-2 

d-1) (Weber et al., 2019), suggesting that fjords and fjards are a potentially significant oceanic 

source of methane to the atmosphere. Given the extensive distributions of fjords and fjards 

at high latitudes in both hemispheres, the methane emission data currently available are very 

meager. More surveys are needed to expand the flux dataset and improve the global 

extrapolation.  

2.6.2 Estuarine mixing behavior 

The surface-water [CH4] vs. salinity plots for the Oct-16 and Oct-17 cruises show bi-

segmented linear increases in [CH4] with decreasing salinity (Fig. 2-3). The slopes of these 

linear relations broke at salinity ~19 in 2016 and ~10 in 2017 and were correspondingly ~20 

times and ~26 times steeper in the less saline water than in the saltier water. The limited data 

from the Nov-17 cruise also exhibited a similar pattern, with a slope break at salinity ~7. The 

June 2017 data obtained from the lower section of the fjord generally followed the trend of 

October 2017. Notably, the data collected from station F21 in the south arm of the fjord 

during October 2017 fits into the trend established by the rest of the data (Fig. 2-3), 

suggesting that the surface-water [CH4] in the south arm was mainly controlled by freshwater 

discharge from the Saguenay River.   
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 Although the slopes broke at varying salinities among different cruises, [CH4]s 

converged at higher salinities (Fig. 2-3), suggesting little temporal variability in the marine 

endmember ([CH4]end-m). In contrast, [CH4]s diverged toward the freshwater zone, indicating 

variable river endmembers ([CH4]end-r). Extrapolation of the regression lines to zero salinity 

gives [CH4]end-r of 193.4 nmol L-1, 142.5 nmol L-1, and 263.3 nmol L-1 for the Oct-16, Oct-

17, and Nov-17 cruises, respectively. [CH4]end-r was found to increase linearly with the 

freshwater discharge rate averaged over the sampling day at station S13 (Supplementary Fig. 

2-S2). As the time gaps between the sampling campaigns ranged from one month (October 

vs. November 2017) to over one year (October 2016 vs. November 2017), this linear 

relationship appears applicable to both short and intermediate time scales. The intercept of 

the regression line (i.e. 10.1 nmol L-1 at zero freshwater discharge) represents the amount of 

methane added, likely from sediments, to the river runoff during its transit from where the 

discharge rate was measured to the limit of saltwater intrusion in the Saguenay River. This 

amount, nonetheless, is only 3–7% of the river endmembers obtained above, demonstrating 

that [CH4] in the river source water is the main control on [CH4]end-r.  

 The estuarine [CH4] mixing behavior observed in the Saguenay Fjord is similar to 

those in the Elbe and Thames estuaries (Middelburg et al., 2002). Rapid loss of methane in 

low salinity regions has been spotted in many estuaries worldwide and attributed to microbial 

oxidation, outgassing, and dilution with low-[CH4] seawater (Middelburg et al., 2002; Zhang 

et al., 2008; Borges et al., 2011; Ye et al., 2019). In our case, the bi-segment linear pattern 

also suggests the possibility of a second freshwater methane source with an endmember lower 

than the effective river endmember defined by the y-intercept of the flatter regression line in 

Fig. 2-3 ( [CH4]end−r
∗ ). To reach the value of [CH4]end−r

∗  (25.8 nmol L-1) requires the 

freshwater discharge rate of the second methane source to be >(
[CH4]end−r

[CH4]end−r
∗ − 1) times the 

discharge rate of the Saguenay River. Taking [CH4]end-r for the Oct-17 cruise (142.5 nmol L-

1) as the lower limit gives a factor of 4.5, which is implausible, since the water flow from all 

secondary tributaries combined is only ~10% of the total freshwater discharged into the 

Saguenay Fjord (Bélanger, 2003). 
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Another factor influencing the shape of estuarine mixing curves of dissolved 

constituents is the period of source variation in the river flow relative to the flushing time of 

the estuary. When the flushing time and the source variation period are similar, a bent curve 

can result even for a conservative constituent (Bowers and Brett, 2008). The flushing time of 

surface water in the Saguenay Fjord is ~1.5 d (Delaigue et al., 2020). Prior to and during the 

Oct-17 cruise, the river flow rate (qr) was rather stable over a period of 34 d (1471 ± 29 m3 

s-1; Supplementary Fig. 2-S3b). The stability of the river flow also implies a stable [CH4]end-

r over the same period of time based on the linear relationship between the two variables 

(Supplementary Fig. 2-S2). The timescale of the [CH4]end-r variation (34 d) was thus ~23 

times longer than the flushing time, thereby eliminating the possibility of a significant effect 

of temporal [CH4]end-r variations on the shape of the mixing curve.  

During the Oct-16 and Nov-17 cruises, the river flow experienced 36% and 82% 

increases, respectively, over the 30-d mean flow rates before water sampling (Oct-16: 1593 

m3 s-1; Nov-17: 1724 m3 s-1, Supplementary Figs. 2-S3a,c). As the durations of the increases 

in the river flow (2 d) were comparable to the flushing time (1.5 d), the system might not 

have reached a new steady state during sampling, particularly in the lower section of the 

fjord. Two lines of evidence, however, suggest that a non-steady state, if true, could not be 

the principal contributor to the bi-segment mixing behavior of [CH4] observed. First, the 

October 2017 case demonstrates that the slope break exists even though the river flow (and 

hence the source of methane) is constant over a period much longer than the flushing time. 

Second, if the slope break during the Oct-16 and Nov-17 cruises were mainly caused by the 

recent increases in the river flow, [CH4]end−r
∗  (25.8 nmol L-1, Fig. 2-3) would essentially 

represent the true endmember of the river water present prior to the flow increases. Based on 

the relationship between [CH4]end-r and qr (i.e. [CH4]end-r = 0.0885 × qr + 10.09, 

Supplementary Fig. 2-S2), this endmember corresponds to a freshwater discharge rate of 178 

m3 s-1. This value is unrealistically low and only 10–11% of the 30-d mean river flow rates 

preceding the flow increases. Notably, the stations during the Oct-16 cruise were not sampled 

sequentially (e.g. stations S09 and S10 were sampled after stations S11-13 and stations S02 

and S05 were visited last) but the data show consistent trends within the respective linear 
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segments (Fig. 2-3). The system thus appeared to be stable with respect to the distribution of 

surface-water [CH4]. It could be that the increased river discharge substantially reduced the 

flushing time, thereby decreasing the time required to reach a new steady state. Microbial 

consumption and outgassing, rather than multiple endmembers and/or [CH4]end-r variations, 

should thus be primarily responsible for the [CH4] mixing behavior observed in the surface 

water. 

2.6.3 Vertical distributions 

The density structures were highly stratified within the top 25 m of the water column 

on all [CH4] profiling occasions except for the outer basin (station S03) during the Oct-16 

cruise which showed little stratification (Fig. 2-4). For the stratified structures, the surface 

mixed layer depths (i.e. the depth from the surface to the onset of the main pycnocline) were 

mostly 7 m but reached ~18 m at station S07 located over the innermost sill (Fig. 2-1b) 

during the Oct-16 cruise. The water column was always oxygenated, with percent saturations 

of >70% (Fig. 2-4). Chlorophyll a (chl a) profiles collected during the Oct-16 and Jun-17 

cruises often exhibited different vertical distributions among different stations (Figs. 2-4a,b). 

Surface-water chl a generally increased up-fjord, with the concentration in the top 25 m 

averaging 0.25 mg m-3 (range: 0.06-0.87 mg m-3) during the Oct-16 cruise and 0.84 mg m-3 

(range: 0.06-2.47 mg m-3) during the Jun-17 cruise. Primary productivity in the Saguenay 

Fjord has long been recognized to be low due to light limitation caused by the highly colored 

surface water (Côté and Lacroix, 1978; Schafer et al., 1990).    

[CH4]s at station S03 in the outer basin showed little vertical variations in the entire 

water column during the Oct-16 and Nov-17 cruises, which was in line with the weak density 

stratification at this locality in October 2016 (Fig. 2-4a) but inconsistent with the well 

stratified density structure in November 2017 (Fig. 2-4c). It could be that the surface 

stratification in November 2017 had been established only shortly before water sampling so 

that microbial methane consumption in deep water (>25 m) was undetectable. To a lesser 

extent, this also might have happened to station S07 in October 2016 at which [CH4] in the 
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surface mixed layer (mean: 20.8 ± 0.2 nmol L-1) was only slightly higher than below the 

pycnocline (mean: 16.4 ± 1.1 nmol L-1), despite the strong density stratification (Fig. 2-4a). 

This speculation is supported by the fact that intense vertical mixing in the outer and middle 

basins occurs frequently due to sill-induced turbulence (Geyer and Cannon, 1982; Stacey and 

Gratton, 2001). Notably, the deep [CH4]s at station S07 were almost identical to those at 

station S03, which can alternatively be explained by a recent intrusion of deep water from 

the outer basin into the middle basin, as demonstrated by their similar temperature–salinity 

curves (Figs. 2-5a,a´). In June 2017, [CH4] profiles in the outer and middle basins (stations 

S03, S05, and S07) were all characterized by a rapid downward decrease within the top 15 

m followed by relatively stable concentrations at greater depths, conforming to the density 

structures (Fig. 2-4b). Remarkably, all three profiles converged to similar [CH4]s below 15 

m (mean ± SD: 12.3 ± 0.8 nmol L-1), despite the three stations having quite different 

temperature–salinity signatures (Figs. 2-5b,b´). This feature could result from a combination 

of 1) the rather constant [CH4]end-m in the SLE seawater (Section 2.6.2) intruding into the 

outer basin, 2) the relatively stable [CH4] in the lower-reach surface water (Fig. 2-2a) 

modifying the physical properties of the SLE water that spread into the outer and middle 

basins, and 3) the timescales of vertical and horizontal mixing within the outer and middle 

basins being shorter than that of microbial methane consumption due at least partly to the 

sill-induced turbulence.        

Except for station S13, [CH4] profiles in the inner basin, regardless of the sampling 

seasons and years, generally resembled those collected from the outer and middle basins in 

June 2017 but had subtler deep features on certain occasions (Figs. 2-4a–c). For example, 

[CH4] at station S11 in October 2016 increased to 4.0-5.2 nmol L-1 below 100 m after 

reaching a minimum (1.8 nmol L-1) at ~50 m. This phenomenon could be linked to different 

water masses present at shallower and deeper depths, as discussed in more detail below. Deep 

[CH4] features were also recorded at station S09 in June 2017, displaying a maximum at 102 

m (11.7 nmol L-1), a minimum at ~150 m (2.1 nmol L-1) and an enhancement toward the 

bottom (9.5 nmol L-1). The minimum at 150 m was located within a cold water mass (lowest 

temperature: 1.98C) (Figs. 2-5b,b´) supposedly formed from the previous winter’s shallow 
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water renewal and subsequently warmed by mixing with surrounding waters (Belzile et al., 

2016). In contrast, the bottom water at station S09 was warmer and saltier, typical of the 

Saguenay deep water formed from last winter’s deep basin renewal (Belzile et al., 2016), 

suggesting that the relatively elevated near-bottom [CH4] at station S09 was more likely 

associated with a methane-richer water mass than with a sedimentary input. The absence of 

near-bottom [CH4] increases in October 2016 and November 2017 (Figs. 2-4a,c) further 

reinforces this speculation. A significant episodic production of methane in the sediments 

seems unlikely, given the relative temperature stability in the bottom water (Belzile et al., 

2016). 

The larger spatial sampling coverage in October 2016 permits a better examination of 

the relationship between [CH4] and water mass composition. According to Galbraith et al. 

(2018), a 2016 summer water renewal event generated a warm tongue at mid-depths (50–150 

m; core: 120–150 m) that had reached the fjord’s head by late August. At the time of methane 

sampling in the late mid-October, a hint of this tongue was still discernible despite more 

extensive mixing with the colder resident water (Fig. 2-6a). This water renewal created an 

up-fjord decrease in temperature in the deep layer of the inner basin (Galbraith et al., 2018; 

Fig. 2-6a), with the colder water being older than the intruding warmer water. In the absence 

of additional sources, [CH4]s in the colder water should be lower than in the warmer water 

due to longer microbial consumption in the former. This prediction matches the parallel up-

fjord decline in [CH4], excluding the head region (Fig. 2-6b). Indeed, the deep [CH4] 

decreased linearly with decreasing temperature (Fig. 2-6c). It is interesting to note that, at 

similarly low temperatures (<3.5 C), shallower water (25–100 m) had lower [CH4]s (range: 

1.8–6.3 nmol L-1; mean: 4.2 nmol L-1) than did deeper water (>150 m, range: 4.0–8.0 nmol 

L-1; mean: 5.7 nmol L-1) (Fig. 2-6c). The lowest [CH4] in the shallower water (1.8 nmol L-1, 

~50 m at station S11) was located within a pocket of cold water (<2.5 C) centered at ~70 m 

near the head of the fjord (Fig. 2-6a), while the relatively higher [CH4]s in the shallower 

water (also at station S11) were in the vicinity of the cold pocket. The presence of this cold 

pocket is a common summertime phenomenon caused by the traping of cold water formed 

from the shallow renewal event during the past mid- or late winter; the deeper water, 
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however, carries the trait of the SLE water that renewed the inner basin during the autumn or 

winter of the preceding year (Belzile et al., 2016). The higher [CH4]s found in the deeper 

water could be attributed to the fact that, during the deep-water renewal, the intruding SLE 

water mixes with the remnant of previous summer’s intermediate water containing methane-

rich surface water (Bourgault et al., 2012a; Belzile et al., 2016).   

The [CH4] profiles at station S13 near the fjord’s head were distinct by having much 

higher [CH4]s  at the bottom than at the surface: 388.7 vs. 143.5 nmol L-1 in October 2016 

(Fig. 2-4a) and 459.2 vs. 184.2 nmol L-1 in November 2017 (Fig. 2-4c). There was, however, 

a striking difference between the two cruises: [CH4] in October 2016 increased 

monotonically with increasing depth but in November 2017 exhibited a marked minimum at 

10 m (18.2 nmol L-1) which was 9 times lower than the [CH4] at the same depth in October 

2016 (164.8 nmol L-1). This large difference is unexpected per the density structures on the 

two occasions. The 10 m depth was located within the center of the pycnocline in October 

2016 but at the base of the pycnocline in November 2017, favoring upward diffusion of 

methane toward the 10 m depth in November. One possible reason was a much higher local 

microbial consumption rate at this depth in November. Notably, the temperature-salinity 

curves of stations S03 and S13 intersect at the temperature of ~3.1C and salinity of ~28.32 

(Figs. 2-5c,c´), corresponding to the depths of ~19 m at station S03 and ~12 m at station S13, 

the latter being close to the [CH4] sampling depth of 10 m. The vertical distribution of [CH4] 

at station S03 was rather constant, averaging 19.5 ± 0.4 nmol L-1 (Fig. 2-4c) and being only 

slightly higher than the 10-m [CH4] of 18.2 nmol L-1 at station S13. Hence, the pronounced 

[CH4] minimum at station S13 could be alternatively explained by a recent strong shallow 

subsurface water renewal event (Belzile et al., 2016) that had greatly reduced the subsurface 

[CH4] near the head of the fjord.  

The [CH4] profile at station S13 in October 2016 raised a question of whether upward 

diffusion could be a significant source of methane to the surface water. To assess this 

possibility, we estimated the diffusive flux from the 10 m depth to the shallowest sampling 

depth (2.2 m) by multiplying the eddy diffusivity by the [CH4] gradient within the top 10 m 
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(2.69 nmol L-1 m-1 or 2690 nmol m-4). The eddy diffusivity in the top 30 m of the Saguenay 

Fjord has been determined to be ~10-5 m2 s-1 (Belzile et al., 2016), yielding an upward 

diffusive flux of 2.32 µmol m-2 d-1. This value is only 2.4% of the water-to-air flux density 

of methane at station S13 in October 2016 (Fig. 2-2c), making the diffusion negligible 

compared with the river input.       

The vertical distribution patterns at station S13 imply a significant source of methane 

in the bottom water or from the underlying sediment. As the entire water column was 

oxygenated, anaerobic methanogenesis, the dominant methane production pathway in natural 

environments (Reeburgh, 2007), was not expected in the bottom water. Sedimentary input 

was thus likely responsible for the highly elevated bottom [CH4]s at station S13. This 

argument is supported by the high organic carbon content (>5%) and anoxic conditions in 

the sediments within the fjord’s head region (Smith and Walton, 1980; Lefrançois, 1998; 

Deflandre et al., 2002). A large component of this organic matter originates from unregulated 

waste discharges to the head region of the fjord by the local pulp and paper industries before 

the late 1980s (Louchouarn et al., 1997; Tremblay et al., 2007). A catastrophic flash flood in 

July 1996 buried the organic-rich sediments with an organic-poor postglacial clay layer of 

~7 cm thick in the vicinity of station S13 (Tremblay et al., 2007), which likely slows down 

but prolongs the organic matter degradation in the older sediments (St-Onge and Hillaire-

Marcel, 2001). The organic carbon content in the new surface sediments in the upper fjord 

(~2%) is similar to or slightly lower than those in the main inner basin (2–3%) (St-Onge and 

Hillaire-Marcel, 2001; Tremblay et al., 2007) where there is no evidence of significant 

sedimentary methane release based on the vertical profiles at stations S09 and S11 (Fig. 2-

4a). Hence, the high [CH4] detected in the bottom water of station S13 more likely emitted 

from the buried organic-rich layer instead of the new surface sediments. It should be noted 

that the influence of the sedimentary source was rather localized, given the very low deep 

[CH4]s at the adjacent station S11 (Figs. 2-4a, 2-6b). This limited influence could be 

attributed to fast dilution and microbial consumption. The only profile collected from the 

south arm of the fjord, characterized by rapidly decreasing [CH4] within the top 30 m and 
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relatively stable concentrations at deeper depth (Supplementary Fig. 2-S4), also suggests that 

sediments were not a major source of methane to the water column in that area.  

 Excluding station S13, [CH4] in the deep layer was negatively and linearly related to 

the apparent oxygen utilization (AOU) (Fig. 2-7). These negative correlations demonstrate 

that aerobic oxidation by methanotrophs was mainly responsible for methane consumption 

and that release of methane into the water column from sediments, wherein methanogenesis 

is favored by low-oxygen conditions, was insignificant across the main body of the fjord. 

The later argument is in line with the absence of elevated [CH4]s in the bottom water except 

for the head region (station S13). The slopes of the regression lines for October 2016 and 

November 2017 are essentially identical but their absolute values are about four times larger 

than that for June 2017 (Fig. 2-7). The flatter slope in spring suggests that the ratio of oxygen 

consumption by methane oxidation to that by organic matter oxidation was far lower in 

spring, which is consistent with the higher chl a concentration in spring than in autumn as 

described earlier. The negative [CH4]–AOU relations observed in the Saguenay Fjord 

contrast with those positive relations found in the central Bohai Sea and the East China Sea 

off the Yangtze River estuary, both of which undergo seasonal oxygen deficiency in the 

bottom water (Ye et al., 2016; Zhang et al., 2020). Methanogenesis in sediments is considered 

as the main methane source to the overlying water column in these two areas. As sedimentary 

methanogenesis is favored by low pelagic oxygen concentrations, increasing [CH4] in the 

bottom water with decreasing oxygen concentration (i.e. increasing AOU) is expected (Ye et 

al., 2016; Zhang et al., 2020). The negative [CH4]–AOU relations in the Saguenay Fjord thus 

further corroborate the earlier supposition that sedimentary methane input in the head region 

(station S13) is a local phenomenon and its influence does not extend to the main body of the 

inner basin. 

2.6.4 Isotope composition 

13CCH4 in surface water increased from −45.0‰ near the head of the fjord (station 

S13) to −30.3‰ in the mid-inner basin (station S09) to −28.5‰ in the outer basin (station 
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S03) (Fig. 2-4d). This downstream enrichment of 13CCH4 could be attributed to cumulative 

microbial methane oxidation and outgassing during the down-fjord transit of the surface 

water; both microbial oxidation and outgassing preferentially remove the isotopically lighter 

carbon from the resident water (Whiticar and Faber, 1986; Happell et al., 1995). At depths 

>100 m, which are well below the main pycnoclines, 13CCH4 at station S09 (−30.7 ± 0.6‰) 

was higher than that at station S03 (-31.4 ± 0.8‰) (Fig. 2-4c), consistent with the deep water 

at station S09 being older and thus subjected to longer microbial methane oxidation than at 

station S03. The difference was, however, marginal (2.1%), which at least can be partly 

explained by the rather small decrease (21.3%) in deep-water [CH4] from station S03 (19.2 

± 0.21 nmol L-1) to station S09 (15.1 ± 0.34 nmol L-1) even without accounting for the dilution 

effect due to water mixing. Note that the difference in deep-water [CH4] between stations 

S09 and S03 in November 2017 was far smaller than the 51.4% drop (16.3 7.9 nmol L-1) in 

October 2016 (Fig. 2-4a).  

The vertical distribution of 13CCH4 at station S13 closely mirrored that of [CH4], with 

the lowest 13CCH4 (−57.7‰) observed at the bottom where [CH4] reached 459.2 nmol L-1 

and the highest 13CCH4 found at 10 m (−30.7‰) having a [CH4] of only 18.2 nmol L-1. The 

13CCH4 value of −57.7‰ confirms that methane in the bottom water of station S13 originated 

from microbial degradation of organic matter, which gives 13CCH4 values of <−50‰ 

(Whiticar, 1999). Based on the discussion in Section 2.6.3, this microbial methane production 

took place in the underlying sediments instead of the water column itself. Methane in the 

surface water was transported down from Lac Saint-Jean, ~71 km upstream of station S13. 

As in most freshwater systems with organic-rich sediments, methane in Lac Saint-Jean is 

most likely biogenic as well. The higher 13CCH4 in the surface water at station S13 (−45.0‰) 

than expected from a biogenic origin could be due to microbial oxidation and outgassing 

during water transit from the lake to the head of the fjord.        

To ascertain that the 13CCH4 variability in the Saguenay Fjord resulted from microbial 

oxidation, we calculated the kinetic carbon isotopic fractionation factor (α) from the Rayleigh 

distillation model expressed as follows (Coleman et al.,1981):    
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𝛿13C = 1000 × (1 𝛼 − 1⁄ ) × 𝑙𝑛(𝑓) + 𝛿13C0                                             (2-4) 

where f stands for the remaining fraction of [CH4], 13C0 for the initial isotope composition, 

and 13C for the resulting isotope composition. The model was applied to the surface (< 25 

m) and deep (>25 m) layers separately because of potential differences in source-water [CH4] 

and methane oxidation history between the two layers. Despite limited data available, the 

data fit the model well (Fig. 2-8a) and give very close  values for the surface (mean ± SE: 

1.0075 ± 0.0005) and deep (mean ± SE: 1.0082 ± 0.0003) layers. These values lie within the 

ranges expected for microbial methane oxidation (1.002-1.017) in sediments (Whiticar and 

Faber, 1986) and oceanic waters (Damm et al., 2007; Fenwick et al., 2017). Hence, microbial 

oxidation dominated the kinetic isotopic fractionation in both the surface and deep layers. 

The essentially identical  values for the surface and deep layers imply that the microbial 

communities effecting methane oxidation were similar in these two environments with 

contrasting physical properties (Section 2.6.3). In fact, the Keeling plot (Keeling, 1958), 

which describes the relationship between 13CCH4 and the reciprocal of [CH4] in our case, 

demonstrates that the data for the surface and deeper layers roughly fall approximately on a 

single curve (Fig. 2-8b). This implies that the source-water [CH4]s and the methane oxidation 

histories in these two water bodies were also similar. The concave Keeling plot reveals that 

additional processes (i.e. microbial oxidation and outgassing), other than physical mixing of 

water masses, enhanced 13CCH4, corroborating the result derived from the Rayleigh 

distillation model. 

2.6.5 Microbial oxidation rate in the deep layer 

The data collected during the Oct-16 cruise allows an approximate assessment of the 

microbial oxidation rate of methane (lox) in the deep layer (>25 m) of the inner basin, 

expressed as follows:  

lox = lnet + dd + psw                                                                                            (2-5) 
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where lnet stands for the net loss rate, dd for the downward diffusion rate, and psw for the in-

situ production rate in the water column. All terms in eq. 2-5 have the units of nmol L-1 d-1. 

lnet can be assessed by dividing the up-fjord decrease in [CH4] in the deep layer (Section 

2.6.3) by the time span (~4 months) from the start of water renewal (late June, Galbraith et 

al., 2018) to the dates of water sampling (October 19–20). The mean deep [CH4] declined by 

12.0 nmol L-1 from station S07 to station S11, arriving at a lnet of 0.10 nmol L-1 d-1. This value 

should be regarded as an upper limit, since dilution due to mixing of the methane-richer 

warmer water with the methane-poorer colder water was not considered (Section 2.6.3). 

The downward diffusion rate (dd) is calculated as a product of the vertical eddy 

diffusivity and the [CH4] gradient (d[CH4]/dz) at 25 m divided by the thickness of the deep 

layer (235 m at station S09 and 155 m at station S11). The eddy diffusivity in the top 30 m 

of the inner basin is ~10-5 m2 s-1 (Belzile et al., 2016). [CH4] within the top 50 m can be fitted 

to [CH4] = 13.6 + 66.1 e-0.170z (R2 = 0.9999) at station S09 and [CH4] = 2.2 + 118.4 e-0.138z (R2 

= 0.9999) at station S11, yielding d[CH4]/dz of 160.3 nmoL m-4 and 518.7 nmoL m-4, 

respectively. The estimated dd values are 5.9 ×10-4 nmol L-1 d-1 at station S09 and 2.9 ×10-3 

nmol L-1 d-1 at station S11, which are insignificant compared with lnet.  

Potential in situ production of methane in the oxygenated deep layer could arise from 

microbial degradation of dimethylsulfoniopropionate (DMSP) (Damm et al., 2010) and 

dissolved organic matter phosphates (Repeta et al., 2016), metabolism of some algal species 

(Lenhart et al., 2016; Klintzsch et al., 2019). However, the DMSP- and organic phosphorus-

derived methane productions are significant only under nitrate- and phosphate-depleted 

conditions, respectively (Damm et al., 2010; Repeta et al., 2016), neither of which exists in 

the Saguenay Fjord (Côté and Lacroix, 1978). Moreover, the fjord is low in DMSP due to 

low abundance of DMSP-producing phytoplankton such as Emiliania huxleyi, Phaeocystis 

sp. (Lee et al., 1999); these species are also among the few known major methane producers 

(Lenhart et al., 2016; Klintzsch et al., 2019). Therefore, the DMSP-, organic phosphorus- and 

phytoplankton-based methane productions are unlikely significant in the Saguenay Fjord. psw 

in eq. 2-5 can thus be ignored as well, making lox about equal to lnet, i.e. <0.10 nmol L-1 d-1. 



46 

 

The upper-bound rates for the deep water of the Saguenay Fjord are similar to those found in 

the Arctic fjord Storfjorden and other methane-poor waters (Mau et al., 2020 and references 

therein).  

2.6.6 Fjord-wide methane budgets 

Assuming that the Saguenay Fjord was at a steady state for an “average” year over 

2016 and 2017, methane mass balance requires: 

FR-IN + FSLE-IN + FSED-IN = FF-OUT + LT                                                                    (2-6) 

where FR-IN stands for the river runoff input, FSLE-IN for the input from the SLE, FSED-IN for 

the sedimentary input in the fjord’s head region, FF-OUT for the output to the SLE, and LT for 

the total loss due to microbial oxidation and outgassing. Smaller rivers, which contribute 

~10% of the total freshwater discharge to the fjord (Section 2.5), are also accounted for 

assessing the river input, assuming that these rivers have similar [CH4]s and temporal 

variability to those in the Saguenay River. FR-IN, FSLE-IN, and FF-OUT are calculated as follows: 

𝐹R−IN =
∑ (𝑞r × [CH4]end−r)2017

2016
2

⁄                                                          (2-7) 

𝐹SLE−IN = 𝑄SLE × [CH4]end−m                                                                     (2-8) 

𝐹F−OUT = 𝑄F × [CH4]fm                                                                                (2-9) 

QSLE stands for the annual water inflow from the SLE to the fjord, QF for the annual water 

outflow from the fjord to the SLE, and [CH4]fm for [CH4] at the fjord’s mouth represented by 

the mean [CH4] at stations S02 and S03 (18.6 nmol L-1). FR-IN is computed by aggregating 

the daily input fluxes, qr  [CH4]end-r (Supplementary Fig. 2-S5), over the 2-year period from 

January 1, 2016 to December 31, 2017 and then dividing the sum by 2 years. [CH4]end-r is 

derived from its relationship with qr (Supplementary Fig. 2-S2). [CH4]end-m (15.3 nmol L-1) 

is obtained by extrapolating the flatter linear regression line in Fig. 2-3 to salinity 32 which 

is assigned as the salinity of the fjord’s marine source water from the cold intermediate layer 
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in the lower SLE (Belzile 2016; Galbraith et al., 2018; Delaigue et al., 2019). QSLE (3900 m3 

s-1) is estimated by dividing the volume of the fjord (41 km3, Belzile et al., 2016) by the 

yearly-averaged deep-water renewal time. The number of water renewal events varies 

interannually, usually 2–4 major deep renewals plus several partial shallow renewals (Belzile 

et al., 1026). Here we take three full deep renewals per year, leading to a yearly-averaged 

renewal time of 4 months. Note that the yearly-averaged renewal time differs from the 

duration of a specific renewal event which can vary from 1–6 months (Belzile et al., 2016; 

Galbraith et al., 2018). QF (5806 m3 s-1) is the sum of the annual river water inflow (QR) and 

QSLE, with QR (1906 m3 s-1) taken as the average of 2016 and 2017 (Supplementary Fig. 2-

S5a).  

FSED-IN in eq. 2-6 can be estimated as: 

𝐹SED−IN = 𝐴fh × 𝐾b × d[CH4]/d𝑧                                                                  (2-10) 

where Afh denotes the surface sediment area in the fjord’s head region upstream of station 

S13 (10.5 km2). Kb is the vertical eddy diffusivity for the deep water of the fjord (~2  10-4 

m2 s-1, Belize et al., 2016). d[CH4]/dz is taken as the slope of the line connecting the two 

deepest data points on the [CH4] vertical profile at station S13 in October 2016 (6.3 µmol   

m-4; Fig. 2-4a). Substituting eqs. 2-7–10 into eq. 2-6 gives LT.  

LT can be decomposed into the loss in the river water (LR) and in the SLE water (LSLE), 

with the latter including the loss of methane released from the sediment to the deep water. LR 

can be estimated as: 

𝐿R = 𝐹R−IN − 𝐹R−OUT                                                                                (2-11) 

and 

𝐹R−OUT = 𝑄R × [CH4]end−r
∗                                                                    (2-12) 

where FR-OUT denotes the methane output from the river water to the SLE. [CH4]end−r
∗  is 

known (25.8 nmol L-1, Fig. 2-3). Substituting eqs. 2-7 and 2-12 into eq. 2-11 yields LR and 
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subtracting LR from LT gives LSLE. Alternatively, LT can be decomposed into sea-to-air 

emission (LSA) and microbial oxidation (LOX). LSA was obtained by multiplying the area of 

the fjord (220 km2) by the mean monthly wind speed-based flux density of all four cruises 

(53.4 µmol m-2 d-1, Fig. 2-2c). Subtracting LSA from LT gives LOX. 

The resulting budgets are given in Fig. 2-9. The budgets indicate that river input (9.83 

 106 mol year-1) is the largest source of methane to the Saguenay Fjord, followed by the 

import from the SLE (1.88  106 mol year-1), and sedimentary release in the fjord’s head 

region (0.42  106 mol year-1), giving a total source of 12.13  106 mol year-1. The fjord 

exports 3.41  106 mol to the SLE annually, to which rivers contribute 1.55  106 mol (i.e. 

45%), with the remainder (1.86  106 mol, 55%) from the re-circulating SLE water and the 

sediments. Therefore, 84% (8.28  106 mol year-1) of the river input is lost to microbial 

oxidation and outgassing, while only 19% (0.44  106 mol year-1) of the input from the SLE 

and sediments goes to these two routes. Of the total loss (8.72  106 mol year-1), microbial 

oxidation accounts for 51% (4.45  106 mol year-1) and emission to the air occupies 49% 

(4.27  106 mol year-1). 

Several elements could contribute to the large difference between the percent loss of 

methane in the river water (84%) and that in the SLE water (19%) to microbial oxidation and 

outgassing. First, the river water is highly enriched with methane relative to the SLE water 

(Section 2.6.3). As both microbial oxidation and outgassing roughly follow first-order 

kinetics, higher [CH4]s lead to faster losses. Second, the surface area of the river water in 

direct contact with the atmosphere relative to its volume is much larger than that for the SLE 

water, facilitating transfer of methane from the river water to air. Third, except for winter, 

the surface layer containing the majority of the river water is warmer than the deep layer 

filled with most of the SLE water, favoring microbial oxidation in the river water. Although 

[CH4] near the sediment source in the head region is high, fast dilution by low-[CH4] 

surrounding water rapidly reduces the [CH4] and hence the microbial oxidation rate as well. 
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 The budgets made here could involve potentially large uncertainties due to several 

unverified extrapolations. The relationship between [CH4]end-r and qr, from which FR-IN is 

calculated (eq. 2-7), is built on data from three cruises all undertaken in autumn. Likewise, 

the relationship between [CH4] and salinity for deriving [CH4]end-m (eq. 2-8) and [CH4]end−r
∗  

(eq. 2-12) is based on data from four cruises covering only spring and autumn. Similar 

limitations also apply to [CH4]fm (eq. 2-9) and the methane emission flux data. The lack of 

winter data may lead to an overestimation of the methane emission rate since ice cover 

depresses air-sea gas exchange. Furthermore, merely one vertical profile with adequate depth 

resolutions is available for evaluating the diffusive methane flux from the sediments (eq. 2-

10) in the head region of the fjord. Finally, the number of deep-water renewals in the fjord 

may deviate from three and some of the events may only lead to partial renewals (Belzile et 

al., 2016; Galbraith et al., 2018). Several lines of circumstantial evidence, however, do 

support the rationales underlying some of these extrapolations. For instance, the inferred 

[CH4]end-m (15.3 nmol L-1) is comparable to the [CH4]s observed within or near the cold 

intermediate layer of the lower SLE in various seasons (mean ± SD: 15.9 ± 4.4 nmol L-1) (Li 

et al., 2019). Moreover, the convergence of surface [CH4]s at higher salinities  and the rather 

constant surface [CH4]s at the fjord’s mouth in different seasons and years (Fig. 2-3) can 

hardly be interpreted as coincidences. Future investigations covering broader spatiotemporal 

scales, including long-term time-series observations at both the head and mouth of the fjord, 

are needed to validate the extrapolations and improve the budgets in this study. 

2.7 CONCLUSIONS 

Figure 2-10 summarizes the major drivers of methane dynamics in the Saguenay Fjord. 

The deep bathymetry combined with strong vertical stratification creates two distinct layers 

with widely different methane drivers. In the surface layer, the spatiotemporal variability of 

[CH4] and δ13CCH4 is strongly impacted by the Saguenay River runoff which determines both 

the residence time of the freshwater in the surface layer and the size of the freshwater 

endmember of [CH4]. In the deep layer, the frequency and extent of deep-water renewal 

primarily dictates the space- and time-progression of [CH4] and δ13CCH4 in the inner basin of 
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the fjord, with the influence of methane release from sediments confined to the head region. 

As the river water is highly enriched with methane relative to the deep marine water sourced 

from the lower SLE, [CH4] in the Saguenay Fjord generally decreases with depth. However, 

sill-induced mixing, particularly at high tides, tends to homogenize [CH4] in the outer and 

middle basins, and sedimentary input leads to much higher [CH4] in bottom water than in 

surface water near the head of the fjord. Microbial methane oxidation mainly controls the 

carbon isotopic fractionation of methane in both the surface and deep waters.  

Freshwater discharge contributes the largest amount of methane to the Saguenay Fjord 

followed by import from the renewing seawater, while the sedimentary contribution in the 

head region is marginal. The riverine input is largely lost to microbial oxidation and 

outgassing before being exported to the SLE. In contrast, the majority of methane imported 

from water renewals and released from sediments ends in the SLE rather than goes to 

microbial consumption and air-sea exchange. Emission to the atmosphere is a significant sink 

of methane in the Saguenay Fjord and its magnitude is comparable to microbial consumption 

on a yearly basis.  

The areal methane emission rates obtained for the Saguenay Fjord, along with those 

reported for other deep fjords, suggest a potentially large overestimation of the atmospheric 

methane flux from global fjords and fjards by earlier studies based on only limited data 

collected from shallow, anoxic fjords and lagoons. The values for the deep fjords are, 

however, substantially higher than the recent estimates for global coastal oceans. Given their 

large geographic coverage at high latitudes, fjords and fjards could be a significant 

contributor to the atmospheric methane efflux from coastal waters. More surveys are needed 

to expand the scanty data of methane concentrations and air-sea fluxes in fjords and fjards 

and to better understand the processes controlling the distributions and air-sea exchange of 

methane in these systems.  
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2.10 TABLES 

Table 2-1. Range (mean; median) of water temperature, water salinity, dissolved methane concentration ([CH4]), methane 

saturation ratio, wind speed, and methane water-to-air flux density. 

Cruise Temperature 

(C) 

Salinity [CH4] 

(nmol L-1) 

Saturation 

ratio 

Wind speed  

(m s-1) 

Water-to-air flux density  

(µmol m-2 d-1) 

     Daily Monthly Daily wind speed  Monthly wind speed 

Oct-16 4.4–10.0 

(6.9; 7.3) 

5.64–28.71 

(18.55; 18.67) 

15.7–143.5 

(46.6; 20.9) 

4.5–40.3  

(13.2; 6.0) 

1.81–9.94  

(5.48; 3.95) 

2.66–4.98  

(4.08; 4.29) 

12.1–290.3 

(89.7; 51.8) 

19.5–139.0 

(46.9; 24.0) 

Jun-17 8.5–12.7  

(10.9; 11.2) 

7.16–15.69 

(10.21; 8.99) 

22.0–33.4  

(28.8; 29.9) 

6.3–9.9  

(8.5; 8.9) 

2.11–4.35  

(3.79; 4.35) 

4.19–4.23  

(4.20; 4.19) 

12.3–47.4  

(36.0; 42.2) 

25.8–44.8  

(37.6; 39.9) 

Oct-17 6.5–15.0  

(11.4; 12.0) 

2.97–23.47 

(11.09; 9.17) 

16.2–102.1 

(36.0; 25.6) 

4.7–31.6  

(10.9; 7.7) 

1.22–3.70  

(2.10; 1.56) 

3.14–4.41  

(4.02; 4.29) 

9.4–72.4  

(23.0; 16.4) 

16.4–129.6  

(44.1; 36.5) 

Nov-17 5.8–8.6  

(7.5; 8.0) 

2.27–17.38 

(8.80; 6.75) 

19.3–184.2 

(77.2; 28.2) 

5.3–48.8  

(20.5; 7.6) 

4.19–11.99  

(7.58; 6.55) 

4.29–6.97  

(5.95; 6.60) 

19.8–567.8 

(365.2; 508.1) 

52.5–256.9  

(128.8; 76.9) 
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2.11 FIGURES 

 

Figure 2-1. Sampling information and bathymetry and topography of the Saguenay Fjord. 

(A) Map of the study area, sampling stations, and bathymetry. The red rectangle in the inset 

shows the location of the Saguenay Fjord in eastern Canada. Dark stars denote the locations 

of weather stations. (B) The longitudinal section showing the topography of the Saguenay 

Fjord and the distribution of the three basins. Quartered circles indicate the cruises during 

which methane sampling (upper row) and CTD profiling (lower row) were conducted at a 

specific station. Different cruises are represented by different colors. Station F21 in the south 

arm of the fjord is not shown; this station was visited during the Oct-17 cruise only for both 

methane sampling and CTD profiling. 
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Figure 2-2. Distribution of surface-water methane properties as a function of distance to the 

outermost sill. (A) Methane concentration. (B) Methane saturation ratio. (C) Daily wind 

speed-based sea-to-air flux density. 
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Figure 2-3. Estuarine mixing behavior of surface-water methane concentration. Solid lines 

are linear least-squares fits of the data. Data fitting is divided into two segments: a steeper 

slope for lower-salinity samples and a flatter slope for saltier samples. The steeper fitting is 

performed individually for all three autumn cruises, whereas the flatter fitting used composite 

data from all four cruises at salinity >10. Dashed lines represent extrapolations of the solid 

lines. [CH4]end-r stands for the river-endmember methane concentration, [CH4]end-r
*  for the 

effective river-endmember methane concentration, and [CH4]end-m for the marine end member 

methane concentration. Fitted equations for the steeper lines are: y = −9.27x + 193.4 (R2 

=0.983) for October 2016, y = −13.38x + 142.5 (R2 = 0.990) for October 2017, and y = 

−34.84x + 263.3 for November 2017. Fitted equation for the flatter line is y = −0.33x + 25.8 

(R2 = 0.725). 
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Figure 2-4. Depth profiles of physical, chemical, and biological properties. (A) Oct-16 

cruise. (B) Jun-17 cruise. (C) Nov-17 cruise. : potential density (); O2%: percent 

dissolved oxygen saturation; chl a: chlorophyll a concentration; [CH4]: methane 

concentration; 13CCH4: stable carbon isotope composition of methane. Chl a data is not 

available for November 2017. 13CCH4 was measured only in November 2017. Different 

scales are used for [CH4] at station S13 in panel A and for [CH4] and 13CCH4 at station S13 

in panel C. 
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Figure 2-5. Potential temperature–salinity diagrams at [CH4] profiling stations. (A) Oct-16 

cruise. (B) Jun-17 cruise. (C) Nov-17 cruise. Panels A', B', and C' show the enlarged portions 

of panels A, B, and C, respectively, at deeper depths. Symbols on the curves in panels A', B', 

and C' denote the [CH4] sampling points. Numbers next to the symbols are the [CH4] 

sampling depths. Color bar represents water depth in meters. 
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Figure 2-6. Relationship between methane concentration and water temperature during the 

Oct-2016 cruise. (A) Longitudinal vertical section of water temperature. (B) Longitudinal 

vertical section of methane concentration. (C) Linear least-squares regression of [CH4] 

against temperature for deep water (>25 m) between stations S07 and S11. In panel C: solid 

line is the fit of the data; dashed lines are 95% confidence intervals; color bar represents 

water depth in meters. 
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Figure 2-7. Relationship between methane concentration and apparent oxygen utilization for 

deep water (>25 m). Solid lines are linear least-squares fits. Dashed lines are 95% confidence 

intervals. Fitted equations are: y = −0.00036x + 0.0378 (R2 = 0.729) for October 2016, y = 

−0.00011x + 0.0150 (R2 = 0.568) for June 2017, and y = 0.00037x + 0.0461 (R2 = 0.843) for 

November 2017. Station S13 is excluded. 
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Figure 2-8. 13CCH4 data presented using the Rayleigh distillation model (A) and Keeling 

plot (B). f in panel A denotes the fraction of the initial methane concentration (184.2 nmol L-

1 for surface water (<25 m) and 459.2 nmol L-1 for deep water (>25 m)). Dashed lines are the 

least-squares fits of the data. Grey area in panel B represents the 95% confidence intervals. 

The data were collected from the Nov-17 cruise. 
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Figure 2-9. Schematic representation of the methane budgets in the Saguenay Fjord for an 

“average” year of 2016 and 2017. Solid arrow: source; empty arrow: sink. FR-IN: river input; 

FSLE-IN: input from the St. Lawrence estuary; FSED-IN: input from the sediments in the head 

region of the fjord; FF-OUT: output to the St. Lawrence estuary; LOX: loss to microbial 

oxidation; LSA: loss to the atmosphere. Units: 106 mol year−1. 
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Figure 2-10. Schematic representation of the major drivers controlling the dynamics of 

[CH4] and 13CCH4 in the water column of the Saguenay Ford. Light cyan background color 

denotes the surface layer and light blue background color signifies the deep layer. Long dark 

arrows show the overall trends of [CH4] and/or 13CCH4; the vertical trend does not apply to 

the head region where sedimentary input causes [CH4] in bottom water to be higher than in 

surface water (see text). MOx: Microbial methane oxidation. SLE: St. Lawrence estuary. SLE 

water inflow represents deep-water renewal events. 
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2.12 SUPPLEMENTARY INFORMATION 

2.12.1 Supplementary figures 

 

 

Figure 2-S1. Along-fjord distributions of physical and meteorological variables. (A) 

Surface-water temperature. (B) Surface-water salinity. (C) Daily mean wind speed. 
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Figure 2-S2. Relationship between the river-endmember methane concentration and the 

freshwater discharge rate. Freshwater discharge rate is the daily averaged discharge rate of 

the Saguenay River on the day of water sampling at S13. Line is the linear least-squares fit 

of the data. 
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Figure 2-S3. Saguenay River freshwater discharge rates over 40 days prior to the onset of 

water sampling. (A) Oct-16 cruise. (B) Oct-17 cruise. (C) Nov-17 cruise. Vertical gray bars 

indicate the sampling dates.  
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Figure 2-S4. Vertical profiles of methane concentration ([CH4]), temperature, and salinity at 

station F21. See Fig. 2-1 in the main text for the location of station F21. 
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Figure 2-S5. Saguenay River freshwater discharge rate and the corresponding river end-

member methane concentration. (A) Freshwater water discharge rate from January 1, 2016 

to December 31, 2017. (B) The river end-member methane concentration derived from the 

relationship between [CH4]end-r and qr shown in Supplementary Figure 2-S2.  
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3.1 RÉSUMÉ 

L’estuaire et le golfe du Saint-Laurent (ESGL) est le plus grand système estuarien 

semi-fermé du monde, mais il a été jusqu’à présent une zone vide de données sur le méthane. 

Cette étude a recueilli le premier ensemble de données sur le méthane dissous dans l’EGSL, 

ce qui a permis d’évaluer les flux air-mer de méthane, de caractériser les répartitions et les 

sources de méthane dans la colonne d’eau et d’aider à éclairer son cycle biogéochimique. Les 

concentrations de méthane dans l’eau de surface ([CH4]surf) étaient en moyenne de 57,4 nmol 

L-1 (gamme : 12,5-392,8 nmol L-1) dans l’estuaire supérieur (UE), de 9,8 nmol L-1 (gamme : 

4,8-21,0 nmol L-1) dans l’estuaire maritime (LE) et de 4,3 nmol L-1 dans le golfe (gamme : 

2,8-8,9 nmol L-1), avec les concentrations les plus élevées observées dans la zone maximale 

de turbidité de l’UE. La [CH4]surf le long de l’axe longitudinal principal a typiquement 

diminuée de façon exponentielle avec l’augmentation de la salinité et de la distance vers la 

mer. De manière saisonnière, les moyennes de [CH4]surf dans les trois sous-régions étaient 

toutes les plus élevées en hiver. Les [CH4]surf étaient principalement sursaturées par rapport 

à l’atmosphère dans l’ensemble de l’EGSL, avec le taux de saturation diminuant de l’UE 

(moyenne : 15,82 ; gamme : 3,67-126,28) au golfe (moyenne : 1,29 ; gamme : 0,99-2,38) en 

passant par le LE (moyenne : 2,75 ; gamme : 1,48-5,04). La tendance de distribution régionale 

de la densité moyenne de flux mer-air était similaire : 31,02 (gamme : 2,11-336,8) μmol m-2 

d-1 dans l’UE, 5,47 (1,14-16,54) μmol m-2 d-1 dans le LE, 1,63 (-0,03-10,41) μmol m-2 d-1 

dans le golfe. Le taux annuel d’émission de méthane était le plus élevé dans le golfe (117,7 

× 106 mol), suivi par l’UE (26,0 × 106 mol) et le LE (14,8 × 106 mol), avec un total de 158,4 

× 106 mol. La [CH4] dans la colonne d’eau de l’UE était relativement homogène à la tête de 

l’estuaire, augmentait avec la profondeur dans la zone maximale de turbidité et reflétait la 

structure de salinité dans la zone en aval. Les profils verticaux de [CH4] dans le LE et le golfe 

étaient caractérisés par un maximum de [CH4] en sous-surface (SMMax, 4,0-30,4 nmol L-1) 

et un minimum de [CH4] en profondeur (DMMin, principalement dans la gamme de 0,17-3,7 

nmol L-1) qui étaient omniprésents dans le chenal Laurentien et ses branches. Alors que le 

SMMax suggère une production biologique de méthane in situ, le DMMin peut être dû au 
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[CH4] appauvri dans l’eau de source, largement composée d’Eau centrale de l’Atlantique 

Nord (NACW). La budgétisation de bilan massique basé sur les données de DMMin et de 

SMMax a généré un taux de consommation nette de ~0,1 nmol L-1 an-1 dans la NACW, des 

taux de production nette de ~40 nmol L-1 d-1 à la tête du chenal Laurentien et de 2,8  10-3 

nmol L-1 d-1 près du Détroit de Cabot. Les profils verticaux recueillis aux sites de pockmarks 

dans le LE ont montré que la [CH4] près du fond était enrichi mais très variable (10,4-695,3 

nmol L-1) et impliquaient un flux diffusif allant jusqu’à ~700 mmol CH4 m2 d-1 des 

pockmarks vers l’eau de fond. Peu de méthane libéré par les pockmarks pourrait atteindre la 

surface de la mer et s’échapper dans l’air avant d’être consommé par les bactéries et/ou dilué 

par les masses d’eau environnantes à faible teneur en méthane. Aucune influence 

significative des conditions hypoxiques sur la [CH4] dans les eaux de fond du LE n’a été 

observée. Les incubations en laboratoire ont généré une large gamme de taux de cycle du 

méthane allant d’une production nette de 0,0068 nmol L-1 d-1 à une consommation nette avec 

les temps de renouvellement de 33,3-263 jours. Le δ13C du CH4 (δ13CCH4 par rapport au PDB) 

pour l’EGSL allait de -40,91 à -27,42‰ (moyenne : -33,28‰) et n’était pas lié à la [CH4]. 

Les valeurs de δ13CCH4 pour la couche intermédiaire froide où se trouvait le SMMax sont 

constamment plus négatives que celles au-dessus et au-dessous de la couche intermédiaire 

froide. Cette étude démontre que 1) en termes de [CH4] et de taux d’émission, l’UE de 

l’EGSL se comporte comme un typique estuaire macrotidal peu profond, tandis que le LE et 

le Golfe ressemblent respectivement aux mers de plateau externe et aux mers sur les talus 

continentaux; 2) les [CH4] et les taux d’émission dans l’EGSL sont à la limite inférieure des 

environnements estuariens globaux ; 3) le réservoir de méthane dans l’EGSL est composé de 

résidus de méthane fortement oxydés d’origine d’eau douce et marine, de méthane 

thermogénique dérivé du pockmark, et peut-être aussi de méthane biogénique enrichi en 13C 

; 4) l’upwelling à la tête du chenal Laurentien est un contributeur potentiellement important 

au budget de méthane des eaux de surface dans le LE et le Golfe ; 5) les grandes dimensions 

et les processus physiques et biogéochimiques complexes associés, ainsi que leurs 

interactions, permettent à l’EGSL, en particulier son LE et  golfe, de se distinguer des 
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environnements estuariens typiques en termes de dynamique du méthane et de cycle 

biogéochimique. 

Mots-clés : Estuaire et golfe du Saint-Laurent ; méthane dissous ; répartition ; flux air-

mer ; oxydation microbienne ; composition isotopique. 

3.2 ABSTRACT 

The Estuary and Gulf of St. Lawrence (EGSL) is the largest semi-enclosed estuarine 

system in the world but for which there are no previous methane data. This study collected 

the first dissolved methane dataset from the EGSL, including assessing the methane air-sea 

fluxes, characterizing the distributions and sources of methane in the water column, and 

shedding light on its biogeochemical cycling. Surface-water methane concentrations 

([CH4]surf) averaged 57.4 nmol L-1 (range: 12.5–392.8 nmol L-1) in the Upper Estuary (UE), 

9.8 nmol L-1 (range: 4.8–21.0 nmol L-1) in the Lower Estuary (LE), and 4.3 nmol L-1 in the 

Gulf (range: 2.8–8.9 nmol L-1), with the highest concentrations observed in the UE’s turbidity 

maximum zone. [CH4]surf along the main longitudinal axis typically decreased exponentially 

with increasing salinity and distance seaward. Seasonally, the mean [CH4]surf in the three 

subregions were all highest in the winter. [CH4]surf were mostly supersaturated relative to the 

atmosphere in the entire EGSL, with the saturation ratio decreasing from the UE (mean: 

15.82; range: 3.67–126.28) to the LE (mean: 2.75; range: 1.48–5.04) to the Gulf (mean: 1.29; 

range: 0.99–2.38). The regional distribution pattern of the mean sea-to-air flux density was 

similar: 31.02 (range: 2.11–336.8) μmol m-2 d-1 in the UE, 5.47 (1.14–16.54) μmol m-2 d-1 in 

the LE, 1.63 (-0.03–10.41) μmol m-2 d-1 in the Gulf. The annual methane emission rate was 

greatest in the Gulf (117.7 × 106 mol) followed by the UE (26.0 × 106 mol), and the LE (14.8 

× 106 mol), totalling 158.4 × 106 mol. [CH4] in the UE’s water column was relatively 

homogenous at the head of the estuary, increased with depth in the turbidity maximum zone, 

and mirrored the salinity structure in the downstream area. The vertical [CH4] profiles in the 

LE and the Gulf were characterized by a subsurface [CH4] maximum (SMMax, 4.0–30.4 

nmol L-1) and a deep [CH4] minimum (DMMin, mostly in the range of 0.17–3.7 nmol L-1) 
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that were omnipresent in the Laurentian Channel and its branches. While the SMMax is 

suggestive of in situ biological methane production, the DMMin can be attributed to the 

depleted [CH4] in the source water largely composed of the North Atlantic Central Water 

(NACW). Mass-balance budgeting based on the DMMin and SMMax data produced a net 

consumption rate of ~0.1 nmol L-1 year-1 in the NACW, net production rates of ~40 nmol L-

1 d-1 at the head of the Laurentian Channel and 2.8 10-3 nmol L-1 d-1 near Cabot Strait. 

Vertical profiles collected at pockmark sites in the LE displayed enriched but highly variable 

near-bottom [CH4] (10.4–695.3 nmol L-1) and implied a diffusive flux of up to ~700 mmol 

CH4 m2 d-1 from the pockmarks into the bottom water. Little pockmark-released methane 

could reach the sea surface and escape to air before being consumed by bacteria and/or 

diluted by surrounding low-[CH4] water masses. No significant influence of the hypoxic 

conditions on [CH4] in the bottom water of the LE was observed. Lab incubations yielded a 

large range of methane cycling rates from a net production of 0.0068 nmol L-1 d-1 to net 

consumption with turnover times of 33.3–263 days. The δ13C of CH4 (δ13CCH4 relative to 

PDB) for the EGSL ranged from −40.91 to −27.42‰ (mean: −33.28‰) and was not related 

to the [CH4]. The δ13CCH4 values for the cold intermediate layer where the SMMax was 

located are consistently more negative than those above and below the cold intermediate 

layer. This study demonstrates that 1) in terms of [CH4] and emission rate, the UE of the 

EGSL behaves like a typical shallow macrotidal estuary, while the LE and the Gulf resemble 

outer shelf seas and ocean’s slope regions, respectively; 2) the [CH4] and emission rates in 

the EGSL are at the lower bound of the global estuarine environments; 3) the methane pool 

in the EGSL is composed of strongly oxidized methane residues of both freshwater and 

marine origins, pockmark-derived thermogenic methane, and possibly 13C-enriched biogenic 

methane as well; 4) upwelling at the head of the Laurentian Channel is a potentially important 

contributor to the surface water methane budget in the LE and the Gulf; 5) the large 

dimensions and the associated complex physical and biogeochemical processes and their 

interactions set the EGSL, particularly its LE and the Gulf, apart from typical estuarine 

environments in terms of methane dynamics and biogeochemical cycling. 
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3.3 INTRODUCTION 

As the second most important greenhouse gas with continuously increasing 

atmospheric concentrations, methane has attracted much attention during the last several 

decades (IPCC, 2013). Although the ocean has long been recognized as a natural source of 

atmospheric methane, earlier estimates of the diffusive oceanic methane flux vary by more 

than an order of magnitude (0.4 to 18 Tg CH4 year-1) (Bange et al, 1994; Bates et al., 1996; 

Rhee et al., 2009; Kirschke et al., 2013). More recent assessments have substantially reduced 

the range to 2.2–6.3 Tg CH4 year-1 (mean: 3.84 Tg CH4 year-1) (Weber et al., 2019) and 4–

10 Tg CH4 year-1 (Saunois et al., 2020), with coastal oceans (<200 m depth) on average 

contributing ~70% of the total flux (Weber et al., 2019). The uncertainty in the coastal 

estimate (1.1–4.8 Tg CH4 year-1) is, however, considerably larger than that in the offshore 

estimate (0.8–2.0 Tg CH4 year-1) (Weber et al., 2019). The greater uncertainty for coastal 

waters arises to a large extent from undersampling relative to highly variable dissolved 

methane concentration ([CH4]) distributions attributable to the complex interactions of 

production, consumption, and transport of methane in coastal environments. This is 

particularly true for land-ocean transitional zones, such as estuaries, bays, and fjords, where 

the effects of freshwater discharge, tidal actions, and gravitational circulations are more 

pronounced.    

Estuaries usually receive large amounts of methane from river runoff (Middelburg et 

al., 2002; Borges and Abril, 2011). Additional methane may be added to estuarine surface 

waters through upward transport within the water column; this process, nonetheless, highly 

depends on the water depth and mixing conditions. In shallow tidal estuaries, upward 

transport can be an important source of methane to the surface water, leading to methane 

concentrations ([CH4]s) of up to micromolar levels (Middelburg et al., 2002; Borges and 

Abril, 2011). In deep, stratified estuarine environments, however, much less deep methane 
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may reach the surface due to depressed vertical mixing and/or rapid microbial methane 

consumption in the bottom water (Lidstrim, 1983; Capelle et al., 2019; Chapter 2). Bottom 

waters in certain estuarine systems can be highly enriched with methane due to input from 

surface sediments in which biogenic methane accumulates (Fenchel et al., 1995; Capelle et 

al., 2019; Chapter 2) and/or from sub-seafloor gas/oil reservoirs containing methane of 

thermogenic and/or biogenic origin (Damm et al., 2005; Pinet et al., 2008; Lavoie et al., 

2010). The sub-seafloor methane escapes into the water column often through gas vents, such 

as pockmarks, which are frequently spotted on continental shelves (Rogers et al., 2006; 

Forwick et al., 2009; Brothers et al., 2012). Biogenic methane is depleted with the stable 

isotope of 13C relative to thermogenic methane, which can be used to discriminate the two 

sources (Whiticar, 1999).  

In seasonally ice-covered estuarine systems, the presence of sea ice during winter adds 

another variable that not only directly hampers air-sea gas exchange (Lovely et al., 2015; 

Prytherch et al., 2017) but also affects the concentration and distribution of methane in the 

underlying seawater through brine rejection and drainage (Damm et al., 2015b, 2018; 2021). 

Previous methane studies in estuarine environments were mostly conducted in shallow, 

riverine-dominated systems characterized by high methane concentrations and emission rates 

(Borges et al., 2011), while much less attention has been paid to large, deep, and stratified 

(i.e. marine-dominated) estuarine systems. On the eastern seaboard of North America, the 

surface area of the marine-dominated estuaries is comparable to that of the riverine-

dominated estuaries (Cai, 2011), demonstrating the importance of considering both systems 

in assessing air-sea methane fluxes. Although the east coast of North America hosts some of 

the largest and most dynamic estuarine systems in the world (e.g. the Delaware estuary/Bay, 

Chesapeake Bay, and the St. Lawrence estuarine system), lack of data left them unmentioned 

in recent global compilations of surface water [CH4]s and methane emission rates (Weber et 

al., 2019; Saunois et al., 2020). Here we report a multi-season, multi-year dataset on [CH4] 

in the water column of the world’s largest semi-enclosed estuarine system – the Gulf and 

Estuary of the St. Lawrence (EGSL) in eastern Canada, with the objectives of assessing the 
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emission rates of methane, identifying its origins, and elucidating the processes controlling 

its distribution in this immense estuarine environment. 

3.4 REGIONAL SETTING 

The EGSL is a seasonally ice-covered water body located at the southern limit of the 

subarctic zone. It stretches seaward from the landward limit of salt intrusion near Île 

d'Orléans (~5 km downstream of Quebec City) to the Straits of Cabot and Belle Isle 

connected to the Atlantic Ocean (Fig. 3-1a). The St. Lawrence estuary, ~400 km long, covers 

the section upstream of Pointe-des-Monts where it widens into the Gulf of St. Lawrence 

(GSL). An abrupt landward shoaling from 300 m to 50 m near Tadoussac subdivides the St. 

Lawrence estuary into the upper and lower estuary (El-Sabh and Silverberg, 1990) (Figs. 3-

1a,b). The Upper Estuary (USLE), with a length of ~180 km and an area of 2500 km2, is 

narrow (2–24 km wide) and shallow (mostly <30 m deep) (d’Anglejan, 1990). The Upper 

Estuary is deeper on the north side than on the south side and has a complex bottom 

topography featured with disconnected channels and troughs separated by ridges and islands 

(Fig. 3-1b). The Lower Estuary (LSLE) is much larger (area: 8900 km2; length: ~220 km; 

width: 30–50 m) and deeper (~300 m) and possesses a relatively smooth topography 

characterized by the Laurentian Channel (LC), a deep (~300–535 m), wide (average: 50 km; 

maximum: 80 km), and U-shaped glaciated valley (Figs. 3-1a,b) (Strain, 1988; d’Anglejan, 

1990). The LC traverses 1240 km from the eastern Canadian continental margin through the 

Gulf and the Lower Estuary and terminates at the Lower Estuary’s head marked by a shallow 

(50 m depth), steep sill. The GSL is a semi-enclosed marginal sea covering an area of ~240 

000 km2 (Dufour and Ouellet, 2007). In the northeastern part of the Gulf, two troughs branch 

from the LC: the Esquiman Channel paralleling the west coast of Newfoundland and the 

Anticosti Channel which is connected to the Esquiman Channel and parallels the LC north 

of Anticosti Island. Other topographic features of the Gulf include the shallow (usually <75 

m) Magdalen Shelf in the south and the restively isolated, narrow Mecatina Trough aligning 

with the north coast of the northeastern portion of the Gulf (Fig. 3-1a).  
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The EGSL receives its freshwater input mainly from the St. Lawrence River draining 

the Laurentian Great Lakes. With a drainage basin of ~1.32 × 106 km2 and an annual mean 

freshwater discharge of 11 900 m3 s-1, the St. Lawrence River is ranked the second largest 

river system on the North America continent, only after the Mississippi River (El-Sabh, 

1988). Additional freshwater delivery to the EGSL mostly comes from the Saguenay Fjord 

(mean annual discharge: 1 470 m3 s-1) and several smaller rivers (combined mean annual 

discharge: 1 440 m3 s-1) on the north shore of the lower estuary (El-Sabh, 1988).   

The input of freshwater creates an estuarine circulation in the St. Lawrence estuary, 

with a seaward freshwater flow in the surface compensated by a landward seawater motion 

below. Superimposed on this general circulation are a multitude of local physical features 

throughout the entire system. In the upper reach of the Upper Estuary, strong tidal actions 

(mean tidal range: ~5 m) aided by shoaling bottom topography lead to extremely intense 

mixing and along-estuary salinity gradients. The downstream area of the Upper Estuary often 

witnesses frontal features partly associated with the complex bathymetry there and the 

outflow from the Saguenay Fjord (Ingram and El-Sabh, 1990). The abrupt bathymetric 

change at the head of the LC produces tidally induced upwelling that brings cold nutrient-

laden subsurface water to the surface of the Lower Estuary (Therriault et al., 1990; Galbraith, 

2006; Cyr et al., 2015). The large dimensions of the Lower Estuary, with its width many 

times larger than its internal Rossby radius (~10 km) (Lie and El-Sabh, 1983), allow for the 

development of mesoscale phenomena influenced by Coriolis effects such as cold and warm 

eddies in the central Lower Estuary and the buoyance-driven coastal jet along the south shore 

(Lie and El-Sabh, 1983; Mertz et al., 1988), making the St. Lawrence estuary one of the most 

laterally stratified estuaries worldwide (Larouche et al., 1987). After exiting the mouth of the 

Lower Estuary, the coastal jet is strengthened by the Anticosti cyclonic gyre in the northwest 

GSL to form the Gaspe Current, which carries freshwater from the St. Lawrence estuary into 

the Gulf and flows out through the south side of Cabot Strait. Atlantic surface water enters 

the Gulf via the north side of Cabot Strait and flows northeast along the west coast of 

Newfoundland, while Labrador Shelf water comes into the Gulf through the Strait of Belle 

Isle and moves west along the north shore of the Gulf (Fig. 3-1a). 
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The water column in the Upper Estuary varies from well mixed in the head region to 

partially stratified in the downstream area, particularly in the relatively deep northern 

channels. In contrast, the water column in the Lower Estuary and the Gulf is strongly and 

permanently stratified. In winter, the water column is characterized by two main layers: the 

near-freezing surface mixed layer (~75 m thick and salinity ~32 in the Gulf) containing 

locally formed water and Labrador Shelf water and the warmer (1–7°C) and saltier (salinity: 

32–35) lower layer (> 75 m deep) composed of a mixture of North Atlantic Central Water 

(NACW) and Labrador Current Water (LCW) flowing landward through Cabot Strait 

(Galbraith, 2006; Bourgault et al., 2017). In spring, warming temperatures and increasing 

freshwater inputs stratify the surface water, leading to a three-layer structure that persists 

throughout the summer and fall seasons: the thin (~40 m thick), fresher surface layer 

(temperature: 3–20°C; salinity: 25–31), the cold intermediate layer (CIL) (temperature: 

−1.7–3°C; salinity: 31–32.6) located between 40 and 150 m, and the warmer, saltier deep 

layer (temperature: 3–7°C; salinity: 33–35) (Gilbert and Pettigrew, 1997; Galbraith, 2006; 

Bourgault et al., 2017). The three-layer structure reverts to the two-layer system during 

winter due principally to surface cooling and increased wind-driven mixing. In the Gulf, the 

CIL is a remnant of the preceding winter’s cold surface water, whereas in the Lower Estuary 

it is advected from the Gulf (Ingram, 1979). The residence time of surface water in the Lower 

Estuary is ~4 months (Silverberg and Sundby, 1990), while it takes 4–7 years for a water 

parcel in the deep layer to travel from the mouth to the head of the LC (Bugden, 1988; Gilbert, 

2004). The 100-m thick bottom layer in the Lower Estuary has been under hypoxic conditions 

(dissolved oxygen concentration <62.5 μmol L-1) since the mid-1980s due to the permanent 

water column stratification combined with an increased biological oxygen demand and a 

reduced inflow of the cold, oxygen-rich LCW relative to the warm, oxygen-poor NACW 

(Gilbert et al., 2005; Jutras et al., 2020). 

The tide in the St. Lawrence Estuary is semidiurnal, with a tidal range reaching nearly 

5 m near the head (El-Sabh and Murty, 1990). The estuarine circulation, combined with tide- 

and wind-forced turbulence and asymmetrical ebb-flood tidal waves, generates a year-round 

turbidity maximum in the headward region between Île d'Orléans and Île-aux-Coudres where 
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suspended particle concentrations of 50 to 200 mg L-1 are commonly observed (d'Anglejan, 

1990). The strong turbulent mixing in the Upper Estuary leads to negligible net deposition of 

particles and a floor covered mainly with sand and gravels (d'Anglejan and Brisebois, 1978; 

Silverberg and Sundby, 1979). The particulate matter introduced from the St. Lawrence River 

(6.5 × 106 tons year-1, Rondeau et al., 2000) is mostly transported to the Lower Estuary and 

the Gulf and settles onto the floor of the LC (d'Anglejan, 1990). Sediments in the LC are 

typically fine-grained particulates (pelites) composed of, on average, 60% clay, 35% silt and 

5% sand (Nota and Loring,1964). The floor and the northwest shoulder of the LC in the 

Lower Estuary host ~2000 pockmarks, with diameters ranging from a few tens of meters to 

700 m (Pinet et al., 2008; Lavoie et al., 2010). The 15-km long Matane pockmark train 

composed of 109 linear-aligned pockmarks is a prominent geological feature on the floor of 

the Lower Estuary (Pinet et al., 2010). Authigenic carbonate concretions formed by microbial 

oxidation of pockmark-released methane have been spotted; video observations and echo-

sounder images directly confirmed the presence of actively gas-venting pockmarks (Lavoie 

et al., 2010). Limited numbers of studies suggest that pockmarks are likely widespread on 

the seabed of the Gulf as well (Syvitski and Praeg, 1989; Josenhans et al., 1990; Sirdeys, 

2019). 

Strong mixing and high turbidity limit primary production in the Upper Estuary 

(Therriault et al., 1990). In the Lower Estuary and the Gulf, the more stable water column, 

in conjunction with nutrients delivered from the St. Lawrence River and upwelled near the 

head of the LC, leads to higher primary productivity, with peak values occurring in summer 

in the Lower Estuary (Therriault and Levasseur, 1986; Mei et al., 2010) and in spring in the 

Gulf (de Lafontaine et al., 1991; Mei et al., 2010). The Upper Estuary maintains an estuary-

adapted, endemic community of zooplankton composed of planktonic and epibenthic 

copepods and mysids (Runge and Simard, 1990). In the Lower Estuary and the Gulf, the 

abundance, distribution, and species composition of zooplankton often exhibit substantial 

regional and seasonal variations, depending on water circulation and water column physical 

characters, particularly the positions and thermal properties of the CIL (Runge and Simard, 

1990; Simard and Lavoie, 1999; Descroix et al., 2005; Harvey et al., 2009). Overall, 
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copepods of the Calanus species dominate mesozooplankton (Roy et al., 2000; Plourde et 

al., 2002), while mysids and euphausiids are among the prevailing macrozooplankton in the 

Lower Estuary and the Gulf (Descroix et al., 2005; Sourisseau et al., 2006). 

Macrozooplankton contribute a sizable portion (10–20%) of the total zooplankton biomass 

in the Lower Estuary and the Gulf (Harvey and Devine, 2009). 

In summary, the EGSL is composed of three connected regions with widely different 

oceanographic features. The Upper Estuary resembles a typical macrotidal estuary dominated 

by physical mixing and abiotic processes, the Lower Estuary is more oceanic in nature and 

dominated by biological processes (Yeats, 1990), and the Gulf behaves like a shelf sea with 

larger-scale circulations and stronger biological-physical interactions (Strain, 1988). These 

features, alongside the large difference in the water renewal times of the surface and deep 

water in the LC, make the EGSL an ideal natural laboratory for examining the transport and 

biogeochemical cycling of bioactive elements. The presence of numerous pockmarks and 

extensive hypoxia make the EGSL even more appealing for methane-oriented research. 

3.5 METHODS 

3.5.1 Sampling 

Table 3-1 lists the cruises undertaken and other relevant sampling information. A total 

of nine sampling campaigns covered all four seasons, with two in spring, one in summer, 

three in autumn, and three in winter. As all cruises were opportunistic, the area sampled and 

stations visited by each cruise were not always the same (Fig. 3-1c, Fig. 3-S1), depending on 

the primary purpose of the cruise and the resources available. Bulk water was taken from 

different depths of the water column with 12-L Niskin bottles mounted on standard 

conductivity-temperature-depth (CTD) rosettes. During the Jun-15, Oct-16, Jun-17, Nov-17, 

and Feb-19 cruises, the Niskin bottles were subsampled into 50-mL glass syringes (Popper 

& Sons) via a three-way nylon valve connected to a clean, thick-walled silicone tube (~10 

cm long). Care was taken to avoid trapping air bubbles into the syringes during sample 
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transfer. Prior to sampling, the syringes were thoroughly flushed with the sample water 

before the final filling. All syringe samples were analyzed for [CH4] aboard the ship 

immediately after sample collection. On all other occasions, the Niskin bottles were 

subsampled into 200-mL glass serum vials again via a clean, thick-walled silicone tube, 

following the water transfer procedure for collecting dissolved oxygen samples (Grasshoff 

et al., 2009). Each serum vial was overflowed about twice the volume of the vial to minimize 

the contact of the sample with air. The vial was then treated with 300 μL of supersaturated 

mercuric chloride before being closed with a PTFE-lined aluminum crimp seal. All the serum 

vials were pre-cleaned with acid-soaking and combustion at 450°C for 5 hours. In addition 

to collecting [CH4] samples, the Nov-17 cruise also acquired samples for δ13CCH4 using the 

same serum vial method. Owing to resource limitations, the Nov-17 cruised only sampled 2–

4 depths, depending on the total water depth. In the LC and its branches, always four depths 

were sampled: surface (< 2.5 m), the core of the CIL, sub-CIL (mostly ~200 m), and bottom 

(3–15 m above the seafloor). All [CH4] and δ13CCH4 samples were collected in duplicate. The 

sample-filled serum vials were stored in the dark at ~4°C and transported to land-based 

laboratories for [CH4] measurement in Rimouski, Canada and for δ13CCH4 analysis at the 

Alfred Wegener Institute in Bremerhaven, Germany. 

Air samples from the marine boundary layer were collected during the Oct-16 and Jun-

17 cruises. Samples were drawn in duplicate at the bow, facing the wind, into 10-mL all-

glass syringes and analyzed within minutes by direct injection into the methane analyzer. 

Prior to sampling, the internal wall of the syringes was water-moistened to ensure that the air 

samples had the same relative humidity (100%) as that in the standard gas (section 3.5.3).  

3.5.2 Incubations 

Incubations were conducted during the June-15 and Nov-17 cruises to determine the 

net cycling rates (i.e. consumption or production) of methane in the water column. Bulk water 

was collected using Niskin bottles from the surface (<5 m), the subsurface methane 

maximum (section 3.6.4), and near the bottom (~10 m above the seafloor) at selected stations 
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in the Lower Estuary and Gulf (stations 10R and 03R in June 2015, PM5, IF35 and IML10 

in November 2017, and PM5 in February 2019. Fig 3-S1). The water in the Niskin bottles 

was subsampled in duplicate into 200-mL all-glass syringes (Jun-15 and Nov-17 cruises) or 

200-mL serum vials (Feb-19 cruise) in the manner described in section 3.5.1. The syringes 

were closed with a three-way nylon valve and serum vials with a PTFE-lined aluminum 

crimp seal without adding any preservatives. The syringes and serum vials were incubated in 

the dark at the temperatures close to the in-situ temperatures of the incubated samples. [CH4] 

in the incubating vessels was monitored at time intervals of days to weeks. Short-term 

incubations were performed aboard the ships while prolonged incubations were transferred 

to the land after the cruises. 

3.5.3 Methane measurement 

The procedures for [CH4] and 13CCH4 measurements were exactly the same as those 

described in Section 2.5.2. Additional information for the EGSL surveys includes: The 

analyzer was calibrated with methane standards of 4.80 (Jun-15 cruise), 4.94 (Oct-16, Mar-

17, Feb-18, and Feb-19 cruises) and 5.08 (Jun-17, Aug-17, Oct-17, and Nov-17 cruises) 

ppmv (Air Liquide) traceable to the National Institute of Standards and Technology; the mean 

relative deviation for all duplicate [CH4] measurements (i.e. field and lab analyses combined) 

was 3.3%.  

3.5.4 Ancillary measurements 

Water depth, temperature, and salinity were recorded with a Sea-Bird SBE 9plus CTD, 

dissolved oxygen ([O2]) with a Sea-Bird SBE 43 probe calibrated by the Winkler method 

(Grasshoff, 2009), and chlorophyll a fluorescence and turbidity with a Sea-Bird ECO 

FLNTU sensor (Oct-16, Mar-17, Jun-17, Aug-17, Nov-17, and Feb-18 cruises). During the 

Oct-17 and Feb-19 cruises, chlorophyll a fluorescence was recorded with a Seapoint 

fluorescence sensor and light transmission with a Wetlabs Cstar transmissometer.   
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3.5.5 Calculations of saturation ratio and air-sea flux 

The saturation ratio (SR) of [CH4] is defined as: 

𝑆𝑅 =  
[CH4]mea

[CH4]eq
⁄                                                           (3-1) 

Here [CH4]mea (nmol L-1) denotes the measured [CH4] and [CH4]eq (nmol L-1) represents the 

[CH4] equilibrated with the atmosphere. [CH4]eq is calculated using the solubility data of 

Wiesenburg and Guinasso (1979) and an atmospheric methane mixing ratio of 1.92 ± 0.13 

ppmv (n = 78) determined during the Oct-16 and Jun-17 cruises (section 3.1). The air-sea 

flux density of methane (j, µmol m-2 d-1) is calculated according to Liss and Slater (1974): 

𝑗 = 𝑘([CH4]mea − [CH4]eq)                                                          (3-2) 

Here k (cm h-1) signifies the gas transfer velocity calculated using the formula of Raymond 

and Cole (2001) (kRC, eq. 3-3) and that of Wanninkhof (2014) (kW14, eq. 3-4) for ice-free 

seasons. 

𝑘𝑅𝐶 = 1.91𝑒0.35U(𝑆𝑐
600⁄ )

−0.5
                                              (3-3) 

𝑘𝑊14 = 0.251〈𝑈2〉(𝑆𝑐
660⁄ )

−0.5
                                              (3-4) 

Here U stands for wind speed (m s-1) at the 10-m height, <U2> for the average of wind speeds 

squared, and Sc for the Schmidt number of methane (Wanninkhof, 2014). Wind speed data, 

available online at the St. Lawrence Global Observatory website (https://ogsl.ca/en), were 

provided by the weather stations along the shores of the EGSL (Fig. 3-S1). Weather stations 

Cap Tourmente and Rivière-du-Loup provided wind speeds for the Upper Estuary, Pointe-

au-Père for the Lower Estuary, Longue-Pointe-de-Mingan, Heath Point, Cap Whittle, 

Daniel's Harbour and Aéroport de Blanc-Sablon for the northern Gulf, and Cap-Chat, 

Aéroport de Sept-Îles, Cap-d'Espoir, Aéroport des Îles de la Madeleine, Port aux Basques, 

Heath Point to the southern Gulf (Sampling regions are shown in Fig. 3-1c (inset)). Monthly 

https://ogsl.ca/en
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wind speeds were averaged over the sampling day (24 h) and sampling month to assess the 

air-sea fluxes on the corresponding time scales. 

Raymond and Cole (2001) reported three formulae for calculating k in estuarine 

environments based on data from floating dome studies, non-dome (i.e. tracer) studies, and 

a combination of the two, respectively. The dome data gives substantially higher k values 

than does the non-dome data, particularly above intermediate wind speeds. In this study, we 

chose the formula based on the composite data of the dome and non-dome studies to calculate 

k for the Upper Estuary. The Wanninkhof formula was adopted for the Lower Estuary and 

the Gulf due to their much larger dimensions relative to the Upper Estuary. 

During the winter cruises (Table 3-1), the EGSL was partially covered with ice (Table 

3-S1). The effective transfer velocity (keff, cm h-1) in the presence of sea ice is calculated 

according to Prytherch et al. (2017): 

𝑘𝑒𝑓𝑓 = 𝑓 ×  𝑘                                                                                             (3-5) 

Here f stands for the fraction of open water and k for the open water gas transfer velocity 

obtained from eqs. 3-3 and 3-4. Ice cover fractions (i.e. 1−f) were estimated from weekly 

Geographic Information System (GIS) charts obtained from the Canadian Ice Service 

(https://iceweb1.cis.ec.gc.ca/Archive/page1.xhtml?lang=en). All charts were gridded on a 

0.01° latitude by 0.015° longitude grid (approximately 1 km resolution). Ice coverage 

expressed in tenths was then converted to area for each pixel, which was summed for each 

subregion aforementioned. The total fraction was obtained by dividing the total ice cover 

area for a specific subregion by the surface area of that region. Note that eq. 3-5 was derived 

from direct measurements of keff using the eddy covariance technique (Prytherch et al., 2017). 

Earlier studies based on indirect measurements suggest that keff is generally higher than the 

transfer velocities derived from the wind speed-parameterizations under ice-free conditions, 

particularly at relatively low ice concentrations (Fanning and Torres, 1991; Loose et al., 

2014; Lovely et al., 2015). Therefore, our methane flux estimates for the ice-covered seasons 

may represent the lower bounds.  

https://iceweb1.cis.ec.gc.ca/Archive/page1.xhtml?lang=en
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3.6 RESULTS AND DISCUSSION 

3.6.1 Surface water concentrations and estuarine mixing behavior 

Means and ranges of surface-water [CH4] ([CH4]surf) for different seasons and sub-

regions, along with the parallel surface-water temperatures and salinities, are shown in Table 

3-2. Based on the composite data combining all cruises, the mean [CH4]surf decreased from 

57.4 nmol L-1 (range: 12.5–392.8 nmol L-1) in the Upper Estuary to 9.8 nmol L-1 (range: 4.8–

21.0 nmol L-1) in the Lower Estuary to 4.3 nmol L-1 in the Gulf (range: 2.8–8.9 nmol L-1). 

[CH4]surf for the entire EGSL system spanned from 2.8 to 392.8 nmol L-1 (mean: 13.3 nmol 

L-1), which is within the lower end of the range (2–3600 nmol L-1) measured in global 

estuarine waters (Middelburg et al., 2002; Borges and Abril, 2011; Upstill-Goddard and 

Barnes, 2016; Borges et al., 2018; Ye et al., 2019). This is consistent with the little 

accumulation of sediments in the USLE and the much greater depths of the LSLE and the 

GSL (section 3.4) in comparison with many other organic-rich and shallow estuarine 

systems, such as the Hudson River Estuary in the United States (De Angelis and 

Scranton,1993), the Ems Estuary in the Netherlands and Germany (Middelburg et al., 2002), 

and the Adyar River Estuary in India (Nirmal Rajkumar et al., 2008). 

In the Gulf, winter showed the highest mean [CH4]surf (6.2 nmol L-1) among the four 

seasons, with the other three seasons exhibiting little variation (3.6–4.4 nmol L-1) (Table 3-

2). In the Lower Estuary, only two stations were sampled in summer (Figure 3-S1), making 

it difficult to assess the full seasonality of [CH4]surf. However, the mean [CH4]surf in winter 

(16.5 nmol L-1) was nearly twice those in spring (8.5 nmol L-1) and autumn (8.9 nmol L-1). 

In the Upper Estuary, the mean [CH4]surf was again considerably higher in winter (92.9 nmol 

L-1) than in autumn (51.0 nmol L-1); comparisons with the other two seasons were, 

nonetheless, not possible due to the absence of summer data and with very limited spring 

data available (Table 3-2). The higher winter [CH4]surf throughout the EGSL system could be 

partly due to a relatively stronger riverine input in winter. The St. Lawrence is a dam-

regulated river system and its water flow during winter is higher than under unregulated 
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conditions. Calculated using the Qmec model developed by Bourgault and Matte (2020a, 

2020b) and averaged over the relevant cruise periods, the freshwater discharge rate at Quebec 

City in winter (13883 m3 s−1) was lower than the peak flow during spring (15945 m3 s−1) but 

higher than those in summer (12690 m3 s−1) and autumn (12774 m3 s−1). Moreover, lower 

temperatures (Table 3-2) and the presence of sea ice (Table 3-S1) during the winter season 

could also have contributed to the higher winter [CH4]surf. Low temperatures increase the 

methane solubility and decrease microbial methane oxidation, while ice cover hinders 

outgassing from the water column to the atmosphere. Rejection of dissolved gases along with 

brine during sea ice formation could also increase [CH4] in the underlying water (Damm et 

al., 2015b). 

The along-estuary distributions of [CH4]surf in the Upper Estuary showed the highest 

concentrations in the turbidity maximum zone (TMZ) which was sampled in October 2017 

(station ES12: 392.8 nmol L−1) and February 2019 (station P2: 164.2 nmol L−1) but left out 

or only partially covered during the other cruises due to resource limitations. The light 

transmissions at stations ES12 (22.4%) and P2 (0.5%) were among the lowest (and hence 

highest turbidities) observed within the respective cruises (Fig. 3-S2). High [CH4]s have also 

been measured in the TMZs of the estuaries of the Humber, Forth, and Tay in the UK and 

have been ascribed to methane release from underlying anoxic sediments during particle 

resuspension and/or methanogenesis on tidally resuspended particles (Upstill-Goddard et al., 

2000; Upstill-Goddard and Barnes, 2016). The TMZ in the USLE may receive additional 

methane released directly from the nearby Cap Tourmente intertidal marsh on the north shore 

and indirectly from the sediments eroded away from the marsh during autumn in part due to 

migratory birds feeding on the marsh plants (Serodes and Troude, 1984; Lucotte and 

d’Anglejan, 1986). The TMZ in the USLE is also enriched with dissolved and particulate 

organic matter (Xie et al., 2012), which could lead to enhanced abiotic methanogenesis 

through photodegradation of the organic matter (Zhang and Xie, 2015; Chapter 4). Note that 

Middelburg et al. (2002) observed [CH4] minima, instead of maxima, in the TMZs of certain 

European tidal estuaries and attributed this phenomenon to intense methane egress and 

oxidation and lower accumulation of organic matter and methanogenesis in sediments in the 
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TMZs due to strong currents and turbulent mixing. TMZ-associated processes can thus 

strengthen both the sources and sinks of methane. In the USLE, the extra methane sources 

introduced into the TMZ appeared to outweigh the enhanced sinks during the sampling 

periods. 

Excluding the elevated [CH4]surf data points in the TMZ, [CH4]surf dropped rapidly with 

distance to Quebec City in the Upper Estuary (0–190 km) and continued to decrease, but at 

a much slower pace, further seaward along the main axis of the LC in the Lower Estuary and 

the Gulf (Fig. 3-2a). The composite data can be fitted to a single equation (inset in Fig. 3-

2a), though the patterns for the individual cruises can be best described by different fits (Fig. 

3-S3). Similar to the [CH4]surf vs. distance patterns, the distributions of [CH4]surf vs. salinity 

exhibited faster declining concentrations at relatively low salinities than at higher salinities 

(Fig. 3-2b). The difference in the decreasing pace between the two salinity zones was, 

however, substantially smaller than that for the [CH4]surf vs. distance pattern. This was mainly 

caused by the extremely rapid salinity change within the limited length of the TMZ, which 

also explains the lack of data between salinity 4 and 13 (Fig. 3-2b). Excluding the Jun-15 

cruise which only covered a limited area in the Gulf (Fig. 3-S1), the [CH4]surf vs. salinity 

relationships for the individual cruises can all be delineated by a simple exponential decay 

manner save the Nov-17 and Feb-19 expeditions’ linear decrease trends (Fig. 3-S4). The 

exponential decrease in [CH4]surf with salinity indicates that methane underwent a fast net 

removal from the surface water during estuarine mixing in the inner Upper Estuary. Similar 

phenomena have been observed in other tidal estuaries and attributed to intense degassing, 

microbial oxidation, and dilution with low-[CH4] seawater in the upper reaches of the 

estuaries (Middelburg et al., 2002; Zhang et al., 2008; Borges et al., 2011; Ye et al., 2019). 

The linear relationships for the Nov-17 and Feb-19 cruises suggest that the [CH4]surf 

dynamics during these periods was primarily controlled by physical mixing. 

Significant lateral variations in [CH4]surf were observed in the Lower Estuary and the 

northwest Gulf where cross-shore transects were sampled (Fig. 3-3). Except for transects 3S 

and 4S, stations near both the north and south shores generally exhibited higher 
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concentrations relative to those farther away from the shores due presumably to terrestrial 

freshwater discharge and/or upward diffusion of methane from shallow sediments near the 

coasts. [CH4]surf along transects 3S and 4S increased northward, which was particularly 

evident for transect 4S. The north side of transect 3S could be marginally influenced by the 

freshwater runoff from the Bersimis River, while the northernmost station on transect 4S was 

close to the mouths of the Outardes and Manicouagan Rivers (Fig. 3-3). These three rivers 

combined are a significant source freshwater (9.7%) to the Lower Estuary (El-Sabh, 1988). 

Riverine inputs could thus be a key factor leading to the higher [CH4]surf on the north sides 

of transects 3S and 4S. In the northwest Gulf, the southernmost stations on transects TSI and 

TASO displayed the highest concentrations on their respective transects, conforming to the 

fact that these two stations were located within the Gaspe Current carrying the freshwater 

from the St. Lawrence River (Fig. 3-1a; section 3.4) 

3.6.2 Air-sea fluxes  

The surface-water saturation ratios (SR), transfer velocities, and air-sea flux densities 

(j) of methane are compiled in Table 3-3. [CH4]surf were always supersaturated (i.e. SR >1) 

except for 9 occasions when [CH4]s were essentially at equilibrium with the atmosphere (SR: 

0.99-1.04). These near-saturations occurred exclusively in the Gulf: station 15R, 16R (Jun-

15); TBB2, TBB4, TBB5, CH2, IF10 (Oct-16); CH7, CH8 (Jun-17) (Fig. 3-S1). Based on 

the composite data, the Upper Estuary showed the highest and the most variable saturation 

ratios (mean: 15.82; range: 3.67–126.28) followed sequentially by the Lower Estuary (mean: 

2.75; range: 1.48–5.04), the south Gulf (mean: 1.33; range: 0.99–2.38), and the north Gulf 

(mean: 1.21; range: 1.03–2.29). The higher variability in the Upper Estuary could be 

principally attributed to the larger salinity range encountered (0.09–29.33) in comparison 

with the other subregions (24.03–32.75 save for the value of 16.83 for the nearshore station 

11ML of Jun. 2017 near the head of the Lower Estuary). The mean flux density tracked a 

similar regional variation pattern: 31.02 (range: 2.11–336.8) μmol m-2 d-1 in the Upper 

Estuary, 5.47 (1.14–16.54) μmol m-2 d-1 in the Lower Estuary, 1.78 (−0.03–10.33) μmol m-2 

d-1 in the south Gulf, and 1.30 (0.16–10.41) μmol m-2 d-1 in the north Gulf. The flux densities 
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in winter were lower than expected from its relatively higher saturation ratios and wind 

speeds due to the reduction of the transfer velocities by ice cover (eq. 3-5). 

The mean flux density for the USLE (31.02 μmol m-2 d-1) is at the lower bound of those 

reported for the European tidal estuaries (median: 222.6 μmol m-2 d-1; range: 3.4-1558.2 μmol 

m-2 d-1, excluding river plumes) (Upstill-Goddard and Barnes, 2016) and well below the mean 

methane flux density for global estuaries (150.0 μmol m-2 d-1) estimated by Rosentreter et al. 

(2021). The USLE’s value is, however, comparable to the mean methane flux density 

estimated for the global shallow (0–50 m deep) coastal waters (33.0 μmol m-2 d-1; range: 

12.6-59.8 μmol m-2 d-1) (Weber et al., 2019). The mean flux density for the LSLE (5.47 μmol 

m-2 d-1) is within the range reported for the global outer shelf waters (50–200 m; 3.8–12.7 

μmol m-2 d-1) (Weber et al., 2019), while the mean flux density for the entire GSL (1.63 μmol 

m-2 d-1) is bracketed by the estimates for the global continental slope waters (200–2000 m; 

1.1–3.2 μmol m-2 d-1) (Weber et al., 2019). Note that the methane fluxes originally reported 

by Weber et al. (2019) are area-integrated rates. We converted these rates into flux densities 

using the areas of the above three ocean regions derived from the ETOPO1 Global Relief 

Model (Eakins and Sharman, 2012). 

Area-integrated fluxes were calculated for each season and each subregion to yield 

annual fluxes for each subregion and the entire EGSL system (Table 3-4). The lack of [CH4] 

data for spring and summer in the Upper Estuary and for summer in the Lower Estuary (Table 

3-2) prevents a direct assessment of the fluxes for these occasions. A tentative evaluation of 

these fluxes was made by assuming the average of the autumn and spring mean [CH4]surf for 

the summer mean[CH4]surf in the Lower Estuary and the autumn mean [CH4]surf for the spring 

and summer mean [CH4]surf in the Upper Estuary. The wind speeds for the assumed-[CH4]surf 

occasions were used for calculating the transfer velocity. The uncertainty of this approach is 

unknown but is considered to be relatively smaller for the Lower Estuary case than for the 

Upper Estuary cases, given the rather small difference in the spring (8.5 ± 2.8 nmol L-1) and 

autumn (8.9 ± 2.3 nmol L-1) mean [CH4]surf in the Lower Estuary (Table 3-2). The annual 

flux estimates indicate that, among the three subregions, the Gulf (117.7 × 106 mol year-1) is 
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the largest methane source to the atmosphere, followed by the Upper Estuary (26.0 × 106 mol 

year-1) and the Lower Estuary (14.8 × 106 mol year-1) (Table 3-4). The flux for the Gulf is 

greatest due evidently to its much larger area compared to the other two sub-regions. The 

grand total for the entire EGSL is 158.4 × 106 mol year-1, accounting for 0.28% of the global 

estuarine methane emission (56.3 × 109 mol year-1, Rosentreter et al., 2021). 

3.6.3 Vertical distributions in the Upper Estuary 

Typical vertical distributions of [CH4], along with those of salinity, temperature, [O2], 

and turbidity (or light transmission), in the Upper Estuary are shown in Fig. 3-4. A station 

(MUCCI A) slightly upstream of the head of the estuary was added for comparison. The 

water column at station MUCCI A was essentially homogeneous based on the structures of 

salinity, temperature, and turbidity (Figs. 3-4b, c). Accordingly, there was little vertical 

variation in [CH4], with only 2% difference between the bottom (41.6 nmol L-1) and surface 

(40.8 nmol L-1) (Fig. 3-4a). Stations P02 (Figs. 3-4d–f) and ES12 (Figs. 3-4g–i) were located 

in the TMZ and had partially stratified physical structures. [CH4]s near the bottom at these 

two stations (station P02: 180.6 nmol L-1; station ES12: 556.0 nmol L-1) were substantially 

higher than those at the surface (station P02: 164.2 nmol L-1; station ES12: 392.8 nmol L-1), 

in line with the increased turbidities near the bottom. Strongly stratified temperature and 

salinity structures characterized stations ES4 (Figs. 3-4j–l) and P05 (Figs. 3-4m–o) located 

in the deeper troughs in the lower reach of the Upper Estuary. The [CH4] profiles essentially 

mirrored those of salinity and the two variables were highly correlated (r: -0.983 for station 

ES4 and -0.999 for station P02). Downward diffusion, albeit limited by the intense density 

gradients, thus predominantly controlled the vertical distribution of [CH4] there. The absence 

of elevated [CH4]s near the bottom indicated no significant methane release from 

resuspended or underlying sediments, consistent with the low turbidities (i.e. high light 

transmissions) at stations ES4 and P05 (Figs. 3-4i,o) and the negligible deposition of fine 

sediments in most parts of the Upper Estuary (d'Anglejan and Brisebois, 1978; Silverberg 

and Sundby, 1979). The [O2] profiles demonstrate that the water column was oxic throughout 

the Upper Estuary, precluding anaerobic methanogenesis as a major in situ methane source. 
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Throughout the water column of the Upper Estuary, [CH4]s were well above the saturation 

concentrations at equilibrium with the atmosphere. Downward diffusion from surface water, 

upward diffusion from underlying sediments, and/or release from resuspended sediments 

thus exceeded microbial methane oxidation in the water column. 

3.6.4 Vertical distributions in the Lower Estuary and the Gulf   

Fig. 3-5 shows the vertical distributions of [CH4], together with those of temperature, 

salinity, [O2], and chlorophyll a fluorescence, along the main axis of the LC in the Lower 

Estuary and Gulf surveyed in October 2016 and June 2017 and along a cross-channel transect 

west of Cabot Strait visited in June 2015. The water column was always highly stratified, 

with temperature showing a typical 3-layer structure (i.e. warm surface layer, CIL, and 

warmer deep layer) in the LC (Figs. 3-5a,d,g). The vertical distributions of [CH4] on both the 

along- and cross-channel sections were featured with a subsurface maximum (SMMax) often 

located at the base of the CIL but occasionally at or near the center of the CIL in the non-

winter seasons (Figs. 3-5c,f,i). The SMMax was underlain by a [CH4] minimum at depths of 

150-400 m (referred to as deep [CH4] minimum or DMMin), depending on location. Below 

the DMMin, [CH4] gradually increased towards the bottom. Near-bottom [CH4] maxima 

were spotted in the boundary area between the Lower Estuary and the Gulf (stations IF37–

TSI14, Fig. 3-5c) and in the central Gulf (stations IF32 and TCEN2, Figs. 3-5c,f), suggestive 

of methane release from the underlying sediments. [CH4]s were supersaturated by a factor of 

1.44–4.66 at the SMMax, undersaturated by a factor of 1.14–20 at the DMMin, and close to 

saturation below the DMMin excluding the near-bottom maximum spots noted above. The 

bottom water of the Lower Estuary was hypoxic ([O2] <62.5 µmol L-1, Figs. 3-5b,e) but no 

significant correlation between [CH4] and [O2] was found (p = 0.17 for Oct-16; p = 0.79 for 

Jun-17). The hypoxic conditions thus are not a major contributor to the methane stock in the 

bottom water of the LSLE, consistent with an only modulating role of O2-deficiency in 

methane formation seen in O2-deficient waters worldwide (Naqvi et al., 2010).  
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Note that the SMMax and DMMin were present not only in the main LC and in spring 

and autumn (Fig. 3-5) but also in the LC’s branches (i.e. the Esquiman and Anticosti 

Channels, data not shown) and in winter and summer (Fig. 3-6). This phenomenon is thus 

year-round and ubiquitous in the water column containing warmer deep water. No SMMax 

and DMMin were observed in areas where the warmer Atlantic water mass was absent, such 

as the shallow shelves (Fig. 3-5i), the Mecatina Trough in the northeast Gulf (Figs. 3-7a,b,e,f) 

and the Strait of Belle Isle (Figs. 3-7c,d,g,h). 

The depth of the DMMin generally corresponded to the subtle temperature maximum 

(200–300 m) overlying the more thermally homogenous bottom water (Fig. 3-6). The deep 

water (>150 m) of the LC (and its branches) is composed of a mixture of cold LCW and 

warmer NACW, with the proportions of the two water masses changing with depth. The 

water between 150 and 300 m contains ~75% NACW, while the water below 300 m is fed 

more with the LCW (50-60%) (Jutras et al., 2020). The DMMin can then be explained by a 

combination of three factors: 1) the NACW endmember is warmer and thus lower in [CH4] 

at its last ventilation; 2) the NACW in the EGSL has a much older ventilation age (>14 years) 

than does the LCW (a few months to a few years) (Mucci et al., 2011), allowing for longer 

microbial methane oxidation in the NACW; 3) the warmer temperature further enhances 

microbial consumption in the NACW. Here we tentatively estimated the net methane loss 

rate in the NACW using the DMMin observed at station TDC5 located near the center of 

Cabot Strait (Fig. 3-S1). The vertical profiles of [CH4] at this station, collected during the 

Oct-16 and Jun-17 cruises, show the DMMin occurring at depths of 250–350 m with potential 

density (σθ) ranging from 27.079 to 27.442 kg m-3 (Fig. 3-S5). This range encompasses σθ of 

27.25 kg m-3 that results from a mixture of the NACW and LCW with respective initial 

densities of 27.10 kg m-3 and temperature and salinity endmembers shown in Table 3-5 

(Gilbert et al., 2005; Mucci et al., 2011). The fractions of NACW (fNACW) and LCW (fLCW) 

in the water with 27.25 kg m-3 σθ at station TDC5 can be calculated from these endmembers 

combined with the in situ temperatures (Tmix) and salinities (Smix) (Table 3-5) using the 

following equations: 
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𝑓NACWTNACW + 𝑓LCWTLCW = Tmix                                                         (3-6) 

𝑓NACWSNACW + 𝑓LCWSLCW = Smix                                                         (3-7) 

where TNACW and TLCW denote the NACW and LCW temperature endmembers, respectively, 

and SNACW and SLCW represent the two water masses’ salinity endmembers. Rearranging eq. 

3-6 yields: 

𝑓LCW =
(Tmix − 𝑓NACWTNACW)

TLCW
⁄                                                                     (3-8) 

Substituting eq. 3-8 into eq. 3-7 and rearranging give: 

𝑓NACW =
(TLCW𝑆𝑚𝑖𝑥 − 𝑇mixSLCW)

(TLCWSNACW − TNACWSLCW)⁄            (3-9) 

Substituting eq. 3-9 into eq. 3-8 yields fLCW. The calculated fNACW and fLCW are ~60% and 

~40%, respectively, during both the Oct-16 and Jun-17 cruises. The LCW parental water 

mass along the 27.10 kg m-3 isopycnal is outcropped to the east of the Grand Banks of 

Newfoundland (>200 km from land) (Robbins et al., 2000; Mucci et al., 2011), where the 

surface-water [CH4]s are unknown. Based on the observation on the nearby Labrador shelf 

(Geng, 2017), here the LCW’s [CH4] endmember ([CH4]end-LCW) is assumed to be 

approximately equal to the saturation concentration at equilibrium with the atmosphere 

defined by the LCW’s temperature and salinity endmembers (Table 3-5). The NACW 

parental water mass along the 27.10 kg m-3 isopycnal is formed in the northeast part of the 

subtropical gyre (Da Costa et al., 2005), where surface-water [CH4]s are close to air 

saturation (Weber et al., 2019). The NACW’s [CH4] endmember ([CH4]end-NACW) can then 

again be calculated from its temperature and salinity endmembers (Table 3-5). The [CH4] at 

27.25 kg m-3 σθ at station TDC5 expected from only a physical mixing of the NACW and 

LCW parental water masses is fNACW  [CH4]end-NACW + fLCW  [CH4]end-LCW, giving 3.1 nmol 

L-1 in both October 2016 and June 2017. The difference between this expected [CH4] and the 

in situ [CH4]s ([CH4]: 1.57 nmol L-1 for October 2016; 2.16 nmol L-1 for June 2017) is 

attributable to microbial methane oxidation during the travel of the parental water masses 
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from their ventilation sites to Cabot Strait. As the LCW is cold and only a few months old 

when it arrives at Cabot Strait (Mucci et al., 2011), microbial methane oxidation is likely 

minor (section 3.6.6). The loss of methane can thus be entirely attributed to microbial 

methane oxidation occurring in the NACW, which is warm and has a ventilation time of ~19 

years in Cabot Strait (Robbins et al., 2000, Mucci, et al., 2011). Dividing [CH4] by the 

ventilation time yields net loss rates of methane in the NACW, 0.084 nmol L-1 year-1in 

October 2016 and 0.11 nmol L-1 year-1 in June 2017. These rates are comparable to that 

estimated by Scranton and Brewer (1978) for the North Atlantic Deep Water near its source 

(0.15 nmol L-1 year-1, ~10 years old) but 2–3 times that estimated by Rehder et al. (1999) for 

the northern components of the North Atlantic Deep Water (0.042 nmol L-1 year-1, 50–60N, 

>600 m deep). Rehder et al. (1999) attributed the relatively higher value of Scranton and 

Brewer (1978) partly to lateral mixing with “older” water. This might also be the case for our 

estimation here, since we did not account for the potential mixing of the NACW with “older” 

water during its passage from the formation site to Cabot Strait. Another factor likely 

contributing to this discrepancy is the enhanced microbial methane oxidation due to the 

warmer temperature of the NACW (11.1C, Table 3-5) compared to the “young” NADW 

(mostly 2–5C, Liu and Tanhua, 2019; Puerta et al., 2020), Q10 values for aerobic microbial 

methane oxidation in seawater are unknown but are 3.4–4.4 in waters of two Arctic Alaskan 

lakes (Lofton et al., 2014), 1.4–2.1 in subarctic peat soils (Dunfield et al., 1993), and ~2.6 in 

a sandy landfill cover soil (Park et al., 2005).  These values roughly fall into the Q10 range of 

1.8–3.3 for heterotrophic bacterial respiration rates (Genovesi et al., 2011). Applying this Q10 

range to deep open-ocean waters will increase Rehder et al.’s (1999) methane oxidation rate 

by 1.4 and 2.9 times (i.e. to 0.060 and 0.12 nmol L-1 year-1) for increases in temperature of 6 

and 9C, respectively. The temperature effect alone could thus account for the discrepancy 

between our study and Rehder et al.’s (1999). 

The formation of the SMMax is apparently linked to the presence of the DMMin 

immediately beneath and the lower temperatures of the CIL (and thus higher equilibrium 

[CH4]s) within which the SMMax were located (Figs. 3-5, 3-6). However, the colder 
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temperatures could not fully account for the elevated [CH4]s because 1) most of the SMMax 

were situated at the base of the CIL instead of its coldest center and 2) the [CH4]s within the 

SMMax were highly supersaturated (Figs. 3-5, 3-6). Other processes which could contribute 

to the formation of the SMMax included an advection of methane through Cabot Strait from 

shelf waters outside of the EGSL, advection of methane released from local shelf sediments, 

and/or in situ production. Given that most of the subsurface [CH4] maxima were distributed 

within a narrow range of σθ (Fig. 3-8a), advection could be significantly implicated from a 

physical perspective. At an estimated pace of 10 km day-1 (Bourgault et al., 2017), it takes 

~75 days for a water parcel in the CIL to move from Cabot Strait to the head of the LC. If 

the advection from the outer shelf were the dominant process responsible for the presence of 

the SMMax in the EGSL, one would expect the SMMax to progressively diminish or at least 

stay stable towards the channel’s head. The observation, nonetheless, showed an opposite 

trend, with the SMMax in the head zone being 2.4 times higher than that in Cabot Strait 

during both the Oct-16 and Jun-17 cruises (Fig. 3-8b). Advection from the outer shelf was 

thus unlikely the primary driver for maintaining the SMMax. The same argument can be 

invoked to exclude shelf sediments in the Gulf as the principal source of the SMMax seen in 

the entire the Lower Estuary and Gulf. In fact, several cross-channel sections in the Gulf (Fig. 

3-5i, Fig 3-S6) showed higher [CH4]s in the central channel than in shelf waters at the depths 

of the SMMax, making it unlikely for a net transport of shelf sediments-released methane to 

the central channel. In the Lower Estuary, we do not have sufficient data to prove or disprove 

a significant role of shelf sediments-released methane in maintaining the supersaturation of 

[CH4] within the SMMax. However, given the existence of pockmarks on the northern 

shoulder (particularly on the northwestern shoulder of the LC) and some of them are located 

at water depths of as shallow as 60 m (Pinet et al., 2008; Lavoie et al., 2010), it was possible 

that those shallow and active (if any) pockmarks released methane that was then dissolved in 

the overlying water column and advected offshore to form or strengthen the SMMax in local 

areas. 

In situ production of methane within anoxic microniches of organic particles, including 

zooplankton fecal pellets (Karl and Tilbrook, 1994; Holmes et al., 2000), and in 
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gastrointestinal tracts of zooplankton (de Angelis and Lee, 1994) is another plausible 

explanation for the SMMax observed. Zooplankton-associated methane production has been 

frequently proposed to account for supersaturated [CH4]s in oxic upper oceans, including 

subsurface methane maxima (Oremland, 1979; de Angelis and Lee, 1994; Karl and Tilbrook, 

1994; Holmes et al., 2000; Schmale et al., 2017; Stawiarski et al., 2019). The zooplankton 

pathway could be relevant in the LSLE and GSL, since this region has particularly high 

zooplankton biomass compared to other coastal environments (de Lafontaine et al., 1991). In 

the GSL, fecal pellets-associated downward carbon fluxes at depths of 50–100 m have been 

estimated to be >50% of the total particulate carbon fluxes (Roy et al., 2000; Genin et al., 

2021). Moreover, macrozooplankton occupies a sizable proportion (10–20%) of the total 

zooplankton biomass in the LSLE and GSL (Harvey and Devine, 2007). It is well known that 

krill, a major component of the macrozooplankton in this region, form rich aggregations in 

the northwest Gulf and near the head of the LC (Simard and Lavoie, 1999; Sourisseau et al., 

2006). This distribution pattern is similar to the along-channel distribution of the SMMax 

during the Oct-16 cruise (Fig. 3-8). It remains to be elucidated whether this similarity is 

coincidental or the krill did play a consequential role in forming the SMMax. 

Other in situ methane production processes in the water column include microbial 

degradation of methylphosphate (Karl et al., 2008; Repeta et al., 2016; Ye et al., 2020) and 

dimethylsulfoniopropionate (DMSP) (Damm et al., 2008; Damm et al., 2010; Damm et al., 

2015a) under phosphate- and nitrate-stressed environments, respectively. The CIL and deep 

layer of the EGSL are, however, rich in inorganic nutrients (Greisman and Ingram, 1977; Cyr 

et al., 2015) and thus unfavorable for the organic phosphorus- and DMSP-based methane 

production. Metabolic activity of certain phytoplankton species (e.g. Emiliania huxleyi, 

Phaeocystis sp., and Phaeocystis globosa) (Lenhart et al., 2016; Klintzsch et al., 2019) and 

cyanobacteria (Bižić et al., 2020) can also produce methane. The SMMax was, nevertheless, 

located at the depths (14–151 m, mostly >50 m) with little or no light for photosynthesis, 

consistent with the very low chlorophyll a fluorescence values at these depths (Figs. 3-5, 3-

6). Although cyanobacteria can produce methane in the dark (Bižić et al., 2020), they are 

scarce and generally undetectable in the subsurface and deep waters of the LSLE (Cui et al., 
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2020). Abiotic methanogenesis through photodegradation of chromophoric dissolved organic 

matter (CDOM) is another potential mechanism for methane accumulation under oxic 

conditions (Zhang and Xie, 2015; Chapter 4). Nonetheless, as little solar radiation can reach 

the depths of the SMMax, the photochemical pathway should be largely irrelevant as well. 

An attempt was made to use the [CH4] profiles to estimate the net methane production 

rates required to maintain the SMMax at two selected stations visited during the Jun-17 

cruise: station T1 at the head of the LC (Fig. 3-S7) and station CH4 slightly to the west of 

Cabot Strait (Fig. 3-6). Assuming quasi-steady conditions and negligible net lateral fluxes at 

the depths of the SMMax, the vertical methane transport flux (Fv, µmol m-2 s-1) can be 

calculated as follows:  

𝐹𝑣 = 𝐾𝑒 (
𝑑[CH4]

𝑑𝑧
⁄ )                                                                    (3-10) 

where Ke (m2 s-1) denotes the eddy diffusivity at the depth of the SMMax (24.9 m at station 

T1 and 143.9 m at station CH4), d[CH4]/dz (µmol m-4) for the [CH4] gradients within the 

depth range bracketed by the sampling depths immediately above and below the SMMax. 

The upward and downward [CH4] gradients were, respectively, 0.15 and 0.11 µmol m-4 at 

station T1 and 0.015 and 0.067 µmol m-4 at station CH4. Ke has been estimated to be ~4.5  

10-2 m2 s-1 for the 25–50 m depth range at the head of the LC (Cyr et al., 2015) and ~2  10-

5 m2 s-1 for the 100–275 m depth range determined at a station off Rimouski, about 100 km 

downstream of the head of the LC (Bourgault et al., 2012b). The latter value has also been 

assumed for the LC in the Gulf (Bourgault et al., 2012b) and is thus used for station CH4 in 

this study. The much higher Ke at the head of the LC has been attributed to various sill-

associated physical processes at this locality, including shear instabilities, internal tides, 

bottom friction, lee waves, hydraulic jumps, nonlinear internal waves, and vortical structures 

(Cyr et al., 2015). The net methane production rate (PCH4, µmol m-3 s-1) can then be estimated 

as: 

𝑃𝐶𝐻4 =
𝑑𝐹𝑣

𝑑𝑧
⁄                                                                                            (3-11) 
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The estimated net production rates are ~40 nmol L-1 d-1 at station T1 and 2.8 10-3 nmol L-1 

d-1 at station CH4. The net production rate is four orders of magnitude larger at station T1. 

About three quarters of this difference were contributed by the much larger Ke at station T1 

and one quarter by the relatively larger [CH4] gradients at this station. 

Eq. 3-10 also derives an upward methane flux of 596.5 µmol m-2 d-1 from the station 

T1 SMMax to the surface. Taking an area of ~100 km2 with a Ke value of ~4.5  10-2 m2 s-1 

(Cyr et al., 2015) yields 5.96  104 mol CH4 d-1 or 5.37  106 mol CH4 over the spring of 

2017 being transported into the surface. The time-integrated flux is 28% higher than the 

atmospheric emission of methane in the Lower Estuary during the same season (4.18  106 

mol, Table 3-4). Hence, the pumping of methane from the SMMax alone could more than 

account for the methane emission to the atmosphere and part of the pumped methane may 

contribute to the methane budget in the Gulf. In addition, the amount of methane pumped 

into the surface water during the spring is 3.5 times the annual methane input from the 

Saguenay River into the St. Lawrence estuary (1.55  106 mol, Chapter 4). 

3.6.5 Pockmarks   

Five pockmark sites in total were visited: one (station Bis) was located in the LC off 

Mont Joli and the rest (stations PM2, PM3, PM5, and PM8) were all on the Matane pockmark 

train (Fig. 3-9d). Stations Bis and PM3 were sampled one time, whereas the other three 

stations were sampled multiple times (Table 3-6) The targeted coordinates of these sites were 

obtained from the database of the Geological Survey of Canada. The real sampling 

coordinates, however, deviated from the targeted ones often by tens of meters to a few 

hundred meters but the deviation reached 1390 m at station PM8 during the Jun-17 cruise 

(Table 3-6). 

The [CH4] vertical profiles collected from the pockmark stations were similar to those 

at the nearby non-pockmark stations in the LC except that the near-bottom [CH4]s at the 

pockmark stations were elevated due supposedly to the discharge of methane from the 
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pockmarks (Fig. 3-9a). The near-bottom [CH4]s were highly variable (range: 10.4–695.3 

nmol L-1; mean: 214.2 nmol L-1; median: 135.0 nmol L-1) between different stations during 

a given cruise and between different cruises at a given station (Fig. 3-9a, Table 3-6). The 

highest concentration (695.3 nmol L-1) is above the levels (<500 nmol L-1) typically found 

around natural gas seeps (e.g. Valentine et al., 2001; Gant and Whiticar, 2002; Mau et al., 

2007; Reeburg, 2007).  

Both the highest (695.3 nmol L-1) and lowest (10.4 nmol L-1) near-bottom [CH4]s were 

measured at station PM5. This station was sampled five times, with variable distances 

between the sampling and targeted coordinates (25–489 m) and between the bottommost 

sampling depths and the seabed (2.6–15 m) (Table 3-6). The lowest [CH4] was found at 489 

m southwest of the targeted coordinates during the Feb-18 cruise, which was the largest 

deviation among the five samplings. Given that the diameters of the pockmarks in the St. 

Lawrence estuary are usually <300 m (Pinet et al., 2008), the 489-m deviation was likely 

outside of the perimeter of the pockmark, thereby at least partly explaining the low [CH4] 

observed. In addition to the horizontal distance deviation, the sampling distance above the 

seabed should also contribute to the variability of the near-bottom [CH4]. The is confirmed 

by the near-exponential decrease in the near-bottom [CH4] as a function of the combined 

effects of the horizontal and vertical distance deviations at station PM5 (Fig. 3-S8). The 

dependence of the near-bottom [CH4] on the vertical distance deviation was stronger than on 

the horizontal one (the power of 1.4 vs. 1), consistent with the notion that diapycnal diffusion 

is slower than isopycnal diffusion. Extrapolating the horizontal and vertical distance 

deviations to zeros yields a [CH4] of 5785 nmol L-1 that supposedly represents the [CH4] at 

the gas venting center. Note that station PM5 was sampled twice during the Feb-18 cruise 

only 3 hours apart. The second cast was much closer to the targeted position (horizontal 

distance deviation: 24 m) and gave a much higher near-bottom [CH4] (418.5 nmol L-1) 

relative to the first cast (10.4 nmol L-1). As the bottommost sampling depths of these two 

casts were on the same isopycnal (27.282 kg m-3) and the first cast was located 464 m 

downstream of the second one against the landward deep current (section 3.4), the huge 

difference in the near-bottom [CH4] between the two casts suggests rapid dilution and/or 
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microbial oxidation of methane during the downstream transport along the isopycnal. Given 

that the deep current flows at ~1 km d-1 (Bourgault et al., 2017), it takes ~0.5 d for a water 

parcel to move from the second cast position to the first one, leading to a methane loss rate 

(dilution plus microbial oxidation) of ~816 nmol L-1 d-1.   

Stations PM2 and PM8 were each sampled twice, with similar vertical distances from 

the bottommost sampling depths to the seabed but variable horizontal distance deviations 

(Table 3-6). The horizontal distance deviation was particularly large for station PM5 during 

the Jun-17 cruise (1390 m). The near-bottom [CH4]s at these two stations exhibited an 

opposite trend found for station PM5 in relation to the horizontal and vertical distances (Table 

3-6). This could be due to the migration of the gas discharge center since the last survey in 

case of station PM2 or to different pockmarks sampled in case of station PM8 based on the 

very large horizontal distance deviation during the Jun-17 survey. Alternatively, the 

originally determined coordinates of the PM2 pockmark might somewhat deviate from the 

fluid venting center. Interference by gas diffusion from adjacent pockmarks could be another 

possibility (see below) in light of the high density of pockmarks along the linear Matane 

pockmark train (109 pockmarks across 15 km, Pinet et al., 2010). 

Another interesting feature is the “Z-shaped” distribution of [CH4] observed below 250 

m at station PM5 during the Oct-16 and Feb-19 expeditions (Fig. 3-9b). The Feb-19 site was 

only 26 m east of the Oct-16 site but the maximum and minimum [CH4]s within the “Z-

shaped” structure were 9 and 14 times lower at the Feb-19 site. This large difference could 

arise from a much lower gas discharge rate of the pockmark during the Feb-19 cruise. It was 

also plausible that the Feb-19 site was outside of the methane discharge zone but the “Z-

shaped” structure was a residue of the parental structure directly located over the discharge 

zone. The residual structure could be formed through physical transport during which 

methane underwent fast dilution and/or microbial oxidation. The causes for forming the “Z-

shaped” structure are unclear but might be linked to continuous gas discharge at two different 

depths or sporadic gas eruptions from a single depth combined with rapid dilution and/or 

microbial oxidation during upward diffusion. 
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In contrast to the strong near-bottom vertical [CH4] gradients within the “Z-shaped” 

structures described above, relatively homogeneous [CH4]s were observed within the deepest 

sampling layer of ~20 m at stations PM3, PM5 (Feb-18, first cast), and Bis (Fig. 3-9b). This 

character could be associated with enhanced vertical eddy diffusion caused by strong 

boundary mixing near the bottom of these sampling sites (Bourgault et al., 2012b). As 

elaborated for station PM5 (first cast) earlier, the near-bottom methane at stations PM3 and 

Bis could also originate from the nearby active pockmarks through advection. Then physical 

dilution, microbial oxidation, and increasing bottomward eddy diffusion would operate in 

concert to diminish the near-bottom vertical [CH4] gradients during the advection. The ease 

of horizontal diffusion was evidenced by the fact that the most elevated near-bottom [CH4]s 

measured at the pockmark stations were located exclusively within a small density interval 

of 27.1–27.3 (Fig. 3-9c). It is, however, noteworthy that the influence of horizontal diffusion 

might be limited in distance, as discussed above for the case of station PM5, due to rapid 

physical dilution and/or microbial oxidation. 

The [CH4] profiles at the pockmark stations also exhibited the DMMin typical of other 

stations located in the LC and its branches (section 3.6.4). The presence of this DMMin 

demonstrated that the pockmark-released methane was not diffused into the surface water 

and then egressed to the atmosphere. For the reasons explained above, it was unlikely for this 

methane to be advected to the head of the LC and then upwelled to the surface water. 

Therefore, the pockmark-derived methane in the deep channel floor is lost to dilution and 

microbial oxidation before reaching the surface and emitting to the atmosphere. This, 

however, does not exclude the possibility that methane, if any, emanating from the shallower 

pockmarks (shallowest ~65 m, Pinet et al., 2008) may be transferred to the air. Studies 

focusing on the shallow pockmarks are needed to resolve this issue.     

Assuming a quasi-steady condition, the diffusive methane efflux (Fd, µmol m-2 s-1) 

from pockmark PM5 at the Oct-16 sampling site is estimated as follows: 

𝐹𝑑 = 𝐾𝑒 (
𝑑[CH4]

𝑑𝑧
⁄ ) + 𝑢([CH4]in − [CH4]out)                                          (3-12) 
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where Ke (m2 s-1) denotes the eddy diffusivity at the bottommost sampling depth (291.4 m), 

d[CH4]/dz (82.5 µmol m-4) for the [CH4] gradient defined by the two deepest sampling depths 

(286.1 and 291.4 m, Fig. 3-9b), u (0.012 m s-1) represents the landward bottom water current 

speed (Bourgault et al., 2017), and [CH4]in and [CH4]out (µmol m-3) are the [CH4]s inside and 

outside the pockmark plume at the bottommost sampling depth. Ke at 291.4 m is calculated 

to be 1.88  10-4 m2 s-1 using the equation of Bourgault et al. (2012b) developed for the water 

column in the LC off Rimouski, about 89 km upstream of station PM5. [CH4]in is equal to 

the [CH4] at 291.4 m (695.3 µmol m-3,  = 27.205 kg m-3) and [CH4]out is taken to be 1.5 

µmol m-3 measured at a similar  (27.219 kg m-3, 299.8 m depth) at station IF37 which was 

the closest non-pockmark station upstream of station PM5 in the sense of against the 

landward bottom current. The calculated eddy diffusion flux (i.e. the first term in eq. 3-12) 

is 1.55  10-2 µmol m2 s-1 (or 1.34 mmol m2 d-1) and the advection flux (i.e. the second term 

in eq. 3-12) is 8.03 µmol m2 s-1 (or 694 mmol m2 d-1). The vertical diffusion is thus negligible 

compared with the horizontal advection. This flux estimate is likely a lower limit, since the 

bottommost sampling depth was 2.6 m above the seabed and [CH4] should further increase 

towards the floor. This estimate also excludes any ebullition of methane above the 

bottommost sampling depth. In fact, previous studies documented video images showing gas 

expulsion from certain pockmarks (Bolduc et al., 2008; Lavoie et al., 2010) but the heights 

that the bubbles reach before they are completely dissolved in seawater are unknown. It is 

impossible at this stage to estimate the area-integrated diffusive flux of the pockmark-derived 

methane based on the collected [CH4] profiles because the pockmarks’ areas over which 

gases are actively vented are unknown and because the gas venting rates are highly variable 

among different pockmarks. 

3.6.6 Incubation-based net cycling rates 

The lab incubations did not show conspicuous or consistent production or consumption 

of methane in the surface water samples within incubation times of a few days (station 10R) 

to 85 days (station PM5, Nov-17, referred to as PM5-1 hereinafter) (Fig. 3-10a). The same 

was true for the 3.5-day incubation of the SMMax sample collected from station 03R (Fig. 
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3-10b). [CH4] in the SMMax sample from station IF35, however, increased consistently over 

the 71-day incubation, albeit slowly (0.0068 nmol L-1 d-1). This value is on the same order of 

magnitude of the net production estimated for the Gulf station CH4 (0.0028 nmol L-1 d-1) 

using the mass budgeting approach (Section 3.6.4). On the other hand, the SMMax sample 

from station IML10 revealed an exponential decay of [CH4], with a net loss rate constant 

(kCH4) of 0.0039 d-1 (turnover time, CH4: 256 days), demonstrating a net microbial 

consumption of methane at this locality. The samples from the bottommost sampling depths 

either exhibited no consistent production or consumption of methane (station IML10) or 

displayed exponential decay of [CH4], with kCH4 values of 0.025 d-1 (CH4: 40 days) at station 

10R, 0.031 d-1 (CH4: 33.3 days) at station PM5 (Feb-19, referred to as PM5-2 hereinafter), 

and 0.012 d-1 (CH4: 83.3 days) at station PM5-1. 

Although the kCH4 value for the non-pockmark station 10R is within the range for the 

two pockmark stations, the translated net consumption rate at the former (0.17 nmol L-1 d-1) 

is much lower than those at the latter (2.30 nmol L-1 d-1 at station PM5-2; 1.82 nmol L-1 d-1 

at station PM5-1) due to near-bottom in situ [CH4] at station 10R (6.65 nmol L-1) being much 

lower than those at stations PM5-2 (74.1 nmol L-1) and PM5-1 (152.0 nmol L-1). Assuming 

that the kCH4 measured at station PM5 during the Feb-19 cruise is also applicable to the Oct-

16 sampling at this station when the near-bottom [CH4] was determined to be 695.3 nmol    

L-1 and the extrapolated seafloor [CH4] reached 5785 nmol L-1 (Section 3.6.5), the 

consumption rate will increase to 21.6 and 179.3 nmol L-1 d-1, respectively. These rates are 

at the upper bounds of the aerobic methane oxidation rates reported for marine waters 

worldwide, including those affected by submarine gas seeps and anthropogenic oil spills 

(Mau et al., 2020 and references therein). These high methane consumption rates are also 

consistent with the presence of greenish bacterial mats, supposedly composed of 

methanotrophs, on the seafloor surrounding gas-venting pockmarks in the LSLE (Bolduc et 

al., 2008; Lavoie et al., 2010) and with the discovery of methane-derived authigenic 

carbonate cements in sediments at certain pockmark sites in this region (Lavoie et al., 2010; 

Savard et al., 2021). 
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3.6.7 Distributions of δ13CCH4 and sources of methane 

The ranges and mean values of δ13CCH4 for different sub-regions of the EGSL and 

different depth layers are summarized in Table 3-7. In spite of the large salinity variation 

(0.09–29.3) in the surface water of the Upper Estuary, its δ13CCH4 fell in a rather small range 

(−37.9‰ to −29.5‰) with a mean value of −32.2‰. The mean δ13CCH4 for the deeper waters 

(−33.4‰) in the Upper Estuary was only marginally lower than its counterpart in the surface 

water.  The surface-water mean δ13CCH4 for the Gulf (−32.6‰) was similar to that in the 

Upper Estuary but slightly higher than that in the Lower Estuary (−30.2‰). The mean 

δ13CCH4 for each of the four layers sampled in the Gulf was always somewhat more negative 

compared with that for the corresponding layer in the Lower Estuary. Among the four layers, 

the core of the CIL displayed the most negative mean δ13CCH4 in both the Lower Estuary and 

the Gulf. The mean δ13CCH4 for the core of the CIL (−35.7‰), the Lower Estuary and the 

Gulf combined, was 14.0% lower than that in the surface (−31.3‰) and 5.9% lower than that 

in the sub-CIL layer (−33.7‰). These differences, albeit small, are significant (p < 0.01) 

based on t-test paired sample for means. An inspection of the depth distributions of δ13CCH4 

at the individual stations indicates that δ13CCH4 at the core of the CIL was lower than those in 

both the surface and the sub-CIL layers for all stations excepting station PM2 (Fig. 3-11b). 

The δ13CCH4 vs. [CH4] plot does not show clear trends for both the composite data set and the 

individual data sets for different sub-regions and depth layers (Fig. 3-12a). An exception is 

the bottom data collected from the LC and its branches, which reveals an exponential rise of 

δ13CCH4 with increasing [CH4] excluding station PM5 (Fig. 3-12b).  

One striking feature for the entire δ13CCH4 data set is its narrow range (−40.9‰ to 

−27.4‰) and 13C-enriched values (mean ± s.d.: −34.4‰ ± 3.3‰). All δ13CCH4 values exceed 

the upper-bound δ13CCH4 for biogenic methane (−50‰) (Whiticar, 1999) and are above the 

atmospheric equilibrium value of −45‰ (Damm et al., 2015b). Hence, the methane pool in 

the EGSL is mainly of thermogenic origin or largely composed of highly oxidized biogenic 

methane or a mixture of the two. In fact, even at the head of the Upper Estuary (salinity: 0.1), 

the δ13CCH4 values (δ13CCH4: −37.6‰ to −38.4‰) are already far greater than the biogenic 
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upper bound. At least two factors could contribute to this 13C-enrichment in the St. Lawrence 

River water. First, waters in the Laurentian Great Lakes, which discharge ~70% of the total 

freshwater into the St. Lawrence River, have very long residence times (2.6–191 years) 

(Hudon et al., 2017), allowing for extensive microbial oxidation of methane before the waters 

outflow to the river. Moreover, microbial oxidation over the long transit from the head of the 

river to the head of the Upper Estuary (550 km) further enriches the 13C content. Second, 

large areas of the watersheds draining into the St. Lawrence River are covered by boreal 

forests (Hudon et al., 2017). It has been posited that methane in rivers with forested 

watersheds tends to be 13C-enriched compared with methane in rivers with marshy 

watersheds (Sansone et al., 1999). Similarly enriched δ13CCH4 signatures have been reported 

for the Oyster and Picassic Rivers in New Hampshire, US that run through forests (Sansone 

et al., 1999). It is interesting to note that the freshwater near the head of the Saguenay Fjord, 

which is the largest tributary of the St. Lawrence estuary, also possesses a δ13CCH4 signature 

of greater than −50‰ (Chapter 2). The Saguenay Fjord receives freshwater via the Saguenay 

River from Lac Saint-Jean with a boreal forests-covered watershed. However, Lac Saint-Jean 

(volume: 11.9 km3) is much smaller than the Great Lakes and the Saguenay River (length: 

170 km) is much shorter than the St. Lawrence River, leading to far less time available for 

methane in Lac Saint-Jean to undergo oxidation before being transported into the fjord. That 

may partly explain why the δ13CCH4 value near the head of the Saguenay Fjord (−45.018‰), 

albeit above the upper bound of biogenic methane, is substantially more negative than those 

at the head of the USLE. 

In addition to the surficial runoff, the St. Lawrence River and the EGSL also receive 

groundwater discharge (Chaillou et al., 2018) but the contribution of groundwater discharge 

to the total freshwater budget in the EGSL is unknown. [CH4]s ranging from <0.04 to 2869 

µmol L-1 (mean: 238 µmol L-1) have been reported for shallow aquifers in the St. Lawrence 

Lowlands west of Quebec City (Moritz et al., 2015). Methane in these aquifers is, however, 

predominantly biogenic (Moritz et al., 2015; Bordeleau et al., 2018). The enriched δ13CCH4 

signatures detected throughout the surface EGSL suggest that the contribution of 

groundwater methane to the total freshwater methane input into the EGSL is minor or that 
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methane in the groundwater becomes sufficiently depleted in 13C due to various isotopic 

fractionation processes (e.g. microbial oxidation, degassing, and migration) before being 

delivered into the EGSL. 

Besides the δ13CCH4-heavy freshwater source, another important process leading to the 

enriched δ13CCH4 signatures in the surface water of the EGSL could be the upwelling at the 

head of the LC (Therriault et al., 1990; Galbraith, 2006; Cyr et al., 2015). Part of this δ13CCH4-

enriched, upwelled water enters the deep layers of the Upper Estuary and the Saguenay Fjord, 

mixes into the surface layers, and moves back seaward in the returning estuarine circulations. 

The other part of the upwelled water is directly transported back to the Lower Estuary and 

the Gulf. As the volume of the upwelled deep water is much larger than the freshwater 

discharge, the former likely plays a more important role in maintaining the enriched δ13CCH4 

signatures in the surface water. 

The more depleted δ13CCH4 signatures in the CIL compared with the other depth layers 

could be suggestive of a biogenic source of methane, which supports the argument for the 

zooplankton-associated methane production in the CIL (Section 3.6.4). Note, however, that 

these CIL δ13CCH4 values (range: −40.9‰–−31.3‰) are considerably less negative than those 

indicative of biogenic origins. Several explanations can account for this discrepancy. First, 

the CIL samples for δ13CCH4 analysis were taken from the depths corresponding to the 

temperature minima, whereas the SMMax were usually located at the base of the CIL 

(Section 3.6.4). The strongest biogenic signatures thus might have been missed. Second, if 

methane is produced within anoxic microniches of particulate organic matter (Section 3.6.4), 

methanogenic substrate limitation may occur (Marty, 1993; Holmes et al., 2000), driving the 

δ13CCH4 toward heavier values (Whiticar, 1999). This may also partly explain the rather heavy 

δ13CCH4 value (−31.8‰) at station MUCCI D located in the TMZ and having a high near-

bottom [CH4] (71.4 nmol L-1) (Fig. 3-12a) that could result from methanogenesis in anoxic 

microniches in suspended particles (Section 3.6.3). Third, as the CIL forms largely from the 

Gulf surface water of the preceding winter (Galbraith, 2006) when vertical convection and 

thus air-sea exchange are strong, part of the methane observed in the CIL during the 
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following autumn could be the oxidized remnant of the last winter’s atmospheric methane 

with a δ13CCH4 value of −45‰ (Damm et al., 2015b). These three explanations could operate 

individually or collectively to account for the enriched δ13CCH4 signatures in the CIL. 

The δ13CCH4 signature in the sub-CIL layer (mean sampling depth ± s.d.: 197 ± 30 m; 

mean  ± s.d.: 26.82 ± 0.21 kg m-3) is expected to be controlled to a large extent by the 

inflowing NACW and LCW. The δ13CCH4 for the NACW has been determined to be ~−35‰ 

(Holmes et al., 2000; Keir et al., 2005) and should become progressively heavier due to 

microbial oxidation during the transit of the water mass from the North Atlantic to the EGSL. 

The δ13CCH4 for the LCW is unknown and is tentatively assigned the value of −33.1‰ 

determined in this study near the bottom (95 m depth) of station IF12 in the Belle Isle Strait 

(Fig. 3-S1), given that the bottom water in the Belle Isle Strait originates from the near-shore 

component of the Labrador Current. The δ13CCH4 values for the sub-CIL layer (range: 

−38.3‰–−30.0‰; mean: −33.7‰) are roughly in line with the mixed signatures of the 

NACW and the LCW. The combination of microbial oxidation during water mass transport, 

downward diffusion from the SMMax, and potential in situ production could be responsible 

for the variability of δ13CCH4 and its lack of consistent relationship with [CH4] in the sub-CIL 

layer (Fig. 3-12a).  

In the bottom waters of the LC and its branches, methane emanation from the 

hydrocarbon seeps on the seafloor, in addition to the inflowing NACW and LCW, further 

complicates the δ13CCH4 signature. Seismic signatures and sedimentation characteristics 

suggest that the pockmark-released methane is likely thermogenic in the deep LC and 

biogenic on the northwest shoulder of the LC (Pinet et al., 2008; Lavoie et al., 2010). The 

δ13CCH4 values obtained in the present study for the bottom water samples collected at the 

three pockmark stations in the deep LC ranged from −36.3 to −27.9‰, which supports the 

supposition of Pinet et al. (2008) and Lavoie et al. (2010). Nonetheless, caution should be 

taken to interpret the pockmark δ13CCH4 data, since it is unclear whether the samples were 

collected at the gas-venting centers or only at their peripheries. In fact, the [CH4]s in some 

of these samples (Table 3-6) were far lower than expected at the gas-venting centers. Hence, 
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the δ13CCH4 signatures observed might be biased toward heavier values due to microbial 

oxidation (Section 3.6.5), which could be particularly true for stations PM2 and PM8 (Fig. 

12b) at which the [CH4]s were 4-6 times lower than at station PM5. This might explain why 

the δ13CCH4 value at station PM5 is more negative than at stations PM2 and PM8. Moreover, 

the decrease in δ13CCH4 with declining [CH4] in the bottom water of the LC and its branches 

(Fig. 3-12b) is contradictory to the classic paradigm of the modification of δ13CCH4 by 

microbial methane oxidation (Whiticar, 1999). This, however, conforms to the scenario in 

which the already 13C-heavy pockmark methane (e.g. station PM5, Fig. 3-12b) is oxidized, 

becoming further 13C-heavier, and then diluted by the relatively 13C-lighter background 

methane. The counter-intuitive δ13CCH4-vs.-[CH4] pattern in the bottom water and the lack of 

consistent trends for the remaining water column thus reflect the complex physical and 

biogeochemical processes and their interactions that control the δ13CCH4 signatures in the 

EGSL. 

3.7 CONCLUSIONS 

Fig. 3-13 schematically summarizes the major processes controlling the input and loss 

of dissolved methane in the water column of the EGSL. The EGSL is so complex that the 

concentration, distribution, air-sea flux, source, and biogeochemical behavior of dissolved 

methane in this vast semi-enclosed water body differ substantially among its three 

geographical domains. Methane in the Upper Estuary behaves as in a typical shallow 

macrotidal estuary and is characterized by elevated concentrations, high areal emission rates, 

river-controlled inputs, mixing-driven spatial distributions, and subordinate turbidity-

induced modulations. In the Lower Estuary surface water, the concentration-informed 

terrestrial signature is dramatically diminished, though still readily noticeable. This signature 

becomes marginal or undetectable in the Gulf surface water where [CH4]s are similar to those 

in the ocean’s slope waters. The widespread SMMax and DMMin in the LC and its branches 

are two salient [CH4] distribution features in the subsurface and deep waters of the Lower 

Estuary and the Gulf. While zooplankton-associated methane production could be the 

primary driver for generating the SMMax, the dominance of the methane-depleted NACW 
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over the methane-richer LCW in the upper part of the deep layer is likely mainly responsible 

for producing the DMMin. In spite of the highly elevated [CH4]s present at certain pockmark 

sites, the seeped methane appears to be rapidly diluted and/or microbially oxidized before 

reaching the surface and escaping to the atmosphere. Yet the fast upward transport of 

methane from the SMMax at the head of the LC may represent an unexpected important 

contribution to the methane budget in the surface waters of the Lower Estuary and the Gulf. 

Equally surprising are the universally heavy δ13CCH4 values and the absence of consistent 

trends of δ13CCH4 against [CH4] or salinity in an estuarine system that receives large 

freshwater discharge. This puzzling phenomenon may reflect the complex interactions 

among different methane endmembers: highly oxidized freshwater and marine methane, in 

situ-produced, 13C-enriched biogenic methane due to substrate limitation, and thermogenic 

methane from pockmarks and its oxidized residue.      

From a broader perspective, the EGSL is at the lower bound of the global estuarine 

environments in terms of both methane concentration and emission rate due partly to the low 

accumulation of sediments in the USLE and the large dimensions of the LSLE and the GSL. 

The LSLE and the GSL actually more resemble outer shelf seas and ocean slope regions, 

respectively, per methane concentration and atmospheric emission rate. The large dimensions 

also set the LSLE and the GSL apart from smaller and shallower estuarine environments by 

fostering multifaceted mesoscale physical process and oceanic-type biological processes that 

lead to the formation of the characteristic SMMax and DMMin. Equally noteworthy is that 

the LSLE sets a stark contrast to the largest tributary of the EGSL—the deep but much 

narrower Saguenay Fjord where there exist consistent and predictable [CH4] and δ13CCH4 

distribution trends (Chapter 2). The high complexity of the processes governing the 

distributions of [CH4] and δ13CCH4 in the LSLE apparently plays a key role in creating this 

difference. 
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3.9 TABLES 

Table 3-1. Summary of cruises participated. OHIA: Old Harry Influence Area; EGSL: estuary and Gulf of St. Lawrence; USLE: 

Upper St. Lawrence estuary; LSLE: Lower St. Lawrence estuary.  

Date 

(DD/MM) 

Year Cruise name 

designated in 

main text 

Ship name Cruise number Area covered Number of 

profile 

stations 

Number of 

surface 

stations 

11/06-18/06 2015 Jun-15 R/V Coriolis II 1506_COR1503 OHIA 10 10 

16/10-02/11 2016 Oct-16 CCGS Hudson IML-2016-50 EGSL 55 78 

03/03-11/03 2017 Mar-17 CG3029 Earl Grey IML-2017-04 LSLE & Gulf 8 8 

30/05-19/06 2017 Jun-17 NGCC Teleost IML-2017-08 EGSL 28 56 

03/08-31/08 2017 Aug-17 CGCB Teleost IML-2017-27 LSLE & Gulf 15 15 

30/09-05/10 2017 Oct-17 R/V Coriolis II 1715 MS LSLE & USLE 8 17 

02/11-23/11 2017 Nov-17 R/V Coriolis II IML-2017-48 EGSL 20 20 

10/02-23/02 2018 Feb-18 NGCC Amundsen Odyssée_1899 EGSL 2 11 

03/02-12/02 2019 Feb-19 NGCC Amundsen Odyssée_1999 EGSL 10 10 
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Table 3-2. Means and ranges ([min, max]) of surface-water methane concentration 

([CH4]surf). 

Region Season T (°C)  Salinity [CH4] (nmol L-1) 

Upper 

Estuary 

Winter (N = 7) -0.51 ± 0.40 

[-1.03, -0.01] 

17.35 ± 11.45 

[0.11, 28.36] 

92.9 ± 45.9 

[34.4, 164.2] 

Spring (N = 3) 9.54 ± 0.43 

[9.24, 10.02] 

17.27 ± 1.74 

[15.30, 18.61] 

19.5 ± 6.3 

[15.0, 26.7] 

Autumn (N = 21) 9.09 ± 4.37 

[3.84, 20.14] 

16.98 ± 9.48 

[0.09, 29.33] 

51.0 ± 83.0 

[12.5, 392.8] 

Composite (N = 31) 6.96 ± 5.45 

[-1.03, 20.14] 

 17.09 ± 9.30 

[0.09, 29.33] 

57.4 ± 74.0 

[12.5, 392.8] 

Lower 

Estuary 

Winter (N = 9) -0.95 ± 0.75 

[-1.57, 0.21] 

29.31 ± 1.18 

[27.98, 31.36] 

16.5 ± 3.3 

[11.0, 21.0] 

Spring (N = 10) 6.79 ± 1.44 

[4.90, 9.87] 

22.25 ± 2.80 

[16.83, 26.10] 

8.5 ± 2.8 

[4.9, 14.6] 

Summer (N = 2) 10.35 ± 0.13 

[10.26, 10.44] 

27.23 ± 0.08 

[27.17, 27.28] 

6.1 ± 0.3 

[5.8, 6.3] 

Autumn (N = 42) 5.80 ± 1.47 

[1.01, 7.86] 

27.53 ± 1.62 

[24.03, 30.73] 

8.9 ± 2.3 

[4.8, 15.1] 

Composite (N = 63) 5.14 ± 2.97 

[-1.57, 10.44] 

26.94 ± 2.77 

[16.83, 31.36] 

9.8 ± 3.7 

[4.8, 21.0] 

Gulf 

Winter (N = 13) -1.47 ± 0.40 

[-1.78, 0.49] 

31.74 ± 0.43 

[31.00, 32.75] 

6.2 ± 1.8 

[4.0, 8.9] 

Spring (N = 53) 6.39 ± 1.92 

[1.10, 10.60] 

29.68 ± 1.88 

[25.10, 31.60] 

4.01 ± 0.8 

[3.3, 6.6] 

Summer (N = 11) 14.05 ± 3.41 

[8.59, 18.07] 

29.52 ± 0.65 

[28.53, 30.41] 

3.6 ± 1.0 

[2.8, 5.9] 

Autumn (N = 52) 6.74 ± 1.98 

[2.05, 10.64] 

30.57 ± 0.69 

(29.03 to 31.42) 

4.4 ± 1.4 

[3.1, 8.2] 

Composite (N = 129) 6.39 ± 3.92 

[-1.78, 18.07] 

30.23 ± 1.45 

[25.10, 32.75] 

4.3 ± 1.4 

[2.8, 8.9] 

Grand composite (N = 223) 
6.12 ± 3.97 

[-1.78, 20.14] 

27.48 ± 5.88 

[0.09, 32.75] 

13.3 ± 32.7 

[2.8, 392.8] 
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Table 3-3. Means and ranges ([min, max]) of methane saturation ratio (SR), wind speed 

(U10), methane exchange velocity (k), and methane flux density (j). k for the Upper Estuary 

was calculated based on eq. 3-3 in the main text and for the other regions on eq. 3-4. Refer 

to Fig. 3-1c in the main text for the sub-divisions of the estuary and Gulf of St. Lawrence. 

Region Season SR U10 

(m s-1) 

k  

(cm h-1) 

j  

(μmol m-2 d-1) 

Upper 

Estuary 

 

Winter 

(N = 7) 

20.57 ± 8.72 

[8.55, 33.75] 

2.80 ± 0.14 

[2.60, 2.88] 

0.61 ± 0.29 

[0.29, 1.02] 

15.57 ± 13.61 

[2.11, 39.03] 

Spring 

(N = 3) 

5.84 ± 1.87 

[4.47, 7.97] 

2.25 2.99 ± 0.04 

[2.96, 3.03] 

11.65 ± 4.67 

[8.29, 16.98] 

Autumn 

(N = 21) 

15.67 ± 26.77 

[3.67, 126.28] 

2.40 ± 0.07 

[2.33, 2.47] 

3.11 ± 0.35 

[2.68, 4.07] 

38.93 ± 72.43 

[6.21, 336.81] 

Composite 

(N = 31) 

15.82 ± 22.55 

[3.67, 126.28] 

2.40 ± 0.20 

[2.25, 2.88] 

2.53 ± 1.10 

[0.29, 4.07] 

31.02 ± 60.60 

[2.11, 336.81] 

Lower 

Estuary 

 

Winter 

(N = 9) 

4.03 ± 0.80 

[2.65, 5.04] 

5.15 ± 0.23 

[4.96, 5.40] 

1.58 ± 0.11 

[1.46, 1.75] 

4.64 ± 1.06 

[2.73, 5.91] 

Spring 

(N = 10) 

2.44 ± 0.84 

[1.50, 4.39] 

3.50 2.81 ± 0.12 

[2.65, 3.07] 

3.39 ± 2.05 

[1.14, 8.31] 

Summer 

(N = 2) 

1.99 ± 0.10 

[1.91, 2.06] 

3.73 3.93 ± 0.01 

[3.92, 3.94] 

2.85 ± 0.29 

[2.64, 3.06] 

Autumn 

(N = 42) 

2.59 ± 0.63 

[1.48, 4.12] 

4.45 ± 0.35 

[4.29, 5.28] 

4.78 ± 0.54 

[4.20, 6.25] 

6.27 ± 2.82 

[1.75, 16.54] 

Composite 

(N = 63) 

2.75 ± 0.86 

[1.48, 5.04] 

4.37 ± 0.56 

[3.50, 5.40] 

3.98 ± 1.30 

[1.46, 6.25] 

5.47 ± 2.73 

[1.14, 16.54] 

South 

Gulf 

 

Winter 

(N = 11) 

1.58 ± 0.44 

[1.01, 2.18] 

6.44 ± 0.54 

[6.03, 7.83] 

3.90 ± 2.20 

[0.80, 6.55] 

1.76 ± 1.61 

[0.09, 4.27] 

Spring 

(N = 39) 

1.21 ± 0.23 

[0.99, 1.92] 

4.75 ± 0.06 

[4.71, 4.84] 

5.21 ± 0.21 

[4.81, 5.63] 

0.88 ± 0.93 

[−0.03, 3.81] 

Summer 

(N = 7) 

1.36 ± 0.31 

[1.10, 1.92] 

4.48 5.62 ± 0.62 

[4.92, 6.33] 

1.36 ± 1.17 

[0.40, 3.46] 

Autumn 

(N = 32) 

1.39 ± 0.40 

[1.01, 2.38] 

5.98 ± 0.26 

[5.86, 6.51] 

9.26 ± 0.47 

[8.30, 10.30] 

2.98 ± 3.10 

[0.08, 10.33] 

Composite 

(N= 89) 

1.33 ± 0.35 

[0.99, 2.38] 

5.38 ± 0.76 

[4.48, 7.83] 

6.54 ± 2.26 

[0.80, 10.30] 

1.78 ± 2.24 

[−0.03, 10.33] 

North 

Gulf 

 

Winter 

(N = 2) 

1.13 ± 0.02 

[1.11, 1.14] 

6.86 4.07 ± 3.42 

[1.65, 6.49] 

0.46 ± 0.33 

[0.09, 0.70] 

 Spring 

(N = 14) 

1.18 ± 0.20 

[1.04, 1.84] 

4.77 5.29 ± 0.38 

[4.72, 6.26] 

0.81 ± 0.89 

[0.16, 3.63] 

Summer 

(N = 4) 

1.15 ± 0.09 

[1.10, 1.29] 

4.41 5.95 ± 0.20 

[5.72, 6.21] 

0.58 ± 0.36 

[0.39, 1.12] 

Fall 

(N = 20) 

1.25 ± 0.34 

[1.03, 2.29] 

5.80 ± 0.30 

[5.65, 6.39] 

8.77 ± 0.55 

[7.90, 10.04] 

1.88 ± 2.75 

[0.17, 10.41] 

Composite 

(N = 40) 

1.21 ± 0.27 

[1.03, 2.29] 

5.35 ± 0.69 

[4.41, 6.86] 

7.04 ± 1.93 

[1.65, 10.04] 

1.30 ± 2.08 

[0.16, 10.41] 

Grand composite 

(N = 223) 

3.73 ± 9.65 

[0.99, 126.28] 

 5.18 ± 2.65 

[0.36, 10.30] 

4.73 ± 12.90 

[−0.03, 177.73] 
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Table 3-4. Area-integrated methane fluxes in different seasons and sub-regions of the estuary 

and Gulf of St. Lawrence (EGSL). Areas for winter exclude ice-cover. Fluxes for spring and 

summer in the Upper Estuary and for summer in the Lower Estuary are assumed values (see 

details in Section 3.6.2 in the main text). Refer to Fig. 3-1c in the main text for the sub-

divisions of the EGSL. 

Region Area 

(103 km2) 

Season Flux 

(106 mol) 

Upper Estuary 1.0 (Feb. 2018) 

0.6 (Feb. 2019) 

Winter 0.91 ± 0.74 

2.5 Spring 8.16  

2.5 Summer 7.93 

2.5 Autumn 8.95 ± 16.66 

 Subtotal 25.95 

Lower Estuary 3.0 (Feb. 2018) 

2.8 (Feb. 2019) 

Winter 0.20 ± 0.10 

8.9 Spring 4.18 ± 2.53 

8.9 Summer 4.17 

8.9 Autumn 6.23 ± 2.76 

 Subtotal 14.78 

South Gulf 86.9 (Mar. 2017) 

41.5 (Feb. 2018) 

43.0 (Feb. 2019) 

Winter 6.07 ± 12.74 

163.7 Spring 16.70 ± 17.80 

163.7 Summer 20.44 ± 17.56 

163.7 Autumn 46.93 ± 52.58 

 Subtotal 90.14 

North Gulf 36.4 (Mar. 2017) Winter 1.77 ± 1.26 

77.7 Spring 6.78 ± 7.44 

77.7 Summer 4.15 ± 2.58 

77.7 Autumn 14.83 ± 22.37 

77.7 Subtotal 27.53 

 Grand total 158.4 
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Table 3-5. In situ depth, potential temperature (θ), salinity, and [CH4] in water with a 

potential density (σθ) of 27.25 kg m-3 at station TDC5 located in Cabot Strait, the Gulf of St. 

Lawrence, along with the same properties for the endmembers, North Atlantic Central Water 

(NACW), and Labrador Current Water (LCW), on the potential density surface of 27.10 kg 

m-3. The in situ data were interpolated from the measurements made in this study; the depths, 

potential temperatures, and salinities for the endmembers were obtained from Gilbert et al. 

(2005) and the [CH4]s for the endmembers were calculated according to their potential 

temperatures and salinities (see details in Section 3.6.4 in the main text). 

 Depth (m) θ (ºC) Salinity [CH4] (nmol L-1) 

 Endmember (σθ = 27.10 kg m-3) 

NACW 772.7 11.14 35.45 2.77 

LCW 170.8 1.05 33.85 3.62 

 In situ (σθ = 27.25 kg m-3) 

Oct-16 267.9 6.75 34.74 1.54 

Jun-17 295.2 7.18 34.82 0.96 
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Table 3-6. Targeted and real sampling coordinates of the pockmark stations, the distance 

between the targeted and real coordinates (i.e. horizontal distance deviation, HD), the 

distance between the deepest sampling depth and the seafloor (i.e. vertical distance deviation 

or VD), and the [CH4] at the deepest (i.e. near-bottom) sampling depth ([CH4]nb). 

Cruise Real coordinates 

(°W, °N) 

HD  

(m) 

VD  

(m) 

[CH4]nb  

(nmol L-1) 

Station Bis (targeted coordinates: 68.498°W, 48.793°N) 

Oct-16 68.498, 48.792 143.8 15 24.6 

Station PM2 (targeted coordinates: 67.699°W, 48.977°N) 

Jun-17 67.698, 48.982 546.9 4.4 273.7 

Nov-17 67.694, 48.978 363.4 4.1 21.9 

Station PM3 (targeted coordinates: 67.648°W, 48.995°N) 

Oct-16 67.650, 48.995 161.6 5.0 89.1 

Station PM5 (targeted coordinates: 67.621°W, 49.002°N) 

Oct-16 67.623, 49.003 150.4 2.6 695.3 

Nov-17 67.620, 49.003 107.4 5.9 135.0 

Feb-18  (cast# 1) 67.628, 49.002 490.0 9.4 10.4 

Feb-18  (cast# 2) 67.621, 49.003 67.3 10.9 418.5 

Feb-19 67.619, 49.003 171.1 15.0 74.1 

Station PM8 (targeted coordinates: 67.759°W, 48.959°N) 

Jun-17 67.752, 48.947 1389.7 5.4 206.8 

Nov-17 67.760, 48.958 69.6 6.4 37.2 
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Table 3-7. Means and ranges of δ13CCH4 for different sub-regions and different depth layers 

in the estuary and Gulf of St. Lawrence. Data for the below-surface depths at station IF2 in 

the Belle Isle Strait (δ13CCH4: −40.9‰ at 40.1 m and −33.1‰ at 95.0 m) are excluded from 

calculation for the Gulf region in this table due to the absence of the cold intermediate layer 

(CIL) at this locality.  

 Depth layer δ13CCH4 (‰) 

  Median Mean [min, max] 

Upper 

Estuary 

Surface (<2.5 m) 

(N = 4) 

−30.61 −32.2 

[−37.9, −29.5] 

Below surface (>10 m) 

(N = 7) 

−31.77 −33.4 

[−38.4, −31.2] 

Lower 

Estuary 

Surface (<2.5 m) 

(N = 6) 

−29.94 −30.16 

[−32.0, −29.1] 

Core of CIL 

(N = 6)  

−33.41 −33.5 

[−36.6, −31.3] 

Sub-CIL 

(N = 6)  

−31.63 −32.87 

[−38.9, −30.0] 

Bottom (LC and branches) 

(N = 6)  

−30.48 −31.2 

[−36.3, −27.4] 

Gulf 

Surface (<2.5 m) 

(N = 10) 

−31.73 −32.6 

[−36.7, −30.7] 

Core of CIL 

(N = 9)  

−38.17 −37.2 

[−40.9, −32.8] 

Sub-CIL 

(N = 9)  

−34.97 −34.79 

[−38.3, −30.5] 

Bottom (LC and branches) 

(N = 9)  

−35.31 −34.9 

[−38.8, −31.1] 
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3.10 FIGURES 

 

Figure 3-1. Sampling area information and stations. a) Bathymetry and surface circulations 

(after Sheng, 2001) of the estuary and Gulf of St. Lawrence (EGSL). Inset shows the location 

of the EGSL on the east coast of North America. b) Longitudinal vertical section of the EGSL 

showing the main topographic features of the Upper Estuary and Laurentian Channel in the 

Lower Estuary and the Gulf. Also shown are the approximate positions of the Bis pockmark 

site and the Matane Pockmark Train (MPT) sampled in this study. c) Map showing all 

sampling stations from different cruises. Refer to Fig. S1 for station names for each cruise. 

Inset shows the four sub-regions (red: Upper Estuary; green: Lower Estuary; grey: South 

Gulf; blue: North Gulf) of the EGSL used to facilitate methane air-sea flux calculation 

(Section 3.5.5 in the main text). 
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Figure 3-2. Scatter plots of [CH4] vs. distance to Quebec City (a) and vs. salinity (b) along 

the main longitudinal axis of the EGSL (Fig. 3-1b). Inset in panel a shows the relationship 

between [CH4] and distance for the composite data of all individual cruises, excluding the 

elevated [CH4]s in the turbidity maximum zone during the Oct-17 and Feb-19 cruises. Red 

area represents the 95% prediction intervals. Note the natural logarithmic scale for [CH4] in 

the inset. 
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Figure 3-3. Lateral distributions of surface-water [CH4] across the Lower St. Lawrence 

estuary and the Gulf of St. Lawrence. Blue: Oct-17; red: Oct-16; green: Jun-17 cruise. 
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Figure 3-4. Typical vertical profiles of [CH4] alongside the corresponding profiles of 

methane solubility at equilibrium with air, potential temperature (θ), salinity, dissolved 

oxygen, and turbidity in the Upper St. Lawrence estuary (a–o). Refer to panel p for the 

positions of the sampling stations. 
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Figure 3-5. Vertical distributions of salinity and temperature (a, d, g), chlorophyll a 

fluorescence and dissolved oxygen (b, e, h), and [CH4] and saturation ratio (c, f, i) along the 

main longitudinal axis of the Laurentian Channel in the Lower Estuary and the Gulf sampled 

during the Oct-16 (a–c) and Jun-17 cruises (d–f) and along the cross-channel transect in the 

Gulf visited during the Jun-15 cruise (g–i). Black dots in panels c, f, and i represent sampling 

depths for methane. Labels on the top of these three panels denote the names of the sampling 

stations. Refer to Fig. 3-S1 (panels Jun. 2015, Oct. 2016, and Jun. 2017) for the positions of 

the sampling stations.   
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Figure 3-6. Vertical profiles of [CH4] demonstrating the presence of the subsurface [CH4] 

maximum (SMMax) in four seasons at a site in Cabot Strait area (a–d). Also shown are the 

corresponding profiles of methane solubility at equilibrium with air (a–d), potential 

temperature (θ) and salinity (e–h), and chlorophyll a fluorescence and dissolved oxygen (i–

l). Dissolved oxygen data is unavailable at station CC5 during the Mar-17 cruise. Panel m 

displays the positions of the sampling stations.  
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Figure 3-7. Vertical profiles of [CH4] demonstrating the absence of the subsurface [CH4] 

maximum (SMMax) at stations IF8 and Mecatina in the Mecatina Trough and stations IF12 

and 35 in the Strait of Isle Belle (a–d). Also shown are the corresponding profiles of methane 

solubility with respect to air (a–d) and potential temperature (θ) and salinity (e–h). Station 

35 was sampled during the Mar-17 cruise and the others were sampled during the Oct-16 

cruise. Panel m displays the positions of the sampling stations. 
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Figure 3-8. Potential density (a) and [CH4] (b) at the subsurface [CH4] maximum (SMMax) 

in the Laurentian Channel as a function of distance to station T1 near the head of the channel. 
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Figure 3-9. [CH4] at pockmark stations vs. depth (a) and potential density (c). Panel b is a 

close-up view of the lower portions of the concentration-vs.-depth profiles for stations PM3, 

PM5 (Oct-16, Feb-18, and Feb-19), and Bis. Panel d shows the locations of the sampling 

stations. Note that some stations are overlapped on the map due to their proximity. 
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Figure 3-10. [CH4] as a function of incubation time for surface water samples (a), the cold-

intermediate-layer water samples (b), non-pockmark bottom water samples (c), and 

pockmark bottom water samples (d). Refer to Fig. 3-S1 (panels Jun. 2015, Nov. 2017, and 

Feb. 2019) for the positions of the sampling stations. In panels a, b, and c, the blue dots 

correspond to the lower x-axis and the rest to the upper x-axis. In panel d, the purple dots 

correspond to the lower x-axis and the rest to the upper x-axis.  
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Figure 3-11. Comparison of temperatures (a) and δ13CCH4 (b) between surface, cold-

intermediate-cold-layer (CIL), and sub-CIL water samples collected during the Nov-17 

cruise. Refer to Fig. 3-S1 (panel Nov. 2017) for the positions of the sampling stations. 
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Figure 3-12. δ13CCH4 vs. [CH4] for different sub-regions and different depth layers (a) and 

the relationship between δ13CCH4 and [CH4] for bottom water samples collected from the 

Laurentian Channel and its branches (b). Upper: Upper Estuary; lower: Lower Estuary; gulf: 

Gulf of St. Lawrence; CIL: cold intermediate layer. 
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Figure 3-13. Schematic representation of the major drivers controlling the dynamics of 

[CH4] in the water column of the estuary and Gulf of St. Lawrence. SF: Saguenay Fjord. 
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3.11 SUPPLEMENTARY INFORMATION 

3.11.1 Supplementary tables 

Table 3-S1. Fractions of ice cover and open-water areas in different sub-regions of the 

estuary and Gulf of the St. Lawrence (EGSL) during the winter sampling months. Refer to 

Fig. 3-1c in the main text for the sub-divisions of the EGSL. 

Cruise Region Ice cover fraction Open water area  

(103 km2) 

Mar. 2017 Upper Estuary 0.67 0.84 

Lower Estuary 0.50 4.43 

North Gulf 0.53 36.38 

South Gulf 0.47 86.90 

Feb. 2018 Upper Estuary 0.62 0.95 

Lower Estuary 0.66 2.99 

North Gulf 0.48 40.35 

South Gulf 0.75 41.45 

Feb. 2019 Upper Estuary 0.77 0.59 

Lower Estuary 0.69 2.80 

North Gulf 0.69 24.03 

South Gulf 0.74 43.03 
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3.11.2 Supplementary figures 

 

Figure 3-S1. Sampling stations labeled with names for each cruise and locations of weather 

stations (bottom panel on the right) from which wind speeds were obtained for methane flux 

calculations. 
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Figure 3-S2. Surface-water light transmission vs. distance to Quebec City along the main 

longitudinal axis of the St. Lawrence estuary during the Oct-17 and Feb-19 cruises. 
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Figure 3-S3. Relationships between surface-water [CH4] and distance to Quebec City for 

individual cruises. Elevated [CH4]s in the turbidity maximum zone during the Oct-17 and 

Feb-19 cruises are excluded.  Lines are best fits of the data. 
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Figure 3-S4. Relationships between surface-water [CH4] and salinity for individual cruises. 

Elevated [CH4]s in the turbidity maximum zone during the Oct-17 and Feb-19 cruises are 

excluded. Lines are best fits of the data. 
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Figure 3-S5. Vertical profiles collected at station TDC5 in Cabot Strait in October 2016 (a–

c) and June 2017 (d–f). a) & d): [CH4] and solubility at equilibrium with air; b) & e): 

potential temperature (θ) and salinity; c) and f): potential density.    
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Figure 3-S6. Scatter plots of [CH4] (a) and potential temperature (b) vs. potential density for 

three stations on a cross-channel transect (c) in the northwest Gulf of St. Lawrence. The data 

shows that 1) subsurface [CH4] maxima (SMMax) were present at stations TASO1 and 

TASO2 (a); 2) the SMMax were located at (TASO2) or near (TASO1) the core of the cold 

intermediate layer (CIL) (b); 3) the [CH4] at the SMMax for station TASO2, which was 

farther offshore than stations TASO1 and TASO5, was higher than those concentrations at 

the latter two stations along the same isopycnal (25.94 ± 0.16 kg m-3). 
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Figure 3-S7. Vertical profiles collected at station T1 near the head of the Laurentian Channel 

during the Jun-17 cruise. a) [CH4] and solubility at equilibrium with air. b) potential 

temperature (θ) and salinity. Refer to Fig. 3-S1 (panel Jun. 2017) for the position of station 

T1. 
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Figure 3-S8. Near-bottom [CH4] at pockmark station PM5 as a function of H1.4*L. H (units: 

m) denotes the difference between the depth of the seafloor and the deepest sampling depth; 

L (units: m) represents the distance between the real and targeted coordinates of the sampling 

station. 
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4.1 RÉSUMÉ 

Bien que la méthanogénèse soit considérée comme un processus strictement 

anaérobique, les eaux de surface de la haute mer riches en oxygène sont généralement 

sursaturées en méthane (CH4); il s’agit du phénomène de paradoxe du méthane océanique. 

Nous rapportons ici que la photoproduction du méthane abiotique à partir de la matière 

organique dissoute chromophorique (CDOM) contribue de manière significative à ce 

paradoxe. La photoproduction du méthane a été observée lors des irradiations solaires 

simulées de diverses eaux collectées le long du continuum terre-mer. Les taux de la 

photoproduction du méthane ont diminué vers la mer, tandis que son efficacité de production 

relative et le rapport de la photoproduction de méthane à la photoproduction de monoxyde 

de carbone (CH4/CO) ont tous deux suivi une tendance inversée. La modélisation par 

télédétection incorporant une relation entre CH4/CO et l'absorption de CDOM a donné 

une photoproduction annuelle de méthane de 118 Gg pour la haute mer mondiale, 

représentant 20 à 60 % de l’efflux de méthane de haute mer et étant d’une magnitude 

comparable au puits de l’oxydation-microbienne de méthane de mer supérieure. La 

photodégradation de la CDOM joue donc un rôle important dans le maintien des 

concentrations de méthane sursaturé dans la haute mer oxygénée et des émissions de méthane 

océanique à l’atmosphère. Cependant, la voie photochimique n’est qu’une source mineure de 

méthane pour les environnements côtiers, y compris l’estuaire et le golfe du Saint-Laurent. 

Mots-clés : photoproduction du méthane ; paradoxe du méthane océanique ; matière 

organique dissoute chromophorique 

4.2 ABSTRACT 

Although methanogenesis is considered a strictly anaerobic process, oxygen-replete 

surface open-ocean waters are usually supersaturated with methane (CH4), a phenomenon 

termed the oceanic methane paradox. Here we report that abiotic methane photoproduction 
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from chromophoric dissolved organic matter (CDOM) significantly contributes to this 

paradox. Methane photoproduction was observed during solar-simulated irradiations of 

various waters collected along the land-ocean continuum. Methane photoproduction rates 

decreased seaward, whereas its relative production efficiency and the methane-to-carbon-

monoxide (CO) photoproduction ratio (CH4/CO) both followed a reversed trend. Remote-

sensing modeling incorporating a CH4/CO–CDOM absorption relationship yielded an 

annual methane photoproduction of 118 Gg for the global open ocean, accounting for 20-

60% of the open-ocean methane efflux and being of comparable magnitude to the upper-

ocean methane microbial-oxidation sink. The photodegradation of CDOM thus plays an 

important role in maintaining supersaturated methane concentrations in the oxygenated upper 

open ocean and in sustaining oceanic methane emissions to the atmosphere. However, the 

photochemical pathway is only a minor source to coastal environments, including the estuary 

and Gulf of St. Lawrence. 

Keywords: methane photoproduction, oceanic methane paradox, chromophoric 

dissolved organic matter 

4.3 INTRODUCTION 

Methanogenesis is commonly considered to occur only in strict anaerobes whose 

activity is inhibited by the presence of oxygen and sulfate (Rheeburg, 2007; Thauer et al., 

2008). However, sulfate- and oxygen-rich surface oceans distant from terrestrial and 

sedimentary influences are usually supersaturated with methane (CH4) relative to 

atmospheric equilibrium, a phenomenon referred to as the “oceanic methane paradox” 

(Kiene, 1991; Rheeburg, 2007). Various biotic explanations have been proposed, including: 

1) anaerobic CH4 production in micro-anoxic niches in sinking particles and in zooplankton 

and fish guts (Oremland, 1979; Karl & Tilbrook, 1994; Schmale et al., 2018); 2) aerobic CH4 

production by common marine phytoplankton species: Emiliania huxleyi (Lenhart et al., 

2016), Phaeocystis globosa, and Chrysochromulina sp. (Klintzsch et al., 2019); 3) aerobic 
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CH4 production from microbial decomposition of certain organic phosphorus compounds 

(Karl et al., 2008; Repeta et al., 2016).  

Abiotic CH4 production under oxic conditions might also explain the oceanic methane 

paradox. Althoff et al. (2014) discovered CH4 formation from oxidative reactions of 

organosulfur compounds and hypothesized that these reactions might occur in living 

organisms including algae. Bange & Uher (2005) observed CH4 production from photolysis 

of acetone added to natural water samples. More recently, Zhang & Xie (2015) observed CH4 

production from photodegradation of chromophoric dissolved organic matter (CDOM) in a 

highly colored river water sample. Despite evidence that CH4 can be produced under aerobic 

conditions by various biotic and abiotic processes, their quantitative relevance to the methane 

paradox remains weak (Bange & Uher, 2005; Zhang & Xie, 2015), difficult to evaluate (Karl 

et al., 2008; Althoff et al., 2014; Klintzsch et al., 2019) or has not been assessed on large 

scales (Repeta et al., 2016).  

Photochemical transformations of CDOM play an important role in marine 

biogeochemical cycles (Mopper et al., 2015; Power et al., 2015) and produce various 

atmospherically reactive and/or climatically active trace gases (Mopper & Kieber). Carbon 

monoxide (CO) is arguably the most precisely determined CDOM photoproduct whose 

global open-ocean photoproduction rate is best known (mean: 40–50 TgC year-1, Zafiriou et 

al., 2003; Stubbins et al., 2006; Fichot & Miller, 2010). The amenability and high sensitivity 

of the CO measurement has made it a useful proxy for other important but difficult-to-

measure photoproducts such as carbon dioxide and biolabile organic carbon (Miller & 

Moran, 1997; Mopper & Kieber, 2002). Here, we report that the photodegradation of CDOM 

produces methane in a wide range of waters across the entire land-ocean continuum. By 

combining lab-determined molar ratios of CH4 to CO photoproduction into a remote sensing-

informed photochemical model, we demonstrate that photoproduction represents a 

significant source of CH4 in the surface ocean and is likely an important mechanism behind 

the methane paradox. 
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4.4 METHODS 

4.4.1 Sampling 

Water samples were collected from a range of water types along the land-ocean 

continuum, including the estuary and Gulf of St. Lawrence (EGSL), the Saguenay Fjord, the 

Canadian Arctic and Labrador Sea, Coastal Massachusetts, the Sargasso Sea, Station 

ALOHA in the subtropical North Pacific, and a peatland pond near Rimouski, Quebec 

(Supplementary Fig. 4-S1). Surface water samples were collected with a clean high-density-

polyethylene bucket at the peatland site and elsewhere with Niskin bottles mounted on 

standard conductivity-temperature-depth (CTD) rosettes. All samples were taken from the 

surface mixed layer save three from the bottom layer (326 m) at Sta. P9 in the lower St. 

Lawrence Estuary and from the oxygen minimum zone (775 m) and bottom layer (4001 m) 

at Station ALOHA. Water samples were gravity-filtered through Pall AcroPak 1000 filtration 

capsules sequentially containing 0.8-μm microfiber and 0.2-μm polyethersulfone-membrane 

filters. Filtered samples were transferred into 4-L clear-glass bottles, closed with PTFE-lined 

screw caps, and stored in darkness at 4 °C until analysis within 3 months of collection. Other 

relevant sampling information is provided in Supplementary Table 4-S1. 

Contamination-controlling measures were taken for sampling, filtration, and sample 

transfer. Blank tests showed negligible artifacts (Supplementary Text S1 and S2). 

4.4.2 Irradiation experiments 

The stored water samples were warmed to room temperature, re-filtered (0.2-μm 

polyethersulfone membrane, Pall) under low vacuum, and bubbled with medical-grade air 

(Air Liquide) to re-oxygenate the sample and lower the background CH4 concentrations. Use 

of medical-grade air minimized pH and carbonate system disturbances. The samples were 

then siphoned into cylindrical quartz tubes (length: 25.0 cm; i.d.: 2.2 cm) with sufficient 

overflowing. The tubes were closed free of headspace with ground-glass stoppers, 

horizontally immersed in a temperature-controlled water bath, and irradiated under a 
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SUNTEST XLS+ solar simulator equipped with a 1500-W xenon lamp with radiation <290 

nm eliminated by a special Suprax ultra-violet (UV) filter. Quartz tubes incubated under 

opaque conditions served as dark controls. The incident irradiance at the upper surface of the 

quartz tubes was measured to be ~650 W m-2 over the UV and visible spectrum using an OL-

756 spectroradiometer fitted with a 2-inch OL IS-270 integrating sphere and calibrated with 

an OL 756-10E irradiance standard (Gooch & Housego, USA). To facilitate comparison 

among different samples, the water bath was kept at 8°C, irrespective of the samples’ in situ 

temperatures (Table 4-1).  

Irradiations were divided into two groups: 1) time-series to determine the temporal 

evolution of CH4 photoproduction, and 2) fixed-duration to determine the molar ratio of CH4 

to CO photoproduction (CH4/CO) and/or the CH4 photoproduction rate (Supplementary 

Table 4-S1). Separate irradiations were performed for CO and CH4 due to different 

irradiation times required. Irradiation lasted from 0.05 to 5 h for CO and from 4 to 8 d for 

CH4, depending on the samples’ initial Napierian absorption coefficient at wavelength 320 

nm (ag(320)). Considering CH4 photoproduction increased linearly with irradiation time 

(Section 4.5.2), the difference in irradiation time between the CO and CH4 experiments 

should have minimal effects on the calculated CH4/CO ratios. All samples were irradiated 

in triplicate (time-course) or quadruplicate (fixed-duration), except for the Arctic and 

Labrador Sea samples (no replicates). Post-irradiation samples were subsampled sequentially 

for measurements of dissolved CH4 and CO, CDOM absorbance, and bacterial enumeration 

(for selected time-course irradiations only). Bacterial samples were fixed with 5% 

glutaraldehyde (Grade II, Sigma G6257; 20 µL added to 14 mL sample) and stored at –80°C 

until analysis.  

Acetaldehyde and acetone (HPLC grade, Sigma-Aldrich) were tested as potential 

precursors of CH4 photochemically produced in natural waters. Samples were prepared by 

adding each of the compounds to 0.2 µm-filtered, air-equilibrated Rimouski River (48.439 

N, 68.540 W) water, with a concentration of 50 µmol L-1. The samples were irradiated at 
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20C for four days in the same manner as described earlier, along with parallel blanks (i.e. 

river water only) and dark controls.  

4.4.3 Analysis 

DOC concentrations of unirradiated samples were determined using a Shimadzu TOC-

Vcpn analyzer. UV-visible absorbance spectra of CDOM were recorded with a Perkin-Elmer 

lambda-35 spectrometer. Absorbances, after baseline corrections per Babin et al. (2003), 

were converted to the Napierian absorption coefficients, ag(λ) (m-1), where λ is wavelength 

in nanometers (Fichot and Benner, 2012). Dissolved CH4 and CO were headspace-extracted 

and quantified using a Peak Performer 1 Analyzer (Peak Laboratories, USA) and a TA7000 

Reduction Gas Analyzer (Trace Analytical, USA), respectively, following the methods of 

Xie et al. (2002) and Zhang & Xie (2015). Free-living heterotrophic bacterial cell abundance 

was determined by cytometry (Belzile et al., 2008). See Supplementary Text S3 for detailed 

analytical methods. 

4.4.4 Modeling of methane photoproduction rates 

The photochemical model of Fichot & Miller (2010) was used to calculate a global, 

spatially-explicit, yearly climatology of depth-resolved photoproduction rates of CH4. The 

approach involved two steps: 1) calculation of a yearly climatology of depth-integrated 

photoproduction rates of carbon monoxide (CO) and 2) conversion of the CO 

photoproduction rates to CH4 photoproduction rates. 

In the first step, the photochemical model of Fichot & Miller (2010) was implemented 

on a yearly climatology (2002-2018, 9-km  9-km) of Aqua MODIS remote-sensing 

reflectances (Rrs) to derive a corresponding climatology of depth-resolved CO 

photoproduction rates. Briefly, the SeaUV algorithm (Fichot et al. 2008) was implemented 

on Rrs to derive diffuse attenuation coefficients (Kd) of surface waters in the 290-490 nm 

range. The ag(320)/Kd(320) ratio of 0.68 and CDOM spectral slope coefficient of 0.0194 
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from Fichot and Miller (2010) were used to derive a climatology of CDOM absorption 

coefficient spectra from Kd(320). These climatologies were then combined with a yearly 

climatology of cloud-corrected modeled irradiance spectra (290–490 nm) and an average 

apparent quantum yield of CO photoproduction (Fichot & Miller, 2010) to generate depth-

resolved CO photoproduction rates. These rates were then integrated over the top 150 m of 

the water column to produce a globally-mapped yearly climatology of depth-integrated rates 

of CO photoproduction. This approach assumes a homogenous water column, which is 

reasonable considering that most of the photoproduction tends to occur in the surface mixed 

layer (Fichot and Miller, 2010) where CDOM absorption and composition can be considered 

homogenous. 

In the second step, a relationship observed between CH4/CO and the initial ag(320) 

in this study was applied to the mapped climatology of ag(320) to produce a mapped yearly 

climatology of the CH4/CO ratio. The ratio was then used to derive the mapped yearly 

climatology of depth-integrated rates of CH4 photoproduction for the global ocean from the 

corresponding CO photoproduction climatology. This step assumes that the CH4/CO 

ratios, which are derived from irradiation experiments in a solar simulator, are generally 

applicable to the range of solar exposure spectra observed in natural waters. In reality, 

unconstrained differences between the spectral dependencies of CO and CH4 

photoproduction (stemming from potential differences in the spectral dependencies of their 

respective apparent quantum yields) represent a potentially important source of uncertainties 

in the estimated CH4 photoproduction rates. Here, a careful analysis suggested the 

uncertainties associated with this assumption are on the order of ±7% and ±21% for surface 

and depth-resolved CH4 photoproduction rates, respectively (Supplementary Text S4, and 

Supplementary Figs. 4-S2–4-S4).  
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4.5 RESULTS AND DISCUSSION 

4.5.1 Physical, chemical, and optical properties of sampled waters 

The physical, chemical, and optical data for the initial (unirradiated) samples are shown 

in Table 4-1. Salinity ranged from zero at the freshwater sites to >36 at the BATS site. 

Excluding the peatland-pond sample, ag(320) decreased by more than 2 orders of magnitude 

from the Charles-River and Saguenay-Fjord stations (24.29 m-1 and 25.20 m-1, respectively) 

to Station ALOHA (0.11 m-1). Absorption in the peatland pond was an order of magnitude 

higher (173.5 m-1) than at the Charles River and Saguenay Fjord. Surface water DOC 

concentration spanned from 478 µmol L-1 in the Saguenay Fjord (peatland pond DOC data 

not available) to ~80 µmol L-1 in the Gulf of St. Lawrence and open-ocean waters. The 

CDOM spectral slope coefficient between 275 nm and 295 nm (S275-295) ranged from 12.9 

µm-1 for the peatland pond to 50.8 µm-1 for Station ALOHA. S275-295 is an indicator of CDOM 

origin and molecular weight, with terrigenous CDOM having lower values than marine 

CDOM (Helms et al., 2008, Fichot and Benner, 2012). Together, these chemical and optical 

data indicate that the samples examined represent a broad spectrum of DOM sources and 

properties in natural waters.   

4.5.2 Photoproduction of CH4 

The filtration procedure described in Section 2.1 removed >99% of bacteria. Bacterial 

growth in the irradiated samples was mostly undetectable but was significant at times in the 

dark controls (Supplementary Fig. 4-S5). Nonetheless, dark controls showed negligible 

production or consumption of CH4 (mean: −1.4%; range: −7.2 to 6.9%). In contrast, CH4 

production was observed in all irradiated samples, increasing approximately linearly with 

irradiation time (Supplementary Fig. 4-S6). Considering the wide diversity of samples used 

here, CH4 photoproduction is likely ubiquitous in natural waters. The rate of CH4 

photoproduction (PCH4) decreased linearly with increasing salinity, except for the highly 

colored Saguenay-Fjord and peatland-pond samples which fell well above the fitted line (Fig. 



150 

 

4-1a). As revealed by the exponential relationship between ln(PCH4) and ln(ag(320)), PCH4 

increased very rapidly with increasing initial ag(320), ranging from ~24 nmol m-3 d-1 for the 

open-ocean samples to 6206 nmol m-3 d-1 for the extremely colored peatland sample (Fig. 4-

1b). The rate of CO photoproduction also increased with ag(320) (Supplementary Fig. 4-S7), 

as has been reported previously (Stubbins, 2001).  

In contrast, the amount of CH4 produced per unit loss of CDOM absorption 

(CH4/ag(320)) decreased rapidly with increasing initial ag(320), following a power law 

(Fig. 4-2a). The CH4/ag(320) of the oligotrophic water samples (salinity >36) was about 

seven times that of the freshwater samples (salinity <1). This trend indicates that marine 

CDOM and/or photobleached terrigenous CDOM, which both occur in oligotrophic waters 

(Andrew et al., 2013), are more efficient at producing CH4 than is minimally altered 

terrigenous CDOM. Consequently, the conservative behavior of ag(320) in the St. Lawrence 

estuary (Supplementary Fig. 4-S8) suggests an increasing CH4/ag(320) ratio with an 

increasing fraction of the marine CDOM endmember. Furthermore, the linear increase of 

CH4 with irradiation time during the time-course irradiations implies that the absorbed-

photon-based efficiency of CH4 increases as CDOM is photodegraded. This increase in 

efficiency during prolonged exposure could be in part responsible for the observed increase 

in CH4/ag(320) and CH4/CO (see below) from inland to open-ocean waters. 

The CH4/CO ratio exhibited similar behavior to CH4/ag(320), decreasing rapidly 

with increasing initial ag(320) following a power law (Fig. 4-2b). The CH4/CO ratio 

increased ~30-fold from 6.310-5 in the Charles River to >210-3 in the oligotrophic Atlantic 

and Pacific waters (Fig. 4-2b), indicating that CDOM from oligotrophic environments is 

much more efficient at producing CH4 relative to CO than is terrigenous CDOM. The large 

range of CH4/CO observed across the land-ocean continuum suggests different primary 

mechanisms for the photoproduction of these two gases.  

Bange and Uher (2005) proposed that CH4 photoproduction involves the formation of 

methyl radicals (CH3 ) from CDOM-initiated photoreactions, followed by H-abstraction by 
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CH3  from various substrates. Several methylated compounds occurring in natural waters 

have been identified as precursors of CH3 , they being acetone (Bange and Uher, 2005) and 

dimethylsulfide (Zhang and Xie, 2015). Bange and Uher (2005) only observed CH4 

photoproduction from acetone in the absence of O2, which readily reacts with the CH3  (Neta 

et al., 1996), while Zhang and Xie (2015) detected CH4 photoproduction from DMS under 

both anoxic and oxic conditions. In this study, acetone, as well as acetaldehyde, was found 

to be able to produce CH4 under well-oxygenated conditions (Supplementary Fig. 4-S10). As 

acetone, acetaldehyde, and DMS are widespread in natural waters (Simó, 2004; Beale et al., 

2013; Zhu and Kieber, 2020), they could be among the precursors of CH4 photochemically 

produced. Methoxy-substituted phenols, which are photoreactive and enriched in terrigenous 

CDOM (Sharpless and Blough, 2014), are also considered to be potential CH4 precursors 

(Zhang and Xie, 2015). The different CH4 photoproduction behaviors of river and marine 

samples could be attributed to 1) methylated compounds and methoxy-substituted phenols 

having different CH4-producing efficiencies and 2) different proportions of CH4-producing 

methylated compounds and methoxy-substituted phenols in the bulk CDOM pools in the 

river and marine samples.  

4.5.3 Global estimates 

The remote-sensing-informed model of Fichot & Miller (2010) facilitated the 

calculation of mapped yearly climatologies of depth-resolved and depth-integrated 

photoproduction rates of CH4 in the global ocean. The model was first used to produce a 

yearly climatology of CO photoproduction rates (Fig. 4-3a). Depth-integrated CO 

photoproduction rates are high in the tropics and progressively decrease towards the poles, 

unlike the global pattern of CDOM absorption (Fig. 4-3b). This mismatch is attributed to 

CDOM absorption being the primary contributor to the vertical attenuation of UV-blue 

radiation in natural waters. Thus the magnitude of CDOM absorption mainly controls the 

vertical distribution of photoproduction in the water-column rather than the magnitude of 

depth-integrated photoproduction. The latter is more directly influenced by the relative 
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contribution of CDOM to the total absorption by all water constituents (Bélanger et al. 2008; 

Fichot & Miller, 2010).  

However, CDOM had a major, albeit indirect, influence on the depth-integrated CH4 

photoproduction rates. As was revealed by the inverse power-law relationship between 

CH4/CO and ag(320), CDOM from oligotrophic waters is much more efficient at 

producing CH4 relative to CO than is terrigenous CDOM. Application of this relationship on 

the remotely sensed ag(320) produced a global-ocean pattern of CH4/CO ratios that is the 

inverse of the ag(320) pattern (Figs. 4-3b and 4-3c). The highest ratios were thus observed in 

the subtropical oligotrophic oceans (mean: ~3  10-3) where ag(320) values are very low 

(<0.1 m-1), whereas lower ratios were observed at higher (>45o) latitudes (mean: ~1.4  10-

3) and in coastal waters (mean: ~0.9  10-3) where ag(320) is enhanced by inputs from 

terrestrial environments and/or upwelling of deep CDOM-enriched waters.  

This wide range of CH4/CO ratios observed globally greatly influenced the spatial 

distribution of depth-integrated CH4 photoproduction rates (Fig. 4-3d). The highest rates 

were observed in the subtropical gyres where high incident irradiance and high CH4/CO 

ratios fueled rates typically greater than 80 nmol m-2 d-1. The yearly-averaged rates in the 

subtropical gyres were: 96 nmol m-2 d-1 in the North Atlantic, 101 nmol m-2 d-1 in the South 

Atlantic, 92 nmol m-2 d-1 in the South Indian, 99 nmol m-2 d-1 in the North Pacific, and 99 

nmol m-2 d-1 in the South Pacific. In contrast, much lower rates (<40 nmol m-2 d-1) were 

observed in most coastal waters, where low CH4/CO ratios minimized CH4 

photoproduction rates regardless of incident irradiance. The lowest rates (<20 nmol m-2 d-1) 

were observed in the sub-polar and polar regions where low average irradiances are combined 

with low CH4/CO ratios. The estimated total photoproduction of CH4 in the global ocean 

was 121 Gg year-1, with the open ocean (water depth >200 m) accounting for 97% of it (i.e. 

118 Gg year-1). 

 The vertical distribution of CH4 photoproduction rates also varied spatially 

(Supplementary Fig. 4-S9). Rates typically decrease exponentially with depth, but the rate of 
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decrease can vary dramatically depending on the level of downwelling-irradiance diffuse 

attenuation caused by the various optically active constituents in the water (Fichot & Miller, 

2010). For instance, depth-resolved rates at a St. Lawrence estuary (SLE) site (49oN, 67.8oW) 

decreased much more rapidly than in oligotrophic waters because of the higher attenuation 

driven by high CDOM and particle absorption. CH4 photoproduction is typically 

concentrated in the top few meters of the water column in estuarine and coastal waters but 

extends deeper in oligotrophic waters. The photoproduction rate just below the air-water 

interface at the SLE site (10.4 nmol m-3 d-1) is greater than that at BATS (6.6 nmol m-3 d-1) 

or at Station ALOHA (7.5 nmol m-3 d-1). However, the depth-integrated (0-150 m) rates 

displayed an opposite pattern, being far higher at Station ALOHA (102 nmol m-2 d-1) and the 

BATS (72 nmol m-2 d-1) than at the SLE site (5 nmol m-2 d-1) because of higher solar 

irradiances and CH4/CO ratios in the open ocean. 

4.5.4 Implications for CH4 cycling in the Estuary and Gulf of St. Lawrence 

Zhang and Xie (2012) reported annual mean CO photoproduction rates of 48.3 µmol 

m-2 d-1 in the upper SLE, 28.64 µmol m-2 d-1 in the lower SLE, and 24.21 µmol m-2 d-1  in the 

northwest Gulf of St. Lawrence. The mean CH4/CO ratios for the EGSL surface waters 

measured in this study are 1.23  10-4 in the upper SLE, 3.09  10-4 in the lower SLE, and 

4.02  10-4 in the northwest Gulf. Multiplying the CO photoproduction rates by the 

CH4/CO ratios for the corresponding subregions yields CH4 photoproduction rates of 

0.0060 µmol m-2 d-1 in the upper SLE, 0.0088 µmol m-2 d-1 in the lower SLE, and 0.0097 

µmol m-2 d-1 in the northwest Gulf. The annual mean sea-to-air CH4 flux densities were 

estimated as 31.02 μmol m-2 d-1 in the upper SLE, 5.47 μmol m-2 d-1 in the lower SLE, 2.61 

μmol m-2 d-1 in the northwest Gulf (Chapter 3).  CH4 photoproduction can thus only account 

for 0.02% of the atmospheric emission in the upper SLE, 0.16% in the lower SLE, and 0.37% 

in the northwest Gulf. The photochemical pathway is, therefore, a minor source of CH4 to 

the EGSL. 
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4.5.5 Implications for the oceanic methane paradox 

To evaluate the role of CH4 photoproduction in maintaining the supersaturation of CH4 

in open-ocean surface waters, we compared our CH4 photoproduction rates with ocean-to-

atmosphere CH4 emission rates and microbial CH4 oxidation rates from the literature. Global 

open-ocean CH4 emission rates derived from high-resolution basin-wide observations were 

estimated at 0.4 (0.2–0.6) Tg year-1 based on Pacific data (Bates et al., 1996) and 0.41 (0.29–

0.58) Tg year-1 based on Atlantic data (Rhee et al., 2009). The open-ocean CH4 

photoproduction rate of 118 Gg year-1 (~0.12 Tg yr-1), 95% of which is expected to take place 

in the mixed layer (Fichot and Miller, 2010), can thus account for 30% (20-60%) of open-

ocean CH4 emissions. Yearly-averaged CH4 emission rates in the subtropical gyres of the 

North and South Pacific were estimated at 140 nmol m-2 d-1 and 285 nmol m-2 d-1, 

respectively, based on the latitude-binned annual flux data of Bates et al. (1996). CH4 

photoproduction rates calculated here are 71% and 35% of these emission rates in the North 

and South Pacific subtropical gyres, respectively. CH4 photoproduction can therefore sustain 

a significant portion of the ocean-to-atmosphere CH4 emission both on global open-ocean 

scales and in major oceanic gyres. Photodegradation of CDOM in the surface ocean is 

therefore a potentially important contributor to the oceanic methane paradox. It appears to be 

less important in coastal environments, where our global coastal estimate of 3 Gg year-1 is 

small (<1%) compared to the estimated flux of ~0.4 Tg year-1 (Rhee et al., 2009).  

It should be noted that some estimates of oceanic CH4 emission have been reported to 

be an order of magnitude higher than those of Bates et al. (1996) and Rhee et al. (2009). 

These higher estimates are mostly from literature compilations (e.g. Bange et al., 1994) 

and/or are speculative (e.g. Lambert & Schmidt, 1993). However, more recent basin-wide 

measurements in the Atlantic suggest similarly high emission rates on global open-ocean 

scales (Forster et al., 2009). The exact reasons for this large discrepancy remain unclear but 

may arise from differences in sampling coverage and wind speed data used for flux 

calculations, or more plausibly in CH4 measurement methodology (Forster et al., 2009; Rhee 
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et al., 2009). Compared to these higher emission rates, our photoproduction rates are 

relatively small (<10%). 

 In the open ocean, CH4 turnover times due to microbial oxidation vary from 14 to 50 

years (Scranton & Brewer, 1978; Rehder et al., 1999). When combined with typical surface-

water CH4 concentrations of <3 nmol L-1 in major ocean gyres (Bates et al., 1996; Forster et 

al., 2009; Rhee et al. 2009), these turnover times imply microbial CH4 oxidation rates of 33-

117 nmol m-2 d-1 in the upper 200 m of the water column. Our average CH4 photoproduction 

rate for the open ocean (64 nmol m-2 d-1) thus represents 55-182% of these microbial 

oxidation rates. Holmes et al. (2000) reported a CH4 oxidation rate of 30 nmol m-2 d-1 at 

Station ALOHA, which is ~30% of our yearly-averaged CH4 photoproduction rate (102 nmol 

m-2 d-1) at this location. 

The photochemical source of CH4 could be significantly larger if photodegradation of 

particulate organic matter (POM) is also considered. POM photodegradation in open oceans 

produces CO in an amount that is 20-40% of that from CDOM photodegradation (Xie & 

Zafiriou, 2009). If the CH4/CO ratio for POM is similar to that for CDOM, our estimate 

of open-ocean CH4 photoproduction could increase by 20-40%, to 146-165 Gg year-1. The 

relatively low irradiation temperature (8 °C) maintained during our experiments (Section 

4.4.2) might also have led to an underestimate of the global photoproduction of CH4. The 

rates of several CDOM photoreactions have been shown to increase with temperature (e.g. 

Zhang et al., 2006; Zhu et al., 2018), and this could possibly be the case for CH4 

photoproduction. If that were the case, the photochemical source of CH4 would be even more 

significant compared to oceanic emission and microbial oxidation.  

4.6 CONCLUSION 

CH4 photoproduction is likely ubiquitous in natural waters. While the rate of CH4 

photoproduction increases with the sample’s initial CDOM absorption coefficient, the 

absorption loss-normalized CH4 photoproduction rate and the molar ratio of CH4 to CO 

photoproduction show opposite trends. CH4 photoproduction in open oceans is significant 
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compared with outgassing and microbial oxidation. This photochemical pathway, combined 

with other major surface-ocean methanogenic processes (Repteta et al., 2016; Klintzsch et 

al., 2019), is likely responsible for the oceanic methane paradox. Future studies should extend 

sampling coverage, particularly, to the Southern Ocean, determine the contribution from 

particle photochemistry, and elucidate the mechanisms for CH4 photoproduction. 
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4.9 TABLES 

Table 4-1. Physical, chemical, and optical properties of initial (unirradiated) water samples. 

NA: not available. 

Region Station Sampling 

depth (m) 

In situ T  

(°C) 

Salinity DOC  

(μmol L-1) 

ag(320)  

(m-1) 

S275-295  

(μm-1) 

Canadian Arctic 

and Labrador 

Sea 

108 10 -1.6 30.372 NA 0.77 25.7 

421 10 0.1 28.473 NA 0.40 32.04 

428 10 2.9 27.495 NA 0.78 26.53 

434 10 4.7 26.921 NA 1.08 24.99 

650 10 1.7 32.324 83.6 0.71 24.54 

Estuary and 

Gulf of St. 

Lawrence 

BSM 0.25 NA 0 305.9 9.85 15.76 

EUT01 3.5 9.64 14.4 158.4 2.88 19.88 

EUT02 4 7.64 19.5 134.4 2.54 19.72 

IML4 2.5 NA 25 139.8 3.70 16.68 

CMO3 2.5 4.99 28.51 99.5 1.87 19.15 

TDC5 2.5 8.75 31.4 83.4 0.862 24.15 

P1 10 -0.01 0.11 327.7 10.68 15.87 

P2 10 -0.14 2.34 317.8 9.89 15.93 

P3 10 -0.71 21.48 162.5 4.07 16.35 

P4 10 -0.73 24.34 137.1 3.19 16.94 

P9 326 5.71 34.49 55.9 0.478 20.55 

P10 10 -1.55 28.9 103.1 1.98 18.50 

P11 10 -1.58 29.3 101.2 1.90 18.60 

P12 10 -1.68 31.72 80.9 0.942 22.10 

Saguenay Fjord SAG13 2.2 9.95 5.88 478.5 25.2 13.83 
Sub-tropical N. 

Pacific Ocean 

ALOHA 6.5 24.50 34.72 84.5 0.110 50.82 

ALOHA 775 5.10 34.38 48.6 0.220 21.00 

ALOHA 4001 1.45 34.68 NA 0.225 28.86 

Sargasso Sea BATS 10 NA 34.67 NA 0.210 30.39 

Sargasso Sea Sta. 5 30 25.70 36.48 83.9 0.116 28.94 

Coastal 

Massachusetts 

CR 1 21.43 0.31 473.5 24.24 13.92 

RH 1 17.94 22.96 315.8 10.13 15.59 

PIS 1 14.28 27.17 161.7 4.10 17.23 

Saint Fabien, 

Quebec 

Peatland 

pond 

0.25 NA 0 NA 173.54 12.88 
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4.10 FIGURES 

 

Figure 4-1. Methane photoproduction rate as a function of salinity (a) and the initial 

absorption coefficient at 320 nm (b). In panel a, line is the linear fit to the data excluding the 

samples from station SAG13 in the Saguenay Fjord and from the peatland pond in Saint-

Fabien, Quebec. The inset shows the plot including the peatland pond sample. 
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Figure 4-2. The ratio of CH4 photoproduction to photochemical loss of ag(320) (a) and the 

molar ratio of CH4 to CO photoproduction (b) as a function of the initial ag(320). In panel a, 

the fit excludes the peatland pond sample. The inset shows the plot including the peatland 

pond sample. 
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Figure 4-3. Mapped yearly climatologies (2002-2018) for the surface ocean calculated with 

the remote-sensing based model: Depth-integrated rate of CO photoproduction in the top 150 

m (a), CDOM absorption coefficient at 320 nm (b), molar ratio of CH4 to CO 

photoproduction (c), and depth-integrated rate of CH4 photoproduction in the top 150 m (d). 
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4.11 SUPPLEMENTARY INFORMATION 

4.11.1 Supplementary text 

Text S1. Contamination-controlling measures 

Before use, all glassware, including quartz tubes, had been sequentially soaked in 10% 

reagent-grade HCl overnight, thoroughly rinsed with Nanopure water, air-dried, and 

combusted at 450 °C. The filtration capsules had been profusely flushed with Nanopure water 

(~10 L/capsule) and rinsed with sample water (~2 L) before transferring water from the 

Niskin bottles to the receiving glass bottles. The polyethersulfone (PES) membrane filters 

used for re-filtering the water samples had been thoroughly flushed with Nanopure water 

(>0.6 L/filter) under vacuum. Both the filtration capsules and PES membrane filters were 

confirmed to be free of dissolve organic carbon (DOC) and CDOM contamination after the 

Nanopure water flushing. The medical-grade air used for re-oxygenating the water samples 

was passed through a column of silica gel beads (mesh size 30) to remove potential volatile 

organics present in the air cylinder. 

Extra contamination-controlling measures were taken for sampling at Sta. 5 in the 

Northwest Atlantic. First, the Niskin bottles were pressurized with pure nitrogen during 

filtration to avoid contacting the bottle water with ambient air. Second, filtered water was 

transferred into a 19-L clear-glass (Pyrex) carboy sealed with a clean silicone stopper through 

which two PTFE lines were inserted: one for transferring water into and out of the carboy 

and the other for venting to ambient air. The venting line was connected to an OMICRON 

PTFE membrane filter (50 mm in diameter; 0.2 µm in pore size) and a column of silica gel 

beads (mesh size 30) to minimize potential contamination by atmospheric particles and 

volatile organics, respectively. The carboy was cleaned sequentially with HPLC-grade 

methanol (2  rinsing), Citranox detergent (2-d soaking), 20% reagent-grade HCl (24-h 

soaking), 1% reagent-grade ammonium (24-h soaking), 5% trace metal-grade HCl (7-d 

soaking). The carboy was profusely rinsed with Nanopure water between each cleaning step 



162 

 

and with trace metal-grade pure water after the final HCl soaking. Before filtering water into 

it, the carboy was thoroughly flushed with ambient air flowing through the PTFE filter and 

the silica gel column. Although 19 L of water was collected from Sta. 5, the majority of this 

sample was designated for other experiments and only ~3 L was available for the CH4 

experiment in this study. 

Text S2. Blank tests 

Blank tests were performed to ensure that sample manipulation did not introduce 

artifacts significantly affecting CH4 photoproduction. Potential artifacts could come from 

trace amounts of CH4-producing substrates added to the samples from the PES filters during 

filtration and/or from lab air during sample transfer. To verify these potential artifacts, one 

of the tests compared two Nanopure water samples: one was passed through a PES filter and 

the other was not. The remaining sample manipulation procedures were identical to those 

described in section 4.4.2 in the main text. The samples were irradiated, along with parallel 

dark controls, for 192 h under the same conditions as those for the natural water samples. 

The resulting change in CH4 concentration in the filtered sample relative to its dark control 

(mean ± s.d.: 0.044 ± 0.026 nmol L-1) was not significantly different from that in the 

unfiltered sample (0.050 ± 0.11 nmol L-1) as determined by two-tailed t-test (α = 0.05) 

assuming unequal variance (p = 0.44, n = 4). This result demonstrates that filtration-linked 

artifacts were negligible. 

In another test, two subsamples were taken from the 19-L glass carboy containing the 

water   from Sta. 5 (see Supplementary Text S1). Caution was exercised to minimize contact 

with lab air during each step of sample transfer for one of the subsamples. This was 

accomplished by flushing all sample-receiving vessels with ultrapure argon (>99.999%, Air 

Liquide) immediately before sample transfer and maintaining an atmosphere of argon above 

the water surface in the receiving vessels during the transfer. The sample was 0.2-μm re-

filtered with a sterilized PES syringe filter (25 mm in diameter, Whatman) due to difficulty 

in isolating the sample from lab air under vacuum filtration. The procedure of sample transfer 

and re-filtration for the second subsample was the same but without argon flushing, thereby 
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allowing the sample to be in contact with lab air. The two samples were irradiated, alongside 

parallel dark controls, for 213 h under the conditions described in section 4.4.2 in the main 

text. The amount of CH4 photochemically produced was 0.26 ± 0.027 nmol L-1 in the sample 

with minimized contact with lab air and 0.28 ± 0.040 nmol L-1 in the sample having routine 

contact with lab air. These two values are not significantly different based on two-tailed t-

test (α = 0.05) assuming unequal variance (p = 0.82, n = 3), indicating negligible artifacts 

from lab air. 

The water samplers employed during this study were made of plastics, i.e. high-density 

polyethylene (HDPE) for the bucket (used for the peatland pond sampling only) and 

polyvinyl chloride (PVC) for the Niskin bottles (used on all other occasions). Although blank 

tests for these samplers were not done due mainly to logistic and technique restrictions, 

several relevant elements suggest that artifacts, if any, resulting from leaching of organics 

into water samples should be minor. First, the water-plastic contact times were very short, 

less than a few minutes in case of the bucket and <0.5 hour for surface waters (the majority 

of our samples) in case of the Niskin bottles. Second, microplastics of polyethylene (PE) and 

PVC suspended in artificial seawater (plastics diameter: 200 μm; concentration: 417 mg L-1) 

did not release significant DOC (<±5%) in the dark or under solar-simulated irradiation (40 

h for PE and 7 d for PVC; M. Wu & H. Xie, unpubl. data), indicating that these two types of 

plastics do not leach out organics even under solar radiation over a period that was much 

longer than the water-plastic contact times during the field sampling. The fact that the internal 

walls of the sampling bottles were in the dark further reduces any potential leaching. Lastly 

and more importantly, a clear decreasing trend of the CH4 photoproduction rate with 

increasing salinity (and decreasing CDOM) (Fig. 4-1 in the main manuscript) is inconsistent 

with a major CH4 source derived from plastic contamination which is expected to be variable 

among different bottles and with time. 

Text S3. Supplemental information on analytical methods 

The DOC Shimadzu TOC-Vcpn carbon analyzer was calibrated with potassium 

biphthalate. The system was checked at intervals of seven consecutive sample analyses, 
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against Hansell’s low-carbon and deep Florida Strait (700 m) reference waters with DOC 

concentrations of 1 μmol L-1 and 41–44 μmol L-1, respectively. The coefficient of variation 

on five replicate injections was <1.5 %. 

CDOM absorbance spectra were recorded from 800 nm to 200 nm at 1-nm intervals. 

The spectrometer was fitted with 1- or 10-cm quartz cells and referenced to Nanopure water. 

The sample cell was rinsed with methanol, pure water, and sample water between individual 

scans. A baseline correction was applied by subtracting the absorbance value averaged over 

683–687 nm from all spectral values (Babin et al., 2003). The Napierian absorption 

coefficient of CDOM at wavelength λ, ag(λ) (m-1), was calculated as 2.303 times the 

absorbance divided by the cell’s pathlength in meters. The lower detection limit, defined as 

three times the standard deviation of five replicate analyses of pure water, was 0.02 ± 0.01 

m-1 over 280–600 nm. 

Dissolved CH4 and CO concentrations were determined using the methods identical to 

those of Zhang & Xie (2015) and Xie et al. (2002), respectively. Briefly, a syringe-based 

headspace method (gas:water ratio: ~1:8 for CH4 and ~1:6 for CO) was used to extract 

dissolved CH4 and CO into the gaseous phase. CH4 in the equilibrated headspace gas was 

quantified using a Peak Performer 1 gas chromatograph fitted with a flame ionization detector 

(Peak Laboratories, USA). The analyzer was calibrated using a CH4 standard of 4.94 parts 

per million by volume (ppmv) (Air Liquide) traceable to the National Institute of Standards 

and Technology (NIST). The analyzer was factory-optimized specifically for CH4 analysis, 

giving a lower detection limit of 0.045 nmol L-1 and a precision of ±4% (Zhang & Xie, 2015). 

CO in the headspace gas was quantified using a TA7000 Reduction Gas Analyzer (Trace 

Analytical, USA) calibrated with an NIST-traceable CO standard of 1.05 ppmv. The 

uncertainty of CO measurement was within ±2% and the lower detection limit was 0.02 nmol 

L−1. Single-point calibrations were adopted, since pre-study tests showed that the instruments 

consistently responded linearly up to 10.5 ppmv for CH4 (~80 nmol L-1) and 1.86 ppmv for 

CO (~12 nmol L-1) with essentially zero intercepts (Xie et al., 2002; Zhang & Xie, 2015). 
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Free-living heterotrophic bacterial abundance was determined using an Epics Altra 

flow cytometer (Beckman Coulter) equipped with a 488 nm argon laser operated at 15 mW 

(Belzile, 2008). A 0.5 mL subsample was half diluted in 1×Tris-EDTA buffer (pH 8) and the 

resulting 1 mL solution was incubated with 0.25 μL SYBR Green I (Ci = 10 000×, Invitrogen) 

for 30 min at room temperature in the dark. We added 10 mL fluorescent beads (1 μm in 

diameter; Fluoresbrite Plain, YG) to each sample as an internal standard and then analyzed 

the samples with the cytometer for 3 min. Bacterial cell abundance was calculated from the 

analysis volume that had been gravimetrically determined and corrected for the dead volume 

(50 μL, i.e. the volume taken from the sample tube but not accounted for when data 

acquisition was stopped). 

Text S4. Uncertainties associated with the use of a spectrally invariant molar ratio of CH4 to 

CO photoproduction 

As described in Methods section of the main manuscript, the approach used in this 

study first calculates depth-integrated CO photoproduction rates using well-established 

spectral apparent quantum yields of CO photoproduction and then converts these rates to 

CH4 photoproduction rates using a molar ratio of CH4 to CO photoproduction, CH4/CO, 

determined from irradiation experiments carried in a solar simulator. While the value of this 

ratio has been shown to vary with the initial CDOM absorption coefficient of the sample at 

320 nm (see Fig. 4-2b), the potential spectral dependency of this molar ratio is ignored and 

it is therefore inherently assumed that this ratio is spectrally invariant. As a result, this ratio 

is assumed to be unaffected by variations in the spectral dependencies of the incident solar 

irradiances that were typically observed in the sunlit ocean. In reality, one could expect 

differences in the spectral dependencies of CH4 and CO photoproduction, which could stem 

from likely differences in the spectral dependencies of their respective apparent quantum 

yields.  Here, we carried out a simple analysis to assess the sensitivity of CH4 

photoproduction rates calculated with this spectrally invariant CH4/CO ratio to variations 

in the spectral dependencies of the incident irradiances expected with location, time, and with 

vertical depth in the water column.  
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Downwelling plane irradiance spectra and their spectral dependencies were modeled 

for a range of solar zenith angles (SZA: 0, 20, 40, 60, and 80o) and vertical depths in the 

water column, and compared to the downwelling plane irradiance incident on the samples 

during the irradiation experiments in the solar simulator (Supplementary Figs. 4-S2a-d). 

Irradiance incident on the water surface were modeled using the System for the Transfer of 

Atmospheric Radiation and converted to below-surface values using a simple ratio of 0.94 

(Ruggaber et al., 1997). The SZA combines the effects of latitude, season, or time of day and 

drives most of the variability of incident surface solar irradiance globally. The effects of 

atmospheric pressure, ozone concentration, or other atmospheric constituents are more 

subtler and were ignored here for the purpose of this analysis. The effects of vertical depth 

were modeled for a station located in coastal Massachusetts (42.156oN, 70.206oW) using a 

diffuse attenuation coefficient spectrum (Kd() for  = 305–490 nm) measured in situ using 

a Compact Optical Profiling System [Morrow et al., 2010] and extrapolated to 290 nm using 

the exponential trend observed between 305 and 340 nm. The modeled surface irradiance 

spectrum for the SZA=40o was then combined with the measured Kd() spectrum to calculate 

the incident irradiance spectra at different vertical depths (z: 0, 2, 5, 10, and 20 m) using the 

equation: Ed(z, ) = Ed(0-,)*exp(-Kd()*z), where Ed(0-,) and Ed(z, ) represent the 

downwelling plane irradiance spectra just below the surface and at depth z, respectively. The 

downwelling irradiance incident on the samples during the experiments was measured using 

a calibrated UV-Visible spectroradiometer (Fichot and Benner, 2014) and was compared to 

the modeled spectra (Supplementary Figs. 4-S2a-d). Overall, the SZA had subtle effects on 

the spectral dependencies of the incident irradiances. In contrast, vertical depth had a much 

more pronounced effects due to the selective attenuation of UV radiation relative to the 

visible light.  

These irradiance spectra were then used to assess the impacts on the modeled spectral 

dependencies of the CO photoproduction action spectra at the well-mixed coastal 

Massachusetts station (Supplementary Figs. 4-S2e,f). The CDOM absorption coefficient 

spectrum (Perkin-Elmer Lambda 650 UV-Visible spectrophotometer, (Fichot and Benner, 
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2011)) measured at the coastal-Massachusetts station, ag(), and the composite apparent 

quantum for CO photoproduction, CO(), used in this study (Fichot and Miller, 2010) were 

used to calculate the corresponding CO photoproduction action spectra, PPCO(z,), as in this 

equation: PPCO(z,) = Ed(z, )*ag()*CO(). Note here that plane irradiance was used 

instead of scalar irradiance, but this has no implications for the results of the analysis. Like 

for the incident irradiances, the SZA only has subtle effects on the spectral dependencies of 

the CO photoproduction action spectra, whereas changes in vertical depth had a major 

impact, with most of the CO photoproduction being driven by visible light at depth > 20 m. 

In particular, the action spectra at depths were drastically different from those observed 

during the irradiation experiments (Supplementary Fig. 4-S2f). These major changes in the 

spectral dependencies of the CO photoproduction action spectra can, in turn, lead to 

uncertainties in the CH4 photoproduction rates calculated using our approach if the molar 

ratio of CH4 to CO photoproduction is indeed spectrally variable.  

Various plausible hypothetical spectral dependencies of the molar ratio of CH4 to CO 

photoproduction were generated and used to assess the sensitivity of the CH4 

photoproduction rates to the variations in the spectral dependencies of the CO 

photoproduction action spectra (Supplementary Fig. 4-S3). The CDOM absorption 

coefficient at the coastal-Massachusetts station was measured at ag(320)= 0.75 m-1, indicating 

a value of CH4/CO= 0.555 x 10-3 when using the equation of Figure 4-2b. The hypothetical 

spectral dependencies of the molar ratios generated here (Supplementary Fig. 4-S3) were 

parameterized using exponential functions and such that it would generate a modeled ratio 

of CH4/CO that was also equal to 0.555 x 10-3 when applied to the CO photoproduction 

action spectrum of the samples exposed in the solar simulator. The various curves shown in 

Supplementary Fig. 4-S3 thus represent several plausible spectral dependencies of the molar 

ratio of CH4 to CO photoproduction that could lead to a measured molar ratio CH4/CO = 

0.555 x 10-3 during the experiments.  

When applied to the modeled CO photoproduction action spectra, these hypothetical 

spectral dependencies of the molar ratio revealed that variations of the SZA lead to a mere 
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±7% uncertainty in modeled surface CH4 photoproduction rates. However, that uncertainty 

increased dramatically with vertical depth and reaching as high as ±200% at 20 m at this 

coastal station (Supplementary Fig. 4-S4). However, the overall impact on depth-integrated 

photoproduction rates remained limited because most photoproduction occurs near the 

surface, where photoproduction action spectra in natural waters remain spectrally similar to 

that observed in the solar simulator. Our analysis showed that ~95% of the depth-integrated 

CO photoproduction occurred within the top 5 m at the coastal-Massachusetts station 

(Supplementary Fig. 4-S4a), and the uncertainty of depth-integrated CH4 photoproduction 

rates remained around ±21% (Supplementary Fig. 4-S4b). Note here that a coastal station 

was used as an example but similar uncertainties can be expected in open-ocean regions. In 

these clearer waters, photoproduction reaches a deeper depth but the spectral dependency of 

the incident irradiance changes more slowly with depth. A simple assessment with simulated 

data also revealed the uncertainty of depth-integrated CH4 photoproduction rates can be 

expected to be around ±20% in the open ocean.  
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4.11.2 Supplementary tables 

Table 4-S1. Supplementary information on water sampling and sample irradiation. 

Region Station* Month-

year 

Latitude 

(N) 

Longitude 

(W) 

Sampling 

depth  

(m) 

 Irradiation 

mode 

Irradiation 

purpose** 

Canadian 

Arctic and 

Labrador Sea 

434 10-2015 70.18 133.55 10 Time series PCH4 

428 10-2015 70.79 133.69 10 Time series PCH4 

421 10-2015 71.43 134.00 10 Time series PCH4 

108 10-2015 76.27 74.62 10 Time series PCH4 

650 10-2015 53.79 55.44 10 Time series PCH4 

Estuary and 

Gulf of St. 

Lawrence 

BSM 10-2016 46.93 70.74 1 Time series PCH4 

EUT01 10-2016 47.23 70.58 3.5 Time series PCH4 

EUT02 10-2016 47.35 70.34 4.0 Time series PCH4 

IML4 10-2016 48.67 68.58 2.5 Time series PCH4 

CMO3 10-2016 48.27 69.37 2.5 Time series PCH4 

TDC5 10-2016 47.44 59.55 2.5 Time series PCH4 

Saguenay Fjord SAG13 07-2017 48.42 70.87 2.2 Time series PCH4 

Saint Fabien Peatland 06-2015 48.31 68.87 0.3 Fixed duration PCH4 

Sargasso Sea BATS 06-2016 31.92 64.34 10 Fixed duration PCH4 

Estuary and 

Gulf of St. 

Lawrence 

P1 02-2019 46.83 71.18 10 Fixed duration CH4/CO 

P2 02-2019 47.04 70.75 10 Fixed duration CH4/CO 

P3 02-2019 47.31 70.53 10 Fixed duration CH4/CO 

P4 02-2019 47.74 69.90 10 Fixed duration CH4/CO 

P9 02-2019 48.68 58.59 326 Fixed duration CH4/CO 

P10 02-2019 49.00 67.64 10 Fixed duration CH4/CO 

P11 02-2019 49.16 67.17 10 Fixed duration CH4/CO 

P12 02-2019 49.53 66.20 10 Fixed duration CH4/CO 

Sub-tropical 

North Pacific 

Ocean 

ALOHA 04-2019 22.75 158.00 6.5 Fixed duration CH4/CO 

ALOHA 04-2019 22.75 158.00 775 Fixed duration CH4/CO 

ALOHA 04-2019 22.75 158.00 4001 Fixed duration CH4/CO 

Sargasso Sea Sta. 5 06-2019 35.99 69.02 30 Fixed duration CH4/CO 

Coastal 

Massachusetts 

CR 06-2019 42.35 71.10 1 Fixed duration CH4/CO 

RH 06-2019 42.73 70.85 1 Fixed duration CH4/CO 

PIS 06-2019 42.71 70.80 1 Fixed duration CH4/CO 

 

*CH: Charles River; RH: Rowley House; PIS: Plum Island Sound. **PCH4: Photoproduction rate of CH4; 

CH4/CO: the molar ratio of CH4 to CO photoproduction.  
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4.11.3 Supplementary figures 

 

Figure 4-S1.  Map of sampling stations. See Table 4-S1 for detailed sampling information at 

each station. CR: Charles River; RH: Rowley House; PIS: Plum Island Sound. 
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Figure 4-S2. Effects of variations in the solar zenith angle (SZA) and vertical depth (z) on: 

(a, b) the spectral incident downwelling plane irradiance, (c, d) corresponding spectral 

dependencies of incident spectral downwelling plane irradiance, and (e, f) corresponding 

spectral dependencies of CO photoproduction action spectra. Incident surface irradiances 

were modeled except for the solar simulator spectrum, which was measured. The effects of 

SZA are shown in the left panels (a, c, e). The SZA combines the effects of latitude, season, 

or time of day and drives most of the variability of incident solar irradiance globally. The 

effects of vertical depth are shown in the right panels (b, d, f) for a station located in coastal 

Massachusetts (42.156oN, 70.206oW) using measured vertical diffuse attenuation coefficient 

spectra (Compact Optical Profiling System) and CDOM absorption coefficient spectra (UV-

Visible spectrophotometer).  
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Figure 4-S3. Hypothetical spectral dependencies of the molar ratio of CH4 to CO 

photoproduction. The red line represents a spectrally invariant ratio value of ~0.555 x 10-3, 

corresponding to a value of ag(320) = 0.75 m-1 (see equation of Fig. 4-2b) measured in a well-

mixed water column at a coastal Massachusetts station (42.156oN, 70.206oW). All spectral 

dependencies shown here led to CH4/CO photoproduction ratios of ~0.555 x 10-3 when 

implemented on the solar simulator spectrum. 
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Figure 4-S4. Calculated photoproduction rates of CO and CH4 for the coastal Massachusetts 

station (42.156oN, 70.206oW) at 5 different vertical depths (0, 2, 5, 10, and 20 m). Panel (a) 

shows that about 95% of the depth-integrated CO photoproduction occurs in the top 5 m of 

water column at that station. Panel (b) shows the corresponding CH4 rates calculated using 

the spectrally invariant molar ratio of CH4 to CO photoproduction of ~0.555 x 10-3 (see Fig. 

4-S3), along with uncertainty bounds caused by potential variability in the spectral 

dependency of the molar ratio of CH4 to CO photoproduction. 
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Figure 4-S5. Temporal evolution of heterotrophic bacterial cell abundance during time-

course irradiations. Light: irradiated samples; dark: dark controls. 
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Figure 4-S6. Photoproduction of CH4 as a function of irradiation time. Dark controls have 

been subtracted. Error bars in the upper panel are one standard deviation of triplicate 

irradiations. Lines are linear least-squares regressions of the data. See Fig. 4-S1 and Table 4-

S1 for station locations.  
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Figure 4-S7. CO photoproduction rate versus the initial ag(320)  and salinity. Line is linear 

least-squares regression of CO versus ag(320). 
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Figure 4-S8. Linear relationship between ag(320) and salinity for the samples from the 

Estuary and Gulf of St. Lawrence that were used for determining the ratio of CH4 to CO 

photoproduction. 

  



178 

 

 

Figure 4-S9. Remote sensing-modeled depth profiles of CH4 photoproduction rate at the 

BATS, Station ALOHA, and a site (49°N, 67.8°W) in the lower St. Lawrence estuary. 
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Figure 4-S10. Methane photoproduction from acetone (50 μmol L-1) and acetaldehyde (50 

μmol L-1) added to filtered Rimouski River water. Dark controls were subtracted. Error bars 

are one standard deviation of triplicates. 
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CHAPTER 5 

GENERAL CONCLUSION 

The results from this research have broader implications for certain aspects of methane 

cycling in estuarine environments. First, the age of the freshwater delivered into an estuary 

appears to play an important role in controlling the [CH4] and δ13CCH4 in the surface water of 

the estuary thereby affecting the methane emission rate and the applicability of δ13CCH4 to 

methane source identification. The older age of the freshwater feeding the St. Lawrence 

Estuary, due to longer residence times in the Great Lakes and longer transit times through 

the St. Lawrence River, at least partly accounts for the lower [CH4] (~125 nmol L-1) and 

heavier δ13CCH4 signature (~−38‰) in the freshwater endmember of the St. Lawrence Estuary 

in comparison to the Saguenay Fjord ([CH4]: 142-263 nmol L-1; δ13CCH4: ~−45‰).  

Second, the contrast in submarine topography between the USLE and the Saguenay 

Fjord and LSLE offers a glimpse of how topography could affect the distribution of [CH4] in 

the water column and hence its efflux to the atmosphere in estuarine environments. The 

shallow and rugged seabed of the USLE, in conjunction with large tides, creates strong 

turbulence in the turbidity maximum zone where methane is produced from underlying or 

resuspended sediments. This intense mixing facilitates the transfer of methane from bottom 

water to surface water to air. In contrast, the inner basin of the Saguenay Fjord and the LSLE 

are featured with deep and stratified water column . Consequently, little methane released 

from the sediments near the head of the Fjord and from the pockmarks in the LSLE reaches 

the surface and escapes to the atmosphere. The submarine topography in estuarine 

environments thus plays a crucial role in partitioning the loss of water-column methane into 

microbial consumption and outgassing. 
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Third, the Laurentian Channel in the LSLE and GSL serves as a paradigm illustrating 

how the interactions of different water masses coupled with biogeochemical processes can 

produce characteristic [CH4] distribution patterns in the water column. Although the 

subsurface methane maximum (SMMax) is not rare in the ocean, the pervasive and 

simultaneous occurrence of the contiguous SMMax and DMMin (deep methane minimum) 

observed in the Laurentian Channel is uncommon. This methane fingerprint derives from a 

near-perfect “collaboration” between various physical and biogeochemical drivers along the 

vertical axis: cold temperatures (hence high methane solubility) and in situ biological 

methane production in subsurface water; deep warmer water comprising two parental water 

masses with contrasting properties (warm and old vs. cold and young  low solubility and 

long microbial oxidation vs. the opposite) and depth-dependent volume proportions (cold up 

and warm down towards the bottom); a seafloor releasing methane into the bottom water 

from pockmarks and surface sediments. As a stark comparison, the similarly deep and highly 

stratified inner basin of the Saguenay Fjord is generally devoid of SMMax, DMMin or similar 

features due to its simpler water mass composition, low biological productivity, and weak 

sedimentary input. 

Finally, this research reveals that large, deep estuarine systems, such as the LSLE and 

the GSL, tend to have lower or much lower areal methane emission rates than do small, 

shallow estuaries. In fact, both the surface-water [CH4]s and areal methane fluxes for the 

LSLE and the GSL fall in the ranges for outer shelf seas and ocean slopes, respectively. 

Assigning the large, deep estuaries to the estuarine environment that is conventionally 

designated for small, shallow estuaries would lower the proportional contribution of the 

estuarine environment to the global oceanic methane emission flux. In this regard, Weber et 

al.’s (2019) approach, which divides the marine environment into four water depth-based 

regions (0-50 m: near-shore environments; 50-200 m: outer shelf seas; 200-2000 m: slopes; 

>2000 m: open oceans), appears more relevant. This approach will include most shallow 

estuaries into the near-shore environment category but place the deep, narrow estuarine 

systems such as the Saguenay Fjord into the outer shelf sea category. These deep, narrow 

systems, however, may have similar surface-water [CH4]s and areal methane fluxes to those 
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in shallow estuaries, particularly if they receive large methane-rich freshwater discharge as 

in the case of the Saguenay Fjord. Hence, a better classification of estuarine environments is 

needed for compilation of methane emission data.  

In some sense, this exploratory study leads to more questions than answers regarding 

the biogeochemical cycling of dissolved methane in the EGSL. Particular attention should be 

paid to addressing the following points in future studies: 

1. The current data collected from the landward limit of the USLE only covered two seasons: 

November 2017 and February 2019. Additional sampling at this interface is needed to 

elucidate the seasonality and interannual variability of the St. Lawrence River [CH4] 

endmember and its potential relationship with the river’s freshwater discharge. Such 

information is essential for assessing the annual river input of methane into the EGSL, which 

is a key component of the methane budget of this system. 

2. The TMZ is highly dynamic with respect to [CH4] and its distribution but was particularly 

under-sampled both temporally and spatially. More surveys are imperative to better 

characterize the spatial and seasonal variations in [CH4] and to assess the potential influence 

of the annual cyclic accumulation and destruction of the adjacent marshes on the [CH4] 

dynamics in the TMZ.  

3. Finer depth-resolved vertical profiles are needed to better locate and quantify the SMMax 

and DMMin in the LC and its branches, which will help better elucidate the mechanisms for 

the formation of these two features. 

4. Given the high variability of the [CH4]s observed at the few selected pockmarks in this 

study, more pockmark surveys are warranted to better resolve the spatiotemporal variations 

in [CH4] at different pockmarks and to better appreciate how the [CH4] changes with 

increasing distance from the pockmark gas venting centers. Such investigations are 

preferably conducted concurrently with multibeam bathymetrical and/or video-imaging 

surveys which deliver morphological information (including surface areas) on the 

pockmarks, enable real-time pinpointing of the gas venting plumes, and thus facilitate ship 
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positioning. Moreover, current speed and direction monitoring and turbulent microstructure 

profiling should also be performed simultaneously so that the diffusion and advection of 

methane can be calculated from the directly measured current and diffusivity data. 

Collectively, these multidisciplinary surveys will allow to estimate the input of pockmark-

sourced dissolved methane into the bottom water. 

5. The lab incubations performed during this study for determing the net methane cycling 

rates in the water column only covered very limited time (November only) and space (four 

depths in the Lower estuary and the Gulf only) scales and merely permitted quantifying the 

net cycling rates. Future studies should use the 14CH4-addition technique (Mau et al., 2013) 

which, combined with bulk water-only incubations, can separate the consumption and 

production rates. Incubations should be extended to the other seasons and the entire EGSL, 

with particular attention to the TMZ, the SMMax, and bottom waters surrounding gas-

venting pockmarks.   

6. To more precisely pinpoint the origins of methane and the processes that may alter it, better 

spatially (e.g. including the St. Lawrence River and its major tributaries) and seasonally 

resolved δ13CCH4 data and analyses of additional methane source indicators are needed. These 

additional source indicators include δ2HCH4 (Whiticar, 1999) and the concentration ratio of 

methane to the sum of the C2 and C3 hydrocarbons (Schoell, 1980; Whiticar, 1999). 

Zooplankton culture experiments using 14C-labeled phytoplankton as preys followed by 

quantification of 14CH4 (Stawiarski et al., 2019) are suggested to test the zooplankton-

associated methane production hypothesis for explaining the SMMax. 

7. More studies are needed to further explore the mechanisms responsible for methane 

photoproduction from CDOM, including identification of more CH4-producing precursors, 

elucidation of the plausible reaction pathways leading to methane formation, and the 

environmental factors (e.g. temperature, pH, salinity, oxygen, light composition) affecting 

the methane photoproduction rate. Research is also warranted to explore the potential 

methane photoproduction from particulate organic matter and its contribution to the oceanic 

methane paradox.
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